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Abstract

Global sea level rise is a major present-day and future concern as it directly affects many
people living in coastal communities. The Greenland Ice Sheet (GrIS) is currently the
largest contributing ice sheet to global sea level rise, though it remains unclear, however,
exactly how much sea level is going to rise and what role meltwater from the GrIS is going
to play. To understand the behaviour of the GrIS in the future, we need to understand its
behaviour both in the past and present. In this thesis I therefore focus on aspects of both
the historic as well as the present-day contribution to sea level rise from the GrIS. The first
chapter contains a study of the sensitivity of the GrIS to a historic warmer-than-present
climate during the Holocene Thermal Maximum (HTM; ∼11-5 ka). During this period,
especially Southwest Greenland was exposed to a warmer climate. In this study I focus on
the extent of the ice margin in Southwest Greenland to increased temperatures during the
HTM and what effect a changing ice margin has on the long-term viscoelastic response of
the solid Earth underlying the southwestern region of the GrIS. By doing this, I infer what
ongoing adjustments of the changing ice mass load since the Last Glacial Maximum (26.520 ka) are present in current sea level and geodetic signals in Southwest Greenland and how
this affects our understanding of present-day ice melt from the GrIS. The second chapter
contains a study of the present-day behaviour of the GrIS. In particular, the variability
of the extent and albedo of the bare ice zone. Bare ice is responsible for the majority
of meltwater production and runoff from the GrIS through its low albedo and absorption
of solar radiation. Proper representation of the bare ice zone in climate models is thus
imperative for accurately modeling future melt from the GrIS. In this study I focus on
the representation of the bare ice extent and albedo variability on the GrIS in the Modèle
Atmosphérique Régional (MAR), a regional climate model. I compare MAR model output
with satellite imagery from the Moderate Resolution Imaging Spectroradiometer (MODIS)
to isolate differences between modeling and remote sensing data and highlight regions for
climate model improvement. Focusing on both the historic and present-day behaviour of
the GrIS through a multidisciplinary approach allows me to more broadly investigate the
processes governing historic, present-day and future ice mass loss and associated sea level
rise.
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1

Investigating Holocene ice margin retreat and readvance in
Southwest Greenland using GIA modeling, Holocene sea
level records, geodetic observations and a present-day tide
gauge record
Abstract

Global coastlines are changing drastically due to sea level rise in response to recent climatic changes. Ice
melt from the Greenland Ice Sheet (GrIS) is a major contributor to the present-day and future sea level
rise. However, the future contribution from the GrIS remains uncertain. Understanding the response of the
GrIS to historic warming can improve projections of its future behaviour. Temperatures around Greenland
during the Holocene Thermal Maximum were several degrees higher than today and especially Southwest
Greenland has been exposed to a warmer climate during this period. It is suggested that the ice margin
retreat in Southwest Greenland has retreated beyond its current position in response to this warming and
later readvanced when temperatures dropped. However, the precise magnitude and timing of this retreat
remains unknown as recent literature suggests little to no retreat in Southwest Greenland. In this study I
investigate the sensitivity of the GrIS to warming during the Holocene Thermal Maximum. In particular,
I provide constraints on the late-Holocene ice margin retreat and readvance in Southwest Greenland. I use
a glacial isostatic adjustment (GIA) model paired with a range of 1D and 3D viscoelastic Earth structures
and two ice sheet models, ICE6G and Huy3. Both ice sheet models incorporate a different estimate of
the magnitude and timing of the ice margin retreat and readvance, derived using different methodologies
and data sets. However, the correctness of the ice margin retreat modeled in ICE6G and Huy3 remains
unclear. Therefore, both ice sheet models are used in their original form and in an altered form in which
the late-Holocene ice margin retreat and readvance in Southwest Greenland is omitted. These alterations
to the ice sheet models are used to isolate and investigate the effect of ice margin retreat on the modeled
relative sea level response in this area. The modeled relative sea level response is compared to paleo sea
level observations in the area surrounding Nuuk to explore the trade-offs between Earth structure and ice
reconstruction. Next, I extract the predicted present-day solid Earth deformation from my GIA models
and compare it to the present-day uplift measured by the Nuuk GNET station (2009-2015) after it has
been corrected for elastic effects. Lastly, I compare my model predictions of present-day sea level change to
observations from a tide gauge in Nuuk (1958-2002) after it has been corrected for non-GIA contributors
to present-day sea level change (contemporary ice melt, steric effects and terrestrial water exchange). Each
data set allows me to constrain the GIA model suite (ice and solid Earth parameters). In particular, I
investigate what timing and amount of ice margin retreat and readvance is permitted by the data. Results
show that some degree of late-Holocene ice margin retreat in Southwest Greenland is necessary. However,
this might be smaller than what has been suggested by Huy3.
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1.1

Introduction

By the end of this century more than 150 million people will have lost their homes as a direct consequence
of rising sea level and yet it remains unknown exactly how much and how fast sea level will rise, which ice
sheets are most vulnerable to collapse, and how the world’s coastlines and islands will respond to this change
(Kopp et al., 2017). To understand how sea level will respond to future warming we can investigate how ice
sheets have responded in the geologic past when temperatures where naturally warmer than today (Fischer
et al., 2018). In this thesis I will focus on the southwestern region of the Greenland Ice Sheet (GrIS), which
is an area of major contemporary ice mass loss (Broeke et al., 2009). In the first part of this thesis I use
a variety of data sets to better understand how sensitive this area of the GrIS was to warming during the
Holocene. In the second part of my thesis I investigate what implications this ice sheet evolution has for our
interpretation of present-day ice melt.
During the Holocene Thermal Maximum (HTM; ∼11-5 ka), temperatures around Greenland were 1-4◦ C
higher than today (Fischer et al., 2018) and it remains unclear how much the GrIS has retreated in response
to this warming. Ice sheet models that are forced under warmer-than-present HTM temperatures lead to
substantial ice margin retreat during this time period. Figure 1.1 shows the ice margin chronology for ice
sheet model Huy3 (Lecavalier et al., 2014) between 16 ka and present, indicating an ice margin retreat of
40-60 km around 4 ka in the Southwest, followed by a readvance to the current position. This retreat and
readvance has also been required to match paleo sea level observations in this region (Figure 1.1; Lecavalier
et al., 2014). In order to predict sea level change in response to a changing ice sheet one needs to account for
glacial isostatic adjustment (GIA), which is the viscoelastic response of the solid Earth, change in gravity
field and change in rotation axis to a changing ice and ocean mass load. These results of a significant retreat
and readvance are seemingly at odds with recent reconstructions of the ice sheet margin, which suggest little
to no retreat with a maximum of 10 km beyond the present ice margin (Young and Briner, 2015). In the first
part of this thesis I will investigate the question: How much ice margin retreat and readvance is consistent
with constraints on the evolution of the ice sheet margin while simultaneously fitting paleo sea level records
in this region? To investigate this question I will use a GIA model to understand what processes drive
sea level change along the southwestern margin of Greenland by investigating different contributors to GIA
and varying model parameters. In particular, I will vary the ice margin retreat and readvance in Southwest
Greenland to elucidate the effect of this ice margin chronology on the fit to paleo sea level records. While
varying the ice margin chronology, I use a range of 1D and 3D viscoelastic Earth structures to investigate
what Earth structures provide a fit to the paleo records for a given ice margin chronology. These results
will allow me to decipher the different drivers of past sea level change in this region and put bounds on the
sensitivity of the GrIS to mid-Holocene temperatures.
The effects of past changes in the GrIS are still causing contemporary deformation and sea level change
around Greenland today, which contaminates geodetic and tide gauge records that are aimed at detecting
current mass loss from the ice sheet (Spada et al., 2014 and Khan et al., 2016). In the second part of my
thesis I will investigate the question: What is the contribution of GIA to current sea level change and solid
Earth deformation? To estimate this contribution I use the GIA model that is constrained with Holocene
observations. Combining these with tide gauge data from Nuuk allows me to investigate mass loss from the
GrIS over the past decades. In this thesis I focus on Nuuk as it is located in the center of the supposed ice
margin retreat region and because it is most abundant in observational data.

4

Figure 1.1: Huy3 ice margin chronology of the GrIS. The location of Nuuk is indicated in the Southwestern region. Pink: 16ka, dark blue: 14ka, light blue: 12ka, yellow: 10ka, orange: 9ka, red: 6ka,
green: 4ka, black: present. From Lecavalier et al., 2014.

1.1.1

Holocene evolution of the GrIS

The Last Glacial Maximum (LGM; 26.5-20 ka) denotes the most recent peak of global ice volume and an
accompanying global mean sea level low stand of ∼120 m below the present-day level (Clark et al., 2009 and
Austermann et al., 2013). Since the LGM, global temperatures have risen in response to increased northern
hemispheric Summer solar radiation, commencing global ice melt (Clark et al., 2009). During the HTM,
temperatures in Greenland rose rapidly (Dahl-Jensen et al., 1998), inducing significant melt and retreat of
the Greenland ice margin. The southwestern region of the GrIS responded most severely to the HTM warming, resulting in an inland retreat beyond its current position during the middle to late Holocene (Tarasov
and Peltier, 2002, Kaufman et al., 2004 and Simpson et al., 2009). Multiple studies using observational
data and/or modeling have investigated this ice margin chronology and suggested a retreat and readvance
of 10-100 km behind its current margin some time between 8 and 1.8ka. Table 1.1 provides an overview of
the current literature on the Holocene retreat and readvance and demonstrates that estimates vary widely.
Understanding the behaviour of retreat is essential as it helps us to understand the sensitivity of the ice
sheet to warming.
Constraints on the ice behaviour come from past and present ice margin extents, ice cores, radiocarbon dating, sedimentation, and other geophysical and geological observations (e.g. Weidick et al., 1990, Willemse
et al., 2003, Forman et al., 2007, Briner et al., 2010 and Storms et al., 2012). These observation-based studies
provide constraints on the timing of the ice margin retreat behind its current position and on the timing of
5

the readvance to its current position. Because the current extent of the ice sheet impedes collection of field
data inland of the present-day ice margin, direct observational data of the retreat and readvance pattern is
not available.
A different approach to constraining the retreat and readvance is modeling the effect of ice loading and
unloading on the solid Earth and comparing it to relative sea level (RSL) observations (e.g. Tarasov and
Peltier, 2002, Tarasov and Peltier, 2003, Fleming and Lambeck, 2004, Simpson et al., 2009, Lecavalier et
al., 2014 and Young and Briner, 2015). RSL reconstructions in the southwestern region of Greenland follow a characteristic J-shape, indicating a multi-millennial dip below the current RSL. It is suggested that
this J-shape is a combined product of processes related to RSL change and GIA associated with, mainly,
the ice mass changes of the GrIS and the Laurentide Ice Sheet (LIS). This J-shape is indicative of an ice
margin retreat in Southwest Greenland beyond its current extent (Fleming and Lambeck, 2004, Simpson
et al., 2009 and Lecavalier et al., 2014). Lecavalier et al., 2014 used this modeling approach in which they
used a climate-forced ice sheet model to reconstruct the ice margin chronology and this resulted in the ice
sheet model Huy3. Such ice sheet reconstructions are, however, non-unique and, in the case of Lecavalier
et al., 2014, model fit to RSL observations requires (regional) modifications to climate and sea-level forcing.
Furthermore, they suggest a significant improvement in RSL data-model fit can be achieved by adopting
laterally heterogeneous solid Earth parameters around Greenland. Additional factors of uncertainty originate from: 1) missing physics and sub-grid processes such as calving, grounding line migration, ice streams
and outlet glacier dynamics; 2) insufficient ice sheet model resolution; and 3) non-Greenland ice, specifically the representation of the LIS, whose solid Earth deformation effects are prominent along the western
margin of Greenland due to its close proximity to the LIS (Lecavalier et al., 2014). In other words, the solution to fitting the modeled RSL signal to the currently available set of observational constraints is non-unique.

Study

Timing

Retreat

Weidick et al., 1990
Tarasov and Peltier, 2002
Tarasov and Peltier, 2003
Willemse et al., 2003
Fleming and Lambeck, 2004
Forman et al., 2007
Simpson et al., 2009
Briner et al., 2010

Start and end at 4.7 - 2.7 ka
Minimum at 8 ka

> 15 km
∼ 100 km

Start and end at 3.4 - 0.55 ka
Minimum at several ka
End at 2 ka
Minimum at 5 - 4 ka
Start and end at 7.3 - 2.3 ka;
Minimum at 6 - 5 ka
Minimum at 4 ka
Minimum at 4 (5 - 3.5) ka;
Start of retreat at 8 - 6 ka
4.2 - 1.8 ka

> 15 km
40 km

Storms et al., 2012
Lecavalier et al., 2014
Young and Briner, 2015

80 km
10s of km

40 - 60 km
10 km

Table 1.1: Overview of current literature on the extent and timing of the Holocene ice margin retreat
in Southwest Greenland.

One goal of this thesis is to determine how much retreat and readvance in Southwest Greenland occurred
during the middle to late Holocene. As direct observational data inland of the present-day ice margin is not
available, I will use Holocene sea level records in the surrounding area and two ice sheet models, ICE-6G_C
(Argus et al., 2014 and Peltier et al., 2015) and Huy3 (Lecavalier et al., 2014), as a means to estimate the
extent of the ice margin chronology during periods for which no observational data is available. The ice
6

sheet models are used as input for the GIA model with which RSL is computed. Next, I adjust ice margin
chronologies to investigate the effect of the retreat and readvance on the RSL signal and their fit to sea
level observations. Similar approaches for reconstructing the glacial and deglacial patterns of ice sheets have
been well established (e.g. Peltier and Andrews, 1976, Lambeck et al., 1990 and Fleming and Lambeck,
2004). Earth structure and rheology parameters strongly affect the magnitude and timing of GIA induced
by ice loading and unloading (e.g. Lecavalier et al., 2014, Spada et al., 2014, Wake et al., 2016 and Milne
et al., 2018). These Earth structure and rheology parameters are not yet fully constrained globally, nor in
the vicinity of Greenland (Fleming and Lambeck, 2004). Here, I explore both 1D and 3D solid Earth and
rheology parameters to investigate what role these parameters play in the RSL signal.

1.1.2

Present-day sea level change and ice mass loss in Greenland

While GIA significantly contributed to local sea level change during the Holocene, the adjustment to ice
changes during this period is still ongoing today. This contamination from GIA introduces uncertainties in
estimating ice melt from tide gauges and satellite records (Khan et al., 2016 and Sutterley et al., 2014).
Global mean sea level (GMSL) rise has accelerated from 1.5 [1.3 - 1.7] mm yr−1 during 1901-1990 to 3.2 [2.8
- 3.6] mm yr−1 during 1993-2010. Greenland is one of the major contributors to this rise with an increasing
rate from 0.09 [-0.02 - 0.20] mm yr−1 during 1992-2001 to 0.59 [0.43 - 0.76] mm yr−1 during 2002-2011
(Church et al., 2013). Besides the long-term viscoelastic response to ice mass changes since the LGM, sea
level responds to present-day ice mass changes through an elastic response of the solid Earth. Furthermore,
changes in gravitational attraction to ice mass and solid Earth induce instantaneous changes in sea level.
Observations from tide gauges have long been recognized as powerful tools for studying GMSL as well as
regional sea level changes (Gutenberg, 1941), especially for the pre-satellite era (Spada and Galassi, 2012
and Spada et al., 2014). Correction of a tide gauge record from Nuuk (1958-2002) for long-term adjustments
associated with ice mass changes since LGM allows for evaluation of ice mass changes during the observation
period. This is an approach previously used by Spada et al., 2014. In this study they produced estimates of
the various contributors to local sea level change around Nuuk from GIA modeling, literature and sea level
fingerprinting. The sum of these contributions is compared to the sea level rate derived from the Nuuk tide
gauge. The authors found that their modeled sea level rate is lower than the tide gauge-derived sea level rate
and suggested this is due to an improper estimate of the contemporary ice mass change. They suggested that
the mass balance of the GrIS during 1958-2002 may therefore have been closer to balance than suggested by
previous studies. However, a significant uncertainty remains in their estimated GIA contribution, i.e. their
estimate of sea level response since the LGM. This possibly contributed to the data-model misfit. For a
more robust conclusion regarding the mass balance of the GrIS during 1958-2002, an improved estimate of
the GIA contribution is necessary.
In the second part of this thesis I investigate the mass loss of the GrIS over the last decades by reassessing
the conclusions drawn by Spada et al., 2014. I re-evaluate the contributions of the tide gauge record in
Nuuk, focusing on the long-term contribution since the LGM by using the GIA model and modifications as
in the previous section. Additionally, I will update the remaining constituents of the RSL signal with current
literature estimates.
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1.2
1.2.1

Background
Relative sea level and glacial isostatic adjustment

Sea level change can refer to either global or relative sea level change. Here, global mean sea level change
is the change in global ocean volume due to, for instance, addition of melt water or steric effects. Relative
sea level is measured locally as the distance between the ocean floor and the ocean surface. This is the sea
level that is measured by tide gauges as they are mounted on the Earth’s surface, thus including vertical
displacement of the Earth in their measurements.
Relative sea level change is driven by many processes, as shown in Figure 1.2a. Sea level change through
steric effects is currently the largest contributor to global mean sea level rise (Church et al., 2013). These
effects include changes in density of the ocean water through temperature and salinity variations, which
affect the total volume occupied by the water. In a warming climate, ocean water acts as a heat sink. An
increase in heat in ocean water results in a decrease in density and subsequent increase in volume. Moreover,
a decrease in salinity, due to an influx of fresh water from ice sheet melt for instance, also leads to a decrease
in density. Both processes thus add to a rising sea level.
Land ice sheets and glaciers can store large amounts of water mass and the total ocean water mass is thus
partly controlled by water exchange between ocean and ice sheets and glaciers. Additional sources of water
on continents are snow, permafrost, groundwater and lakes. Changes in these water sources are collectively
termed terrestrial water mass exchange. These water mass exchanges have a non-uniform influence on sea
level through gravitational, rotational and solid Earth deformation effects. The viscoelastic response of the
solid Earth, together with the gravitational and rotational changes due to a changes in ice and ocean mass
load are collectively called glacial isostatic adjustment (GIA).
For gravitational effects, this especially holds for changes in ice sheet mass. Due to their sheer size and mass,
ice sheets attract ocean water mass through gravitational effects. This effect will result in an uplift of ocean
water height in the vicinity of an ice sheet. therefore, a decrease in the mass of the GrIS will globally lead
a sea level rise due to addition of melt water, though in the vicinity of the ice sheet it may result in a sea
level drop as the gravitational attraction of the ice sheet diminishes (Hay et al., 2014).

(b)

(a)

Figure 1.2: Schematic figures of: a) processes driving relative sea level; and b) depression of the solid
Earth underneath an ice sheet and the subsequent rise of forebulges. Adapted from Slangen, 2012.
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A redistribution of ice and ocean mass will also affect the magnitude and orientation of the Earth’s rotation
axis (Milne and Mitrovica, 1998). Earth’s rotation vector will move towards a region of mass loss from, for
instance, a decreasing ice sheet. A change in the orientation of the rotation vector will alter the shape of
the geoid and the solid Earth through centrifugal forces, thereby affecting sea level (Whitehouse, 2018).
Furthermore, a change in mass loading at the Earth’s surface will induce solid Earth deformation. A changing
ice sheet volume and mass will lead to a changing pressure on the underlying crust and mantle, resulting
in solid Earth deformation in the form of vertical land motion. The deformation of the solid Earth is a
viscoelastic process, combining elastic (instantaneous) and viscous (delayed) behaviour. The initial response
of the mantle to a change in mass loading is elastic, leading to an almost instantaneous uplift or depression.
A delayed response to this same change in mass loading is the viscous response, which acts on time scales of
thousand of years (Vermeersen and Schotman, 2009). During a glacial period, large ice sheets are formed,
increasing mass loading and depressing the mantle locally, as shown in Figure 1.2b. Lithospheric material is
not only depressed, but also flows laterally and upwards in the periphery of the ice sheet, forming forebulges
(or peripheral bulges) and locally uplifting the solid Earth. Conversely, a melting ice sheet induces the
reversed process; uplifting the solid Earth underneath the ice sheet and decreasing bulges.

1.3

Method

To evaluate Holocene ice margin retreat and readvance in Southwest Greenland I will determine the RSL
response in this region to a changing global ice mass load since the Eemian (130-115 ka) using a GIA model.
I will utilize a range of possible scenarios regarding the ice margin chronology in Southwest Greenland and
Earth’s viscoelastic structure. First, I will focus on the RSL response during the Holocene and compare the
GIA model output to paleo sea level observations. Then, I will focus on the contemporary RSL rate and
compare the modeling results to RSL rates derived from contemporary tide gauge data. These comparisons
will allow me to provide constraints on the ice margin chronology in Southwest Greenland and Earth’s viscoelastic structure. I will focus on the region surrounding Nuuk, as this region is located in the center of the
supposed region of ice margin retreat and multiple sets of observational data are available in this area.
Furthermore, the findings regarding ice margin chronology and Earth’s viscoelastic structure will allow me
to evaluate the contemporary contribution of GIA to current sea level change and solid Earth deformation.
Combining these results with literature estimates of the other contributors to sea level change and the most
recent tide gauge data from Nuuk, I will be able to assess mass loss from the GrIS over the past decades.
1.3.1

GIA model

Earth model
The GIA model used in this thesis determines the RSL response as a result of changing ice mass loading by
globally solving the the sea level equation (SLE) described in Appendix A. Several Earth models with a range
of laterally homogeneous viscoelastic Earth structures are utilized to calculate the RSL response. All Earth
models have the upper-lower mantle boundary at 670 km. The GIA model is based on a pseudo-spectral
approach and run with a maximum spherical harmonic degree and order of 256. The density and elastic
properties of the solid Earth are provided by the 1D Preliminary Reference Earth Model from the surface
to the center of the Earth (Dziewonski and Anderson, 1981). The viscoelastic structure of the Earth model
is described by a lithosphere (LT) with an elastic thickness of either 71 or 96 km, an upper mantle viscosity
(UMV) ranging from 0.2-0.5 · 1021 Pa·s, and a lower mantle viscosity (LMV) ranging from 5-40 · 1021 Pa·s.
For brevity, the combinations of viscoelastic structures are abbreviated. For example, 71-0.5-10 represents
an LT of 71 km, a UMV of 0.5 · 1021 Pa·s, and an LMV of 10 · 1021 Pa·s. These ranges of Earth parameters
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provide a means of isolating and evaluating the effect of each parameter on the RSL response. Furthermore,
specific values of the 1D, i.e. depth-dependent only, viscoelastic structure from previous studies are added
to the analysis: 1) 120-0.5-2 (Lecavalier et al., 2014), 2) 90-0.5-2.7 (Peltier, 2004), and 3) 80-0.4-10 (Fleming
and Lambeck, 2004). This provides the opportunity to evaluate the effect of a change in ice margin chronology on viscoelastic Earth structures assessed as good estimates by previous studies.
Additionally, three radially and laterally heterogeneous viscoelastic Earth structures are adopted in the analysis. These viscoelastic structures consist of global 3D variations of the lithospheric thickness and upper
and lower mantle viscosities to the following average values: 1) 80-0.5-5, 2) 100-0.5-5, 3) VM5 (Peltier and
Drummond, 2008). The viscosity variations are derived from seismic tomography by Richards et al., 2020.
As the velocity of seismic waves is sensitive to temperature and rheology, seismic tomography is a direct tool
for imaging shear wave velocity in the mantle. The shear wave models from Schaeffer and Lebedev, 2013 and
Schaeffer and Lebedev, 2014 are used for the upper 400 km of the mantle and the shear wave model from
French and Romanowicz, 2014 is used for below 400 km depth to provide features in the temperature and
viscosity perturbations. In the upper 400 km of the mantle, the scaling is based equations that transform
shear wave velocity to viscosity from Yamauchi and Takei, 2016. These equations are derived from laboratory experiments in which the authors pressurized material and measured the associated change in shear
wave velocity, temperature and viscosity. Although the authors provide relationships between shear wave
velocity and temperature and viscosity, the actual constants and parameters in the equations are not well
constrained. This is in part a result of their use of material analogous to rock for their experiments instead
of the actual mantle material. It is therefore necessary to find fitting parameters to use these equations.
These parameters are determined by calibrating the equations with values of and constraints on the thermal
structure of oceanic lithosphere, the average adiabatic gradient within the convecting mantle, the attenuation
structure of the upper mantle beneath old oceanic lithosphere, and the bulk diffusion creep viscosity of the
upper mantle from previous GIA studies. Incorporating these values and constraints allows for calibrating a
set of parameters within the shear wave velocity to temperature to viscosity equations. With the equations
and associated constants and parameters, the viscosity variations can be calculated from shear wave velocity.
Below 400 km, a different approach is used because sensitivity of surface waves to velocity structure drops
and the number of independent constraints on mantle properties is more limited. In this case, the mantle
composition is assumed to be pyrolitic allowing for calculation of temperature using the mineral physics
toolbox Perplex (Connolly, 2005). Then, an Arrhenius equation and associated parameters from Steinberger
and Calderwood, 2006 are used to calculate viscosity variations from temperature variations.
The 3D model runs in this study do not contain nor propagate uncertainties. Due to the limited scope of
this study, I use three sets of 1D reference values for the lithospheric thickness and upper and lower mantle
viscosity. The 3D lithospheric thickness and viscosity variations are projected onto these reference values. In
a more extensive study I would include uncertainties in the constraints and assumptions made in calculating
the viscosity variations to produce a range of 3D models. This range of 3D models is then used to calculate
a range of GIA predictions, which in turn is used to determine RSL response. More careful consideration
of the constraints and assumptions used in calculating the viscosity variations would be necessary for this
method. It is worth noting that these runs are significantly more expensive computationally and require
learning the use of an entirely different model code which did not fit in the scope of this study.
Figure 1.3 depicts the lateral heterogeneity of the lithospheric thickness as used for the LTO and F3D model
runs. It shows a relatively thick lithosphere around Nuuk compared to the reference value of 100 km. Figures
1.4a and 1.4b depict the lateral viscosity variations at 200 and 900 km depth, representing the upper and
lower mantles, respectively. No significant deviations from the average viscosity value are apparent at 200
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km depth around Nuuk, while lower viscosity values are present in the lower mantle in this area. Lateral
viscosity variations are at least in the order of 104 Pa·s around Greenland, shown by the range in viscosity variation values at 200 km depth. This range is significantly larger than the range of viscosity values
used in the 1D Earth model runs, which is in the order of 102 Pa·s, supporting the use of these 3D model runs.
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Ice sheet models
I will use two ice sheet models as input for the GIA model, ICE-6G_C (hereafter called ICE6G) and Huy3.
Both ice sheet models provide ice thickness values between 122 ka and present, with time steps ranging
from 2-6 ka before the Holocene and 0.25-0.5 ka during the Holocene. ICE6G and Huy3 are different in the
global glaciation and deglaciation patterns of grounded continental ice sheets they describe as well as their
methodologies for deriving these patterns.
ICE6G is not a physical ice sheet model in the sense that it does not incorporate any ice sheet physics
in the model. Rather, ice masses in ICE6G are manually readjusted to fit certain data sets (Argus et al.,
2014, Stuhne and Peltier, 2015 and Peltier et al., 2015). A few RSL signals and geodetic measurements of
the present-day vertical and horizontal crustal motion are used to determine what history of ice thickness
variations should be associated with the observations by solving the SLE. These solutions of the ice thickness
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reconstructions in ICE6G are, however, non-unique. ICE6G determines ice thickness histories of all global
ice, except for the history of the GrIS, which is taken from the Gr.B model described by Tarasov and Peltier,
2002 and Tarasov and Peltier, 2003.
Huy3 (Lecavalier et al., 2014) is constructed based on an initial 3D thermo-mechanical ice sheet model (Huybrechts and Wolde, 1999 and Huybrechts, 2002). This glaciological model is used to simulate the evolution
of the GrIS from the Eemian until present and is forced with climate (GRIP δ 18 O) and ocean variations.
Lecavalier et al., 2014 use a GIA model and input their ice reconstruction together with a viscoelastic Earth
structure to predict vertical land motion and RSL responses by solving the SLE around Greenland. They
constrain the ice model to fit the predicted RSL responses to RSL observations along the margins of the
GrIS. This ice model for the GrIS is then combined with an ice model for the North American ice sheet
(Tarasov et al., 2012) and the remaining global ice is taken from ICE5G (Peltier, 2004), a predecessor of
ICE6G.
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Figure 1.5: Zonal cross sections of the margin chronologies over Nuuk at latitude of 64.17N from 7 ka
to present for both ICE6G (blue) and Huy3 (red).

Of specific interest is the difference in ice margin chronology in Southwest Greenland between ICE6G and
Huy3. Figure 1.5 shows cross sections of the ice sheet at a latitude of 64.17N from 7 ka to present for both
ICE6G and Huy3. This shows that between 7 ka and present, Huy3 describes an ice margin near Nuuk
about 2 degrees (∼ 100 km) further west than ICE6G does. Furthermore, the figure shows that ICE6G
provides a better fit to the present-day ice margin, shown by the position of the orange marker. Lecavalier
et al., 2014 illustrate in their Figure 13 the bias in present-day ice thickness of the GrIS, as observed and as
modeled by their Huy3 ice sheet model. The authors argue that their model fits the observed present-day ice
thickness well in the interior, but acknowledge that a significant overestimation of Huy3 along the margins
of the GrIS exists. They argue that this overestimate in ice volume stems from an incorrect evolution of
the ice margin. Ice sheet margins may exhibit steep horizontal gradients and therefore small differences
in ice margin position may thus lead to large differences in ice thickness. Moreover, this discrepancy may
result in an incorrect RSL prediction because Huy3 captures the present-day loading incorrectly. Furthermore, ICE6G describes a minimum ice margin (i.e. maximum retreat) in this region around 6 ka, while
this minimum occurs around 3-4 ka for Huy3. To evaluate the effect of ice margin chronology on the RSL
response, I augment the original versions of the ice sheet models with an adapted ice sheet history. The
original models include their respective ice margin chronologies (Figure 1.5). The adapted models describe
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an altered GrIS ice thickness that is constant from 8 ka to present to emulate the exclusion of an ice margin
retreat in Southwest Greenland, mimicking the present-day ice margin of the respective ice sheet model.

(a)

(b)

Figure 1.6: Modeled global RSL maps at 12 ka using ICE6G (left) and Huy3 (right) with a viscoelastic Earth
structure of 120-0.5-2.

While Figure 1.5 illustrates the discrepancies in local ice margin chronology in Southwest Greenland, additional differences exist globally. This results in different patterns of RSL responses, as shown by the global
RSL maps at 12 ka in Figure 1.6, computed using both ICE6G and Huy3 paired with a viscoelastic structure
of 120-0.5-2. For instance, ICE6G has a larger LIS than Huy3 during the LGM, which leads to a larger and
higher magnitude negative RSL response over North America than. Conversely, Huy3 describes a larger West
Antarctic Ice Sheet than ICE6G during the LGM, leading to a larger and higher magnitude negative RSL
response in this region. These differences in ice sheet thickness in the far-field can have a significant effect
on the local RSL in Greenland through eustatic sea level change and the viscoelastic response of peripheral
bulges.

1.3.2

Contributors to present-day RSL rate

The RSL rate (r) obtained from a tide gauge record represents the total RSL rate as described by Spada
et al., 2014 in their Equation 2, which is repeated here:
rOBS = rGIA + rGrIS + rAIS + rGIC + rT ER + rST E + rT EC .

(1.1)

The total RSL rate includes effects due to GIA and due to present-day changes in GrIS, Antarctic Ice Sheet
(AIS), glaciers and ice caps (GIC), terrestrial mass exchange (TER), steric effects (STE) and tectonic deformation (TEC). The GIA component is defined as the ongoing response to ice and ocean mass changes that
occurred prior to 1 ka, including eustatic, viscoelastic, gravitational, rotational and steric effects. Tectonic
deformation is assumed negligible on time scales of 105 years (Khan et al., 2016), which is the time considered
in this study.
I will use a GIA rate that is obtained from my GIA modeling and I will quantify the remaining contributions
of GrIS, AIS, GIC, TER and STE, using the most current literature estimates, to obtain a modeling- and
literature-derived estimate of the total RSL rate. All literature-based contributions to the RSL rate are
calculated over the period 1958-2002 to match the tide gauge observation period. This will allow me to
compare my modeled GIA rate with the tide gauge-derived RSL rate. Additionally, decomposition of the
GIA contribution will allow me to evaluate the RSL response resulting from only the solid Earth deformation.
This will provide me with an estimate of the pure viscoelastic response and the opportunity to evaluate my
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modeling assumptions with the viscoelastic solid Earth deformation obtained by Khan et al., 2016 from
geodetic data from a GPS station in Nuuk.
1.3.3

Observational data

Four index and two upper-limiting paleo RSL observations, derived from radiocarbon-dated pollen and
macrofossil diagrams from lakes at Godthåbsfjord (64.48N, -50.99E; Fredskild, 1983), are used to evaluate
the modeled RSL curves at this location near Nuuk. Index points have a well defined relationship of age and
elevation to former sea level, while upper-limiting data merely provide limiting constraints. The paleo RSL
observations contain 2-sigma error bounds in both age and elevation.
To evaluate the RSL rates as modeled using both ICE6G and Huy3 I use independent tide gauge data at
Nuuk (64.17N, -51.73E), extracted from the PSMSL database on 20 July 2020. I use two tide gauge records
for the periods 16 May 1958 to 16 April 2002 (monthly mean data) and 5 July 2014 to 30 June 2020 (hourly
data). Both tide gauges are located at the same position ∼50 km southwest of the paleo RSL observations.
The RSL rate is extracted from the tide gauge records by removing the tidal signals. The Tide Model Driver
(TMD; Erofeeva et al., 2020) on 5 km horizontal resolution is used to produce tidal signals at the tide gauge
location. The tide model incorporates 24 major and minor constituents representing semidiurnal, diurnal
and longer-period tidal signals, as well as the 18.6 y nodal tide. The RSL rate is determined through a linear
fit of the data-model difference.

1.4
1.4.1

Results and discussion
Modeled RSL responses in Nuuk

The RSL response induced by GIA through ice mass loading changes since the Eemian are calculated using both ICE6G and Huy3. Figure 1.7 shows the RSL response between 12 ka and present at the RSL
observation site near Nuuk (64.48N, -50.99E), both with and without ice margin retreat and readvance in
Southwest Greenland and a range of viscoelastic Earth structures. All RSL responses are shown with respect
to present-day sea level. The paleo RSL observations are depicted in the plots, with 2-sigma error bars in
timing and height. The crosses are index RSL observations, while the downward triangles are upper-limiting
observations. It is clear that the RSL responses differ markedly depending on the modeling assumptions used.
Both ICE6G and Huy3 show an early-Holocene peak which is due to the large global ice volumes leading to
low ocean volumes during this time. From the start of the HTM around 11 ka, temperatures rise and global
ice volumes decrease, leading to a drop in RSL. This drop continues into a negative RSL dip after which
it recovers to the present-day RSL, i.e. the characteristic J-shape. In line with the explanation that the
J-shape is caused by the retreat and readvance ice the ice margin in Southwest Greenland, the right column
in Figure 1.7 shows that the J-shape disappears when the retreat and readvance is omitted. Placing this
in the context of Nuuk’s location near the ice margin indicates that the RSL dip is the effect of a reduced
gravitational attraction of ocean water towards the ice sheet, as well as the effect of a near-instantaneous
local elastic uplifting response to a reducing ice mass load. Furthermore, as Nuuk is located on the peripheral
bulge of the LIS, which is currently subsiding in response to ice mass changes since the LGM, a positive
contribution to the present-day RSL curve at Nuuk is expected from to this process.
Despite the general similarities, significant differences are observed when changing the ice sheet model from
ICE6G to Huy3. Where ICE6G provides an early Holocene peak at ∼10 ka ranging from 90 to 150 m, Huy3
shows values ranging from 40 to 100 m around this time without a clear peak. A late Holocene dip down to
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Figure 1.7: Modeled RSL responses due to GIA at Nuuk (64.48N, -50.99E), using ICE6G (top) and Huy3 (bottom).
The runs utilize the original amount (left) and no (right) ice margin retreat and readvance. Different colored curves
indicate different viscoelastic Earth structures. The paleo RSL observations are index points (cross) and upperlimiting data (downward triangle).

-30 m is found at 2.5-4.5 ka when using ICE6G, while a more recent dip down to -20 m at ∼2 ka is found for
Huy3. These differences are the result of the different ice margin chronologies described by both ice sheet
models. The representation of the Southwest Greenland ice margin retreat and readvance plays a key role in
the local RSL response through the ice sheet’s gravitational attraction and the viscoelastic response of the
subsurface. As shown in Figure 1.5, Huy3 models the ice margin in Southwest Greenland ∼100 km closer to
Nuuk between 7 ka and present than ICE6G does. The maximum ice margin retreat in Huy3 occurs around
3-4 ka, while for ICE6G this occurs around 6 ka. A difference in ice margin position of this extent may
therefore result in a significantly different RSL response. Moreover, ICE6G and Huy3 incorporate a different
representation of the LIS. As Nuuk is located on the peripheral bulge of the LIS, this difference in historic
ice thickness of the LIS leads to a minor difference of the contemporary subsidence rate of its peripheral bulge.
The effect of omitting ice margin retreat in Southwest Greenland is illustrated through the difference be15

tween the left and right plots in Figure 1.7, for both ICE6G and Huy3. The effect on the RSL response
by omitting ice margin retreat is similar for ICE6G and Huy3. Most prominently is the lack of a RSL dip
in the late Holocene when omitting any ice margin retreat, which holds for most viscoelastic structures.
Besides affecting the RSL dip, omitting ice margin retreat also reduces the RSL peak in the early Holocene
by 10-20 m. This effect is less notable because no changes in the ice margin chronology before 8 ka are made
and no direct differences in ice mass loading are therefore induced in this period. These differences in the
magnitude of the early-Holocene peak are necessary to maintain a continuous RSL signal over the full period.
Using a variety of viscoelastic Earth structures results in significantly different RSL responses. Again, the
effect on the RSL response by varying the viscoelastic Earth structure are similar for ICE6G and Huy3.
All four plots in Figure 1.7 show that a low upper mantle viscosity (e.g. 71-0.2-5 and 96-0.2-5) results in a
high-magnitude RSL response, with a high early-Holocene peak and a low late-Holocene dip. A less viscous
upper mantle is more easily deformed and thus reacts faster and with higher amplitude to changes in local
mass loading (Hartmann et al., 2020), indicating that the viscoelastic response induced by a changing GrIS
has a higher magnitude for a less viscous upper mantle. A similar trend towards a high-amplitude response
is observed for the thin lithosphere (71 km) model runs. This is in line with results from Alaska based on
geodetic measurements (DeGrandpre and Freymueller, 2019b), that suggest that more prominent peripheral
bulges are attributable to a thin lithosphere as well as a low upper mantle viscosity. Nuuk’s location on the
peripheral bulge of the LIS is thus expected to experience an enhanced RSL response for a thin lithosphere
and a low upper mantle viscosity. Furthermore, a thin lithosphere may locally result in a higher-amplitude
viscoelastic response due to a changing GrIS ice mass loading. However, it is most likely a combined effect
of the LIS peripheral bulge and a local deformation underneath the GrIS. Comparing 71-0.5-40 to 71-0.5-5
and 96-0.5-40 to 95-0.5-5 illustrates that a higher lower mantle viscosity merely results in a lower peak at the
start of the HTM for all four model variations illustrated in Figure 1.7, while the RSL response in the second
half of the Holocene seems to be less sensitive to the lower mantle viscosity. A high-viscosity lower mantle
can act as an impenetrable layer which focuses deformation in the upper mantle. The upper mantle may
therefore experience more lateral spreading instead of local deformation and peripheral bulge uplift. This
leads to a reduction of the vertical amplitude of the deformation rate of both the upper mantle underneath
the GrIS, as well as the LIS peripheral bulge.
Figure 1.8 illustrates the effect of laterally heterogeneous viscoelastic Earth structures on the RSL response,
modeled with ICE6G. The left plot shows laterally homogeneous viscoelastic structures as a reference, indicated by the prefix ’1D’. The plot on the right shows the RSL responses using global 3D variations on top
of the reference models, indicated by the prefix ’3D’, as well as one run with only lateral variations of the
lithospheric thickness, indicated by the prefix ’Lith’. Allowing for a laterally varying lithospheric thickness
results in a reduced RSL response over the entire Holocene. As discussed earlier, peripheral bulges are less
prominent for a higher lithospheric thickness, possibly explaining the lower magnitude of the RSL response
for when allowing for lithospheric thickness variations in the early Holocene as Nuuk lies on the peripheral
bulge of the LIS. Furthermore, incorporating 3D variations to the background viscoelastic Earth structure
results in significantly lower-magnitude RSL responses compared to the 1D reference values (Figure 1.8).
However, the results show that varying the lithosphere thickness affect the RSL response most, with the
viscosity variations having less prominent effect. Incorporating global 3D variations of lithospheric thickness
and upper and lower mantle viscosities reduces the RSL peak in the early Holocene by ∼30 m, while the
RSL dip is reduced by only several meters.
It is important to note that the position and timing of the four index points make it impossible for a RSL
curve to fit all four data points. None of the combinations of ice sheet model, viscoelastic Earth structure
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Figure 1.8: Modeled RSL curves due to GIA at Nuuk (64.48N, -50.99E), using 3D variations of solid the Earth
parameters with ICE6G. Legend shows the configuration of the different simulation runs. The prefix ’Lith’ means
lithospheric thickness variations only.

and extent of ice margin retreat are therefore able to produce a RSL response with a shape and amplitude
that fits all paleo RSL observations. It is worth noting that Huy3 is produced by fitting RSL responses
to the three lower index points as well as the upper-limiting data. This provides an explanation for the
good fit of the original Huy3 model with the lower three index points for almost all viscoelastic structures.
The adapted Huy3 model shows a lower RSL response, thereby fitting the oldest two index points better
but missing the most recent index point. On the other hand, ICE6G exhibits a better fit to the two most
recent index points, though completely missing the oldest two index points due to the steep drop in RSL
between 9 and 6 ka. The fit of the original ICE6G model with the two most recent index points provides the
opportunity for the RSL curve to overpredict and therefore miss one or both of the upper-limiting data for
most viscoelastic structures, especially for a thin lithosphere and a low upper mantle viscosity. For almost all
viscoelastic structures, the adapted ICE6G model is consistent with the upper-limiting data and some of the
RSL curves provide a fit with the three most recent RSL observations. Furthermore, the RSL curves from
the 1D reference viscoelastic structures as well as the lithospheric thickness variation and full 3D variations
each fit well with either the two most recent or the two lower index points.
Each combination of ice sheet model, viscoelastic Earth structure and ice margin chronology that provides a
good fit of the RSL curve to at least two out of the four index points, while simultaneously remaining below
the upper-limiting data, is deemed a set of modeling assumptions suitable for further evaluation.
1.4.2

Modeled present-day RSL rates in Nuuk

Each combination of modeling assumptions describes a RSL curve with a specific contemporary RSL rate.
Figure 1.9 shows the modeled results for the contemporary RSL rates due to GIA at the Nuuk tide gauge
location (64.17N, -51.73E). The modeling assumptions that provide a good fit to the RSL observations as
described in the previous section are indicated by a black plus-sign.
In general, the results illustrate that Huy3 provides a higher contemporary RSL rate than ICE6G for each
combination of viscoelastic Earth structure and ice margin chronology. This is a result of the mechanisms
described in Sections 1.3.1 and 1.4.1: 1) that the RSL dip in the late Holocene occurs later for Huy3 because
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Figure 1.9: Modeled RSL rates due to GIA at Nuuk (64.17N, -51.73E), using ICE6G (top) and Huy3 (bottom).
Different colored markers indicate different viscoelastic Earth structures. Example: 71-0.2/0.5-5 means lithosphere
thickness of 71 km, upper mantle viscosity ranging from 0.2 to 0.5 · 1021 Pa·s and lower mantle viscosity of 5 · 1021
Pa·s. The prefix 0% denotes runs without ice margin retreat. The prefix Lith denotes only lithospheric thickness
variations. The black plus-signs indicate model runs that provide a good fit to the paleo RSL observations.

the minimum extent of the ice margin is reached later, and 2) that Huy3 simulates the ice margin closer to
Nuuk than ICE6G does, resulting in more pronounced gravitational and elastic effects. The magnitude and
timing of the late-Holocene RSL dip directly dictates the contemporary RSL rate.
The results in Figure 1.9 show that increasing the upper mantle viscosity (red and orange dots from left to
right) results in a significantly lower RSL rate. This corresponds well with the observation in Section 1.4.1
that a low upper mantle viscosity results in a high-amplitude RSL response with a large peak in the early
Holocene and low dip in the late Holocene. Here, a lower dip results in a steeper present-day RSL curve, i.e.
a higher contemporary RSL rate. This effect is more pronounced for Huy3, indicating that timing of the ice
margin retreat and vicinity to the ice margin play an essential role in determining local RSL rate. Increasing
the lower mantle viscosity (red and orange squares from left to right) results in a slightly higher RSL. This
effect is less pronounced than the effect induced by varying the upper mantle viscosity, which corresponds
to the previous observations of the RSL curves where a higher lower mantle viscosity mainly results in a
slightly lower peak in the early Holocene. A thinner lithosphere generally results in a lower RSL rate for
both ICE6G and Huy3 and for all viscosity values. However, the change in RSL rate is more pronounced for
a higher upper mantle viscosity.
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Omitting any ice margin retreat (prefix 0%) reduces the contemporary RSL rate, as can be observed by the
difference between the filled and empty colored markers in Figure 1.9. A RSL rate reduction of 2-9 mmyr−1
is observed when ice margin retreat is omitted, with the largest differences found for Huy3 with a low upper
mantle viscosity. The RSL rate reduction is more pronounced for Huy3 than for ICE6G, again suggesting
that the vicinity of Nuuk to the ice margin and the elastic and gravitational effects resulting from ice margin
retreat play a significant role in determining the contemporary RSL rate.
Furthermore, using ICE6G and allowing for full 3D variations (filled black markers) of the viscoelastic Earth
structure as opposed to their 1D reference values (empty black markers) results in a slightly lower RSL rate.
Allowing for only lithospheric thickness variations (red-filled downward black triangle) results in a slightly
higher RSL rate than for the 1D reference viscosity structure.

Model variation

Mean over all values

Mean only over good fits

Number of good fits

ICE6G
ICE6G (0% retreat)
Huy3
Huy3 (0% retreat)
F3D (ICE6G)
All

1.94 ± 1.24 mmyr−1
-0.48 ± 0.65 mmyr−1
4.98 ± 2.14 mmyr−1
0.65 ± 0.50 mmyr−1
1.24 ± 0.47 mmyr−1
1.75 ± 2.37 mmyr−1

N.A.
-0.20 ± 0.62 mmyr−1 (GIA3)
5.29 ± 2.67 mmyr−1 (GIA1)
0.40 ± 0.36 mmyr−1 (GIA2)
1.24 ± 0.47 mmyr−1 (GIA4)
1.68 ± 2.62 mmyr−1 (GIA5)

0
5
5
6
3
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Table 1.2: Mean and standard deviation (1σ) for the RSL rates for ICE6G and Huy3, with and without ice margin
retreat in Southwest Greenland and for the full 3D variations (ICE6G). The bottom row includes all model runs
with all modeling assumptions. Means are calculated over all available runs per model variation and over all runs
that provide a good fit with the paleo RSL observations.

Table 1.2 denotes the mean and standard deviation (1σ) of the RSL rates for ICE6G and Huy3, with and
without ice margin retreat, for the full 3D variations, and for all model runs. For each group, the mean is also
calculated over only those model runs with viscoelastic Earth structures that provide a good fit (as defined
above) to the paleo RSL observations, with the number of these model runs per group provided as well. It
is clear that each model variation provides a significantly different mean RSL rate. Focusing only on model
runs with good RSL observation fits shows that the RSL rate is substantially reduced (by 4.89 mmyr−1 for
Huy3) when the ice margin is assumed to have not retreated past the present-day margin. No conclusion
can be made on the effect of omission of ice margin retreat for ICE6G, as no good fits are available for
the original ICE6G. Estimates of the RSL rate for ICE6G and Huy3 with no retreat and readvance overlap
within their uncertainties. Five estimates of the contribution of GIA to the contemporary RSL rate are
determined by grouping the model runs by their modeling assumptions. The estimates are shown in Table
1.2. Group 1 (GIA1) represents the best estimate while including full ice margin retreat as described by
Huy3. Groups 2 and 3 (GIA2 and GIA3) represent the best estimates using Huy3 and ICE6G, respectively,
while omitting any ice margin retreat. Group 4 (GIA4) represents the best estimate using ICE6G while
incorporating global 3D variations of the viscoelastic Earth structure. Group 5 (GIA5) represents the best
estimate while including all model runs that provide a good fit with the paleo RSL observations.

Solid Earth deformation
Relative sea level is composed of both the local change in water distribution as well the local vertical land
motion of the solid Earth. Decomposition of the RSL change allows me to evaluate the viscoelastic solid
Earth deformation due to changes in ice and ocean mass loading since the LGM. Figure 1.10 shows the RSL
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Figure 1.10: Modeled RSL rates due to GIA at Nuuk (64.17N, -51.73E), including only solid Earth deformation,
using ICE6G (top) and Huy3 (bottom). Legend shows the configuration of the different simulation runs. Example:
71-0.2/0.5-5 means lithosphere thickness of 71km, upper mantle viscosity ranging from 0.2 to 0.5 · 1021 Pa·s and
lower mantle viscosity of 5 · 1021 Pa·s. The prefix 0% means no ice margin retreat. Black plus signs indicate model
runs with a good fit to the paleo RSL observations. Dashed lines indicate the 1σ upper and lower range of the
GIA rate (1.3 ± 0.3 mmyr−1 ) at Nuuk found by Khan et al., 2016.

rate resulting from deformation of the solid Earth associated with GIA at Nuuk. Again, the combinations
of ice sheet model, viscoelastic Earth structure and extent of ice margin retreat that provide a good fit to
the paleo RSL observations are indicated by a black plus sign. The horizontal lines indicate the 1σ upper
and lower range of RSL rate due to viscoelastic solid Earth deformation rate from GIA at Nuuk (1.3 ±
0.3 mmyr−1 ) as derived from measurements from the Greenland GPS Network (GNET) station in Nuuk
(Khan et al., 2016). The results indicate that only some model runs of GIA1 provide a good match to the
GPS-derived deformation rate. These runs have a lithospheric thickness of 71 km, an upper mantle viscosity
of 0.5 · 1021 Pa·s and a lower mantle viscosity ranging from 5 to 40 · 1021 Pa·s. However, the other model runs
in GIA1 overestimate the deformation rate. The mean deformation rate of GIA1 is 3.59 ± 2.74 mmyr−1 .
GIA2 and GIA3 do not provide a good with with the GPS-derived deformation rate, with mean rates of
-1.67 ± 0.36 mmyr−1 and -3.16 ± 0.56 mmyr−1 , respectively. No solid Earth deformation rate for GIA4 is
available at this time. Khan et al., 2016 state that Huy3 and ICE5G are inconsistent with the GPS-inferred
solid Earth deformation rate in Greenland, suggesting that the ice margin chronology and viscoelastic Earth
structure may be incorrect. This is confirmed by the difference in the mean rate from GIA1 and mean rate
from geodetic observations in Nuuk. This indicates that the magnitude of ice margin retreat described by
Huy3 may be too large.
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1.4.3

Tide gauge

Figure 1.11 shows the tide gauge records for the period 1958-2002, as well as for a more recent period 20142020. The tides as modeled with Tide Model Driver are subtracted to isolate the non-cyclical behaviour of
the RSL. Figure 1.12 shows linear regressions of the tide gauge data with the modeled tides.
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Figure 1.11: Time series of the tide gauge data at Nuuk for 1958-2002 (top) and 2014-2020 (bottom), with tides
as modeled with TMD subtracted. Red lines are linear fits and represent RSL rates of 1.95 ± 0.89 mmyr−1 ) for
1958-2002 and 14.72 ± 0.99 mmyr−1 for 2014-2020.

While the data for 1958-2002 shows low correlation with the modeled tides (R2 = 0.007), the data for
2014-2020 shows an extremely high correlation (R2 = 0.977). This may be due to the frequency of the
data in the records. Where 2014-2020 contains hourly data, 1958-2002 contains monthly averaged data,
possibly inducing data-model misfits. A more proper fit for 1958-2002 could be achieved by utilizing the
original hourly data. However, this data was not available. Linear fits are calculated through the datamodel differences for both time periods, providing estimates of the RSL rates during these time periods.
The calculated RSL rate for 1958-2002 is:
OBS
r58−02
= 1.95 ± 0.89 mmyr−1

(1.2)

This corresponds well with the RSL rate of 1.93 ± 0.18 mmyr−1 found by Spada et al., 2014 for the same
record. The uncertainty found by the authors is lower as they used a more extensive method for determining
the non-cyclical trend of the tide gauge record involving the Ensemble Empirical Mode Decomposition (Wu
and Huang, 2009). For the period 2014-2020, the calculated RSL rate is:
OBS
r14−20
= 14.72 ± 0.99 mmyr−1

(1.3)

Despite the plausibility of the significant increase in RSL rate found between 1958-2002 and 2014-2020
because of the evidence for accelerating sea level rise over the past decades (Oppenheimer et al., 2019), the
value found for 2014-2020 is less robust than for the period 1958-2002. This is because the quality of the
data is unknown and instrument drift may be present, possibly corrupting the data.
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Figure 1.12: Linear regressions of tide gauge data with tide model data for 1958-2002 (R2 =0.007) and 2014-2020
(R2 =0.977).

1.4.4

Literature analysis of RSL contributions

The modeled contributions of GIA to the RSL rate are augmented with the most current literature values
for the remaining contributors (Greenland Ice Sheet (GrIS), Antarctic Ice Sheet (AIS), glaciers and ice caps,
terrestrial water mass exchange and steric effects). The combined modeled and literature values provide an
estimate for the total RSL in Nuuk and allows for comparison with the tide gauge-derived RSL rate. I rely
here on work presented in the study by Spada et al., 2014. The authors of this study determined sea level
fingerprint values at the Nuuk tide gauge location (64.17N, -51.73E) for the GrIS, AIS and glaciers and ice
caps components of -5.5, 1.1 and 0.25, respectively. Sea level fingerprinting describes the spatial variability
of global sea level change and can thus be used to translate global sea level change patterns to local patterns.
The authors calculated the fingerprint values by solving the sea level equation using SELEN (DeGrandpre
and Freymueller, 2019a).
The contribution of the GrIS to global RSL rate is determined from the sum of the contributions of: 1) the
GrIS, and 2) the peripheral glaciers around the GrIS. A contribution 0.20 ± 0.05 mmyr−1 of the GrIS is
found over 1958-2003 by analysis of aerial imagery (Kjeldsen et al., 2015). The peripheral glaciers around
Greenland have contributed 0.04 ± 0.01 mmyr−1 over 1961-2006, determined by extrapolating glaciological
and geodetic observations (Zemp et al., 2019). The periods over which the contribution to RSL rate for the
GrIS and its peripheral glaciers are determined do not exactly match with the tide gauge period 1958-2002.
However, as no data was found that does exactly match the tide gauge period, the values mentioned above
are used in this analysis. A total contribution of the GrIS and its peripheral glaciers of 0.24 ± 0.04 mmyr−1
is calculated by adding both RSL rates and using error propagation. Combining the global RSL rate with
the fingerprint value of -5.5 gives a RSL rate at Nuuk of:


GrIS
r58−02
= −5.5 · 0.24 ± 0.04 mmyr−1 = −1.31 ± 0.22 mmyr−1 .
(1.4)
For the glaciers and ice caps contribution, a global RSL of 13.97 ± 11.70 mm for the period 1961-2006 is
given by Zemp et al., 2019. Again, this period almost completely matches the tide gauge period and is thus
assumed acceptable for comparison with the tide gauge record. This contribution translates into a RSL rate
of 0.31 ± 0.26 mmyr−1 , if a linear rate is assumed. Combining this value with the fingerprint value of 0.25
gives a RSL rate of:


GIC
r58−02
= 0.25 · 0.31 ± 0.26 mmyr−1 = 0.08 ± 0.07 mmyr−1 .
(1.5)
For the AIS contribution, no updated values of the RSL rate are found. Therefore, similar to Spada et al.,
2014, the contribution to the RSL rate of 0.14 ± 0.41 mmyr−1 as given by IPCC’s Assessment Report 4
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(AR4; IPCC, 2007) is used. Combined with the fingerprint value of 1.1, this gives:


AIS
r58−02
= 1.1 · 0.14 ± 0.41 mmyr−1 = 0.15 ± 0.45 mmyr−1 .

(1.6)

The contribution to the RSL rate represented by terrestrial water mass exchange is taken from Spada et al.,
2014, as no updated values of this component at Nuuk are found. The authors used values as provided by
Slangen, 2012, who combined groundwater extraction data and reservoir impoundment data to determine
the RSL rate due to terrestrial water mass exchange in the Davis Strait as:
T ER
r58−02
= −0.07 ± 0.07 mmyr−1 .

(1.7)

Moreover, recent estimates of the global values for the contribution of terrestrial water mass exchange to the
RSL rate of -0.12 mmyr−1 for 1901-1990 and -0.07 mmyr−1 for 1970-2015 are provided in IPCC’s Special
Report on the Ocean and Cryosphere in a Changing Climate (SROCC; Oppenheimer et al., 2019). These
values are derived from coupled climate-hydrological model simulations (Wada et al., 2016) and are consistent with global rates of -0.20 ± 0.20 mmyr−1 for 1961-2003, found by Slangen, 2012. The contribution from
terrestrial water mass exchange used in this study is thus assumed to be accurate.
For the steric contribution, the same value as found by Spada et al., 2014 is used. The authors obtained an
estimate for the steric contribution to RSL by analyzing data from the National Oceanographic Data Center
(NODC; http://www.nodc.noaa.gov). They used steric sea level anomalies between the ocean surface and
2000 m depth in the period between the pentads 1958-1062 and 2000-2005. The steric contribution at Nuuk
is averaged over a 3◦ x3◦ area centered around Nuuk and is estimated at:
ST E
r58−02
= 0.39 ± 0.14 mmyr−1 .

(1.8)

No values for the contributions to the RSL rate of the GrIS, AIS, glaciers and ice caps, terrestrial water mass
exchange and steric effects were found in previous studies that properly match with a more recent tide gauge
record over the period 2014-2020. The GMSL acceleration has increased significantly over the past decades
(Oppenheimer et al., 2019) and for a proper analysis of the modeled RSL rate due to GIA, and comparison
with the tide gauge record, it is therefore essential to quantify the remaining contributors to the RSL rate
over the exact tide gauge period to avoid errors. Despite the lack of values covering the 2014-2020 period,
values covering a period several years earlier are available. From a synthesis combining published literature,
expert assessment and statistical modeling, Bamber et al., 2018 determined values for the contribution to
global sea level rise in 2012-2016 of 0.68 ± 0.04 mmyr−1 for the GrIS, of 0.63 ± 0.08 mmyr−1 for the glaciers
and ice caps, and 0.53 ± 0.14 mmyr−1 for the AIS. Using the fingerprint values provided by Spada et al.,
2014, this translates into contributions at Nuuk of -3.74 ± 0.22 mmyr−1 for the GrIS, 0.16 ± 0.02 mmyr−1
for the glaciers and ice caps, and 0.58 ± 0.15 mmyr−1 for the AIS. An estimate for the global contribution
from terrestrial water mass exchange of -0.21 ± 0.15 mmyr−1 is found for 2006-2015 by using ocean mass
estimates from GRACE (Group, 2018). Purkey and Johnson, 2010 and Desbruyères et al., 2017 estimated a
global contribution from steric effects of 1.40 ± 0.32 mmyr−1 for 2006-2015 over the full ocean depth using
Argo and repeat hydrography. The GIA component does not need to be revised for the 2014-2020 period as
the GIA signal is assumed to be constant over the course of the two tide gauge periods.
The values for the contributions to RSL rate do not constitute a proper basis for comparison with the
tide gauge record because the periods over which they are determined do not match well. However, a
rough qualitative comparison of the most recent literature and tide gauge-derived estimates is possible.
For the period 2012-2016, the contributions of the glaciers and ice caps and the AIS have doubled and
quadrupled, respectively, since 1958-2002. Their contributions to the total RSL rate remain small however.
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The contribution of the GrIS in 2012-2016 has almost tripled since 1958-2002, providing a significant negative
contribution to the RSL rate at Nuuk. No comparison is available for the terrestrial water mass exchange
and steric contributions at Nuuk. However, the global contribution of terrestrial water mass exchange has
slightly decreased since 1958-2002, while the global contribution of steric effects more than tripled during
this time. Summing these coarse estimates of the 21st century contributions to RSL rate at Nuuk suggests
a lower total RSL rate than during the period 1958-2002, mainly due to the significant decrease of the
GrIS contribution. This literature-based observation is in contrast with the significant increase in RSL rate
found for the 2014-2020 tide gauge record. This difference suggests that either the literature-based estimates
mentioned above are inaccurate or that the contribution of each estimate during 2014-2020 is significantly
different than their contributions during the periods mentioned above. It may also suggest that the tide
gauge-derived RSL rate is not accurate, possibly due to instrument drift.
1.4.5

Comparison of RSL rates

The individual contributions of the RSL rate during 1958-2002 are added and combined with each of the
five GIA contributions (GIA1-GIA5), constituting five estimates for the total RSL rate (TOT1-TOT5) at
Nuuk during the period 1958-2002. Figure 1.13 shows the literature-based contributions (black), modeled
GIA contributions (blue), total RSL rates (red) and the tide gauge-derived RSL rate (orange).
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Figure 1.13: Comparison of the modeling- and literature-based RSL rate at Nuuk (64.17N, -51.73E) for 19582002 with the tide gauge-derived RSL rate (orange). The contributions from the literature-based GrIS, GIC, AIS,
TER and STE (black) are combined with the five modeled contributions from (GIA1-GIA5; blue), providing five
estimates for the total RSL rate (TOT1-TOT5; red).

The contributions of the glaciers and ice caps, AIS and terrestrial water mass exchange components are
relatively small and thus play only a minor role. However, the uncertainty of the AIS is relatively large,
adding to the uncertainty of the total RSL rate. It is apparent that the GrIS is responsible for the largest
literature-based contribution. Its contribution is strongly negative (RSL drop), as is expected from the theory of elastic deformation and gravitational effects in response a decreasing local ice mass load.
All GIA contributions show significant differences in magnitude as well as uncertainty. Especially GIA1 and
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GIA5 show high uncertainty, which is due to the inclusion of the extremely high RSL rate for low upper
mantle viscosity (96p25) when using Huy3 (Figure 1.9). The high value for GIA1 may be a result of the ice
margin retreat and readvance described by Huy3. The ice margin is modeled consistently ∼100 km closer
to Nuuk over the past 7 ka by Huy3 than by ICE6G. Ice mass loading changes have a significant local effect
on the RSL. Consequently, a location difference in ice margin chronology of this magnitude may result in a
significant difference in GIA rate. All GIA contributions, except GIA3, show a RSL rise and thus counteract
the negative RSL rate contribution from the GrIS. A positive contribution to the GIA rate is expected from
the subsiding peripheral bulge of the LIS on which Nuuk is located. Moreover, assuming late-Holocene ice
margin readvance around Nuuk gives rise to contemporary subsidence due to increased ice mass loading,
adding to the RSL rise in this region. For GIA2 and GIA3, no ice margin retreat is assumed and therefore
no subsidence due to an increase in local ice mass loading is modeled, explaining the lower rates for GIA2
and GIA3. The contribution from GIA4 shows an intermediate value (between GIA1 and GIA2/3) of the
GIA rate. For GIA4, global 3D variations of the viscoelastic Earth structure are used with ICE6G. The
ice margin chronology of ICE6G includes ice margin retreat and readvance at a larger distance from Nuuk
than modeled by Huy3. This decreases the subsidence effects in response to the increasing late-Holocene
ice mass loading, resulting in the intermediate GIA rate. The value for GIA4 corresponds best with the
GIA rate found by Spada et al., 2014, who modeled GIA rates of 0.81 and 0.64 mmyr−1 , using ICE5G
and viscoelastic structures of 90-0.5-2.7 and 80-0.4-10, respectively. These values are obtained by assuming
mantle compressibility, which is accounted for in the GIA model used in this study as well. GIA5 shows a
slightly higher value than GIA4 as it includes model runs from all model variations that fit well with the
paleo RSL observations (Figure 1.7).
The total RSL rates are calculated by adding the mean rates of each contribution and using error propagation. Assuming the late-Holocene ice margin retreat and readvance from Huy3 results in an overestimation of
the RSL rate (TOT1) compared to the observed RSL rate. This suggests that one or more of the literaturebased contributions is not correct. The contribution of the GrIS has the highest fingerprint value at Nuuk, it
is therefore most sensitive to a change in contribution to the global sea level. Since the fingerprint value for
the GrIS is negative and a lower total RSL rate is necessary to match the observed RSL rate, a higher mass
loss rate for the GrIS is required than suggested by Kjeldsen et al., 2015 and Zemp et al., 2019. However, it is
more likely that the overestimation of TOT1 compared to the observed RSL rate suggests that the magnitude
of the ice margin retreat in Southwest Greenland in Huy3 may be too large. It may also be possible that the
ice thickness of the LIS during the LGM is too large. Assuming no ice margin retreat and readvance, using
both ICE6G and Huy3, results in an underestimation of the RSL rate (TOT2 and TOT3). This suggests
that one or more of the literature-based contributions may be incorrect. In particular, a lower-magnitude
contribution of the GrIS is required to match TOT2 and TOT3 with the observed RSL rate. Recalling the
negative fingerprint value for the GrIS at Nuuk, this would require a lower mass loss rate from the GrIS
than suggested by Kjeldsen et al., 2015 and Zemp et al., 2019. More likely is that the underestimation
of TOT2 and TOT3 suggests that at least some degree of ice margin retreat and readvance in Southwest
Greenland is necessary to provide a good match with the observed RSL rate. Assuming global 3D variations
(TOT4) and using ICE6G with ice margin retreat, the total RSL rate is only slightly underestimated. This
misfit suggests that the mass loss from the GrIS may be slightly smaller than suggested. It is apparent that
TOT5 corresponds best with the observed RSL rate. As TOT5 includes all model runs, with (8 runs) and
without (11 runs) ice margin retreat, it roughly represents an intermediate ice margin retreat. This suggests
that model variations with an intermediate degree of ice margin retreat may provide the best fit with the
observed RSL rate. Overall, a difference in RSL rate of 0.92-2.58 mmyr−1 is found between the modelingand literature-based estimates and the observed estimate. No conclusions can be made from this analysis
about the most plausible viscoelastic Earth structure, globally nor around Greenland. However, including
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the range of viscoelastic Earth structures that fit well with the paleo RSL observations provides a means of
isolating the effect of ice margin chronology on the RSL rate.
The differences in RSL rates could be induced by inaccurate values from literature, modeling or instrumentation. In the case of the literature values, not all contributions are determined over the exact same period,
giving rise to possible errors. Moreover, as the contribution from the GrIS has the largest effect around
Nuuk, inaccuracies from literature are most likely to originate from the estimate of the Greenland ice sheet
mass balance. As the GIA contributions have the largest values and uncertainties, inaccuracies in the total
RSL rate are most likely to originate from this component. Representation of ice margin chronology is a
significant driver of the RSL rate around Nuuk, especially the representation of the Southwest GrIS and, to
a lesser extent, the LIS during the Holocene. These may therefore constitute a significant fraction of the
misfit. Moreover, uncertainties in and lack of constraints of the viscoelastic Earth structure globally and
around Greenland may also give rise to the misfit in total RSL rate. Furthermore, sediment compaction is
not accounted for in the GIA model used in this study. However, Ferrier et al., 2017 suggest that minor sea
level changes are observed if sediment compaction is accounted for when solving the SLE. Including sediment
compaction may thus provide a more realistic modeled GIA rate, though no significant changes are expected.
A similar RSL rate is determined from the same 1958-2002 tide gauge record by Spada et al., 2014, who use
a different approach for calculating the RSL rate than the approach used in this study. However, systematic
errors of the tide gauge instrumentation may be present in the record and may give rise to an inaccurate
estimate of the RSL rate. Moreover, the completeness of the tide gauge record is only 76%. This lack of
data may induce an error in the linear fit that determines the RSL rate.

1.5

Conclusion

In this thesis I investigated the sensitivity of the GrIS to warming during the Holocene, specifically the lateHolocene ice margin retreat and readvance in Southwest Greenland. I also evaluated the implications this
ice sheet evolution has for our interpretation of contemporary melt of the GrIS. I modeled the contribution
of GIA to the contemporary RSL rate at Nuuk in Southwest Greenland and augmented this with literaturebased estimates for the remaining contributions to RSL rate to obtain estimates for the total RSL rate for the
period 1958-2002. I compared this modeling- and literature-based RSL rate with a tide gauge-derived RSL
rate at the same location and period. In my analysis I included a range of 1D and 3D viscoelastic Earth structures and two ice sheet models, ICE6G and Huy3. The ice sheet models are utilized in their original form as
well as in an altered form in which late-Holocene ice margin retreat in Southwest Greenland is omitted. As a
means of determining significance, I only include model runs in my analysis that provide a fit to at least two
out of the four index paleo sea level observations in Nuuk, while remaining below the two upper-limiting data.
The results from my analysis show an overestimation of present-day RSL rate in Nuuk for the original Huy3
ice sheet model compared to the tide gauge-derived present-day RSL rate. Moreover, the results show an
overestimation of present-day viscoelastic solid Earth deformation rate in Nuuk for the original Huy3 ice
sheet model compared to the GPS-derived deformation rate. The overestimations most likely originate from
the modeled estimate of the GIA contribution to the total RSL rate. The results suggest that the ice margin
chronology in Southwest Greenland modeled by Huy3 may be incorrect, indicating that either the timing of
the ice margin retreat is incorrect or that the magnitude of the ice margin retreat is too large. Furthermore,
the results from my analysis show an underestimation of present-day RSL rate in Nuuk for the altered
ICE6G and Huy3 models in which ice margin retreat in Southwest Greenland is omitted, indicating that
some degree of late-Holocene ice margin retreat in Southwest Greenland is necessary. However, the degree
of ice margin retreat might be smaller than what has been suggested by Huy3.
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2

The role of bare ice extent and albedo variability on runoff
from the Greenland Ice Sheet
Abstract

Mass loss from the Greenland ice sheet (GrIS) has accelerated over the past decades, mainly due to enhanced
surface melting and liquid water runoff in response to atmospheric warming. The majority of runoff from
the GrIS originates from exposure of the darker bare ice in the ablation zone. Since surface albedo plays a
critical role in modulating surface melt, it is imperative to understand the processes governing albedo variability to accurately project future mass loss from the GrIS. Bare ice albedo is spatio-temporally variable
and contingent on non-linear feedbacks and presence of surface-darkening impurities. Due to lack of understanding of these processes, the full extent of bare ice albedo variability can not yet be represented properly
in climate models. In this study, I compare output from the Modèle Atmosphérique Régional (MAR), a
regional climate model, with satellite imagery from the Moderate Resolution Imaging Spectroradiometer
(MODIS), focusing on bare ice extent and albedo. The findings suggest that MAR overestimates bare ice
albedo by ∼0.05 on average during 2000-2018, with respect to the observed bare ice albedo. This bare ice
albedo bias results in an underestimation of total runoff over the entire GrIS of 128 Gton during 2000-2018,
or ∼7 Gton year−1 .
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2.1

Introduction

Global mean sea level (GMSL) rise has significantly accelerated over the past decades (Chen et al., 2017).
While many coastal-based communities experience a real and increasing risk of flooding, it remains unclear
exactly how fast the sea level will rise and how the contribution of each source will evolve in the future
(Kopp et al., 2017). The ice mass loss from the Greenland Ice Sheet (GrIS) is currently one of the largest
contributors to GMSL rise (11-24%, Kjeldsen et al., 2015) and will continue to be so by the end of this
century (Rignot et al., 2011). According to (Church et al., 2013), the GrIS’ contribution will constitute of
15-20% of GMSL by 2081-2100. To better constrain projections of the future contribution of the GrIS it is
imperative to improve model representation of physical processes responsible for ice mass loss. Evaluation
of climate model output with observational data can provide insight in the model’s ability to represent the
physical processes at play and can subsequently highlight regions for model improvement (Broeke et al.,
2017). In this thesis I will focus on evaluating the performance of Modèle Atmosphérique Régional (MAR),
a regional climate model, by comparing its output with satellite imagery from Moderate Resolution Imaging Spectroradiometer (MODIS). I will focus on the representation of the bare ice zone, which is currently
responsible for the majority of runoff from the GrIS (Steger et al., 2017).
Greenland’s total mass loss for 2000-2018 originated for 55% from a reduced surface mass balance and for
45% from enhanced ice discharge from outlet glaciers (Mouginot et al., 2019). The decrease in surface mass
balance is driven primarily by an increase in melt and subsequent liquid water runoff in response to recent
atmospheric warming (Broeke et al., 2017). Melt and runoff are in part controlled by albedo, a parameter
describing the amount of solar energy that is reflected, or alternatively, absorbed. Low albedo surfaces, such
as bare ice, absorb more radiation which is subsequently transformed to heat, resulting in melt. The bare
ice zone encompasses only a small fraction of the GrIS, along the margins of the ice sheet, where the rest of
the ice sheet is mostly and perpetually covered by snow or firn. However, since bare ice is darker than snow
it is responsible for the majority of melt and runoff from the GrIS. In the period 1960-2014, bare ice was
responsible for ∼78% of the runoff from the GrIS (Steger et al., 2017).
Despite the significance of bare ice to runoff from the GrIS, representation of bare ice albedo in climate models, such as MAR, is complicated. Bare ice albedo is spatio-temporally variable in response to non-linear
positive feedbacks between absorbed shortwave radiation and surface melt (Box et al., 2012 and Ryan et al.,
2019). Furthermore, bare ice exposure and meltwater production induce exposure of dust and cryoconite
(Tedstone et al., 2017) and the production of ice algal blooms (Wang et al., 2018). These light-absorbing
impurities reduce the bare ice albedo, further enhancing meltwater production and runoff. The difficulty
in representing bare ice albedo in climate models partly originates from a lack of understanding of these
processes governing bare ice and melt and may result in a reduced accuracy of runoff projections (Alexander
et al., 2014).
In this thesis I will evaluate the performance of the regional climate model MAR with respect to bare ice
extent, bare ice albedo and runoff. I will compare output from MAR with satellite imagery from MODIS
during the summer months June, July and August in 2000-2018. Furthermore, I will include MAR output
on different horizontal resolutions and climate forcings to investigate their effects on the correlation between
MAR and MODIS. As a last step, I will utilize an energy balance model (Pellicciotti et al., 2005) to analyze
the effect of a bias in bare ice albedo, as modelled by MAR and as observed by MODIS, on estimates of
runoff.
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2.2
2.2.1

Background
Greenland Ice Sheet mass balance

Ice mass loss from the GrIS is controlled by ice dynamics and by surface mass balance. The ice on the
GrIS continuously flows under its own weight towards the margins of the ice sheet, i.e. ice dynamics. At
the margins, marine-terminating glaciers exist, providing an outlet for ice flow and mass discharge through
calving of the glacier termini into the surrounding oceans. Mass loss through ice dynamics also includes
ice mass loss due to basal melt when the ice sheet flows over the grounding line, the point at which the
glacier detaches from the bed rock and starts to float in the ocean. Surface mass balance (SMB) refers to
the balance over the entire ice sheet between accumulation (SMB > 0) and ablation (SMB < 0), according
to:
SM B = SF + RF − R − SU − EV − ER.

(2.1)

Here, accumulation is defined as the sum of all positive fluxes to the surface mass of the GrIS, i.e. precipitation in the form of snowfall and rainfall (SF and RF). Ablation is defined as the sum of all negative
fluxes to the mass on the surface of the GrIS, i.e. runoff (R) from melt of ice and snow, sublimation (SU),
evaporation (EV) and erosion (ER) Broeke et al., 2017. The equilibrium line altitude denotes the boundary
between the accumulation zone at higher elevations and the ablation zone at lower elevations.
Between 1972 and 2018, the total mass loss from the GrIS was dominated for 66 ± 8% by ice dynamics,
amounting to a total of 9.1 ± 0.3 mm of GMSL rise. The contribution from SMB was thus only 34 ± 8% to
the total mass loss from the GrIS, or 4.6 ± 1.0 mm of GMSL, during this period. Most of the mass loss in
1972-2018 originated from the Northwestern and Southeastern GrIS through ice dynamics, as these regions
are home to many of Greenland’s marine-terminating glaciers. However, a more recent study by Shepherd
et al., 2020 suggests that in the period 1992-2018 50.3% of the mass loss is attributable to a decreased
SMB, indicating the significant increase in importance of SMB to GrIS ice mass loss. The remaining 49.7%
of the mass loss is due to ice dynamics. The total GMSL caused by both processes amounts to 10.8 ±
0.9 mm. In the period 2010-2018 the Southwestern GrIS contributed -41 Gton/yr to the decrease in SMB
(Mouginot et al., 2019), making it the largest present-day contributor to ice mass loss through SMB on the
GrIS (Shepherd et al., 2020).
The recent decrease in surface mass balance is driven primarily by an increase in melt and runoff in response
to atmospheric warming. A recent summer warming of about ∼2 ◦ C is observed around Greenland since
the early 1990s (Hanna et al., 2012 and Box, 2013). This has increased runoff by 40%, while precipitation,
sublimation and erosion changes since the early 1990s are not significant (Broeke et al., 2016 and Broeke
et al., 2017). The recent increasing temperatures and subsequent changes in runoff are suggested to originate
from recent changes in atmospheric conditions around Greenland (Hanna et al., 2014). Increased frequency
of persistent anticyclonic conditions over Greenland are favorable for atmospheric blocking and explain most
of the recent increase in surface melt (Fettweis et al., 2013 and Tedesco et al., 2016b). Hanna et al., 2018 and
McLeod and Mote, 2015 suggest that a significant increase in high summer pressure blocking over Greenland
(Greenland Blocking Index) since the 1990s, indicated by a negative trend in the North Atlantic Oscillation
index (Hanna et al., 2015), is a major driver of the recent increase in surface melt on the GrIS.
2.2.2

Bare ice and albedo feedbacks

A large portion of runoff is produced through melt in the bare ice zone, which lies in the ablation zone
along the margins of the GrIS (Figure 2.1). Bare ice is seasonally exposed when the overlying snow and firn
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melt in response to the higher summer temperatures and increased summer solar radiation in response to
a decreased solar zenith angle. Albedo is an essential regulator of absorption of incoming solar radiation.
Dark surfaces, such as bare ice, absorb more radiation, which is transformed to heat, resulting in melt. Bare
ice is therefore an important contributor to the overall absorption of incoming solar radiation and the total
melt on the GrIS.

Figure 2.1: Average SMB over the entire year in 2000-2018 as modelled by MAR. Ablation zone
is represented by the orange and red areas, the accumulation zone is represented by the blue
areas.

In all stages of summer surface metamorphism, positive feedbacks occur. Bare ice extent as well as bare
ice albedo impart non-linear positive feedbacks between absorbed shortwave radiation and surface melt.
Through an increase in absorbed shortwave radiation during summer, snow melts, increasing bare ice extent.
As the snowline, the boundary between ice and snow, migrates upwards, the underlying darker bare ice is
exposed. This process reduces the overall GrIS albedo, further inducing more absorption of shortwave radiation. This is termed the snowline-albedo feedback (Ryan et al., 2019). Synchronously, the snow melt-albedo
feedback plays an essential role in the ablation zone (Jakobs et al., 2019). Melted snow may refreeze in the
colder snowpack, producing snow grains ten times the size of grains that have merely been subjected to dry
compaction (∼1 mm vs. ∼0.1 mm). A reduction of photonic backscatter in the snowpack is observed for
larger snow grains, which decreases albedo and increases absorption of solar radiation and melt (Gardner
and Sharp, 2010). Moreover, an increase in absorbed shortwave radiation during summer results in enhanced
surface meltwater production in the bare ice zone, with water having a significantly lower albedo than bare
ice. The presence of meltwater thus reduces the albedo in the bare ice zone, further increasing absorption
of shortwave radiation. This process is termed the bare ice-albedo feedback. Moreover, melt in the bare ice
zone induces exposure, accumulation and production of light-absorbing impurities on ice, further darkening
the albedo. High amounts of light-absorbing impurities from a range of sources are present in the bare ice
zone (Tedesco et al., 2016a and Tedstone et al., 2017). For instance, Wientjes et al., 2012 suggest that
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outcropping ice layers reveal dust on the surface that is darker than the surrounding ice. These dust layers
were deposited in the accumulation zone during the late Holocene and were transported to the lower ablation zone through ice flow. In addition to dust, accumulation of cryoconite can darken the bare ice surface.
The darker cryoconite absorbs more shortwave radiation and subsequently produces more meltwater, giving
rise to development of quasi-cylindrical cryoconite holes (Cook et al., 2016). These cryoconite holes range
from centimeters to meters in depth and diameter (MacDonell and Fitzsimons, 2008) and are filled with
meltwater, lowering the albedo in the bare ice zone. Furthermore, Wang et al., 2018 found an abundant
presence of supraglacial ice algal blooms in the bare ice zone in the Southwestern GrIS, with a significant
correlation between dust content and microbial abundance revealed by Stibal et al., 2017. Ice algal blooms
are suggested to significantly lower the albedo of the bare ice zone, further enhancing meltwater production
and runoff (Williamson et al., 2018, Williamson et al., 2020 and Cook et al., 2020).

2.3

Method

In this thesis I will evaluate the performance of the regional climate model MAR with respect to bare ice extent, bare ice albedo and runoff. I use MARv3.11.2, a regional climate model commonly used for projections
of SMB on Greenland (Fettweis et al., 2017). Daily output of MAR is used on its native oblique stereographic
projection. In my analysis I include MAR output forced with: 1) ERA5 (Hersbach et al., 2020), produced
by the European Centre for Medium-Range Weather Forecasts (ECMWF) on horizontal model resolutions
of 7.5, 10, 15 and 20 km for MAR; and 2) NCEP/NCAR-Reanalysis 1 (hereafter referred to as NCEP1;
Kalnay et al., 1996), produced as a joint product from the National Centers for Environmental Prediction
(NCEP) and the National Center for Atmospheric Research (NCAR) on a horizontal model resolution of 20
km for MAR.
I will compare the output from MAR with satellite imagery from MODIS on board NASA’s Terra satellite.
I use the MOD09GA Version 6 daily spectral surface reflectance data, mosaiced and reprojected onto to a
sinusoidal grid of 500 m horizontal resolution. Corrections have already been applied to this product for
atmospheric conditions such as aerosols, gasses and Rayleigh scattering. However, the MOD09GA Version 6
product may erroneously detect retrievals as a high aerosol over bright surfaces and at large viewing angles
(Vermote, 2015). I use the cloud mask from the MOD10A1 Version 6 daily snow cover product to remove
clouds from the MOD09GA product. Moreover, the MOD10A1 product contains daily albedo values over the
entire GrIS (Hall and Riggs, 2016). Similar to the reflectance data, the MOD10A1 product is mosaiced and
reprojected onto a sinusoidal grid of 500 m horizontal resolution. The MOD10A1 product albedo values may
be positively biased above a latitude of 70◦ due to viewing geometry and large solar zenith angle (Alexander
et al., 2014).
The study period consists of the summer months June, July and August (JJA) from 2000 to 2018. This
study period is chosen to accommodate the observation period of MODIS and the annual season of bare
ice exposure on the GrIS, when surface albedo has the largest impact on SMB (Alexander et al., 2014).
Furthermore, MODIS data are found to be less reliable outside JJA (Stroeve et al., 2006 and Box et al.,
2012). In my analysis I will include output from MAR forced with different climate reanalyses on different
horizontal resolutions. The range of climate forcings and resolutions used in this analysis can provide insight
in their effects on the correlation between MAR and MODIS. In the final section of this thesis I will use an
energy balance model (Pellicciotti et al., 2005) to analyse the effect of a bias in bare ice albedo, between
MAR and MODIS, on estimates of runoff as modelled by MAR.
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2.3.1

ELA estimate

A long-term average equilibrium line altitude (ELA) over 2000-2018 is determined from the SMB output
from MAR. Daily SMB values during JJA over 2000-2018 are summed for each cell on the entire GrIS,
creating a long-term summer average accumulation and ablation zone. All cells in the ablation zone are
ordered according to their elevation values. The long-term average summer ELA is estimated at 1624 m, as
the 95th percentile of the ordered elevation values. This ensures omission of sporadically high ablation cell
detections and provides a conservative estimate.
2.3.2

Bare ice extent

MAR
Bare ice pixels are constrained to those pixels within the boundaries of the MAR ice sheet mask and below
the long-term average ELA. Moreover, the variables from MAR representing snowpack height and density
are used to discern between cells containing bare ice or snow on the surface. The variable snowpack height
represents the thickness of the snow layer over the ice sheet and an upper threshold of 0 m is used to exclude
cells containing snow. According to Alexander et al., 2014, MAR simulates bare ice with a density between
920 and 925 kg/m3 . These values are therefore used as lower and upper thresholds, eliminating any cells
with a density outside this range. The annual maximum bare ice extent is defined as the area covered by
those pixels that are detected to be bare ice at least once during JJA in one year.
MODIS
The MOD09GA product and a digital elevation model of the GrIS as described by Bamber et al., 2001 is
used to define the satellite-derived extent and elevation of the GrIS. Removed clouds from the MOD09GA
product are assumed to be snow to determine a conservative estimate of the bare ice extent. Figure 2.2
shows the cloud cover for 9 July 2012 to illustrate that clouds may obstruct view of the ablation zone, and
thus potentially mask bare ice. The bare ice extent on the GrIS is extracted by applying an upper threshold
of 0.6 to the 841-876 nm band, the remaining pixels on the GrIS are defined as snow. A lower boundary
of the MODIS-derived annual maximum bare ice extent is composed of those pixels below the long-term
average ELA that are detected to be bare ice for a minimum of 10% of the observed days in JJA. This
provides a conservative estimate and ensures the omission of sporadic and erroneous bare ice detections by
MODIS such as meltwater lakes and streams. An upper boundary of the annual maximum bare ice extent
is composed of the detected bare ice pixels with an addition of those pixels that are detected to be clouds
for a minimum of 90% of the observed days in JJA. Because, if pixels are cloud-covered for more than 90%
of the days, detection of bare ice for more than 10% of the days is not possible.
2.3.3

Albedo

The performance of MAR in modelling bare ice albedo is evaluated on the overlapping bare ice extent as
modelled by MAR and as observed with MODIS. The MOD09GA and MOD10A1 data is reprojected and
resampled onto the same projection and resolution as MAR to determine, on a pixel-by-pixel basis, for
each day in JJA in 2000-2018, the overlapping bare ice extent. The albedo from MAR and from MODIS is
compared on this overlapping bare ice extent. Modelled albedo values are directly taken from MAR output,
which contains daily albedo values over the entire GrIS. The bare ice albedo scheme in MARv2 existed of
simply assigning a fixed value of 0.45 to bare ice albedo. The improved MARv3 determines bare ice albedo
as a function of accumulated surface water height and slope of the ice sheet, following an exponential relation
between pure bare ice albedo and water albedo. MAR includes lower and upper boundaries for the bare
ice albedo of 0.4 and 0.55. However, lower bare ice albedo values between 0.2 and 0.4 have been observed
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using MODIS (Navari et al., 2018) and by some PROMICE automatic weather stations (Tedesco et al.,
2016a). These low albedo values are a result of impurities on the ice, which are not taken into account in
the MARv3 bare ice albedo scheme. The albedo values for MODIS are taken from the MOD10A1 product,
which contains daily albedo values for the entire GrIS.

Figure 2.2: Example of cloud cover on 9 July 2012 from the MOD10A1 product. Blue and red denote
ice sheet and cloud cover, respectively.

2.3.4

Runoff

Assuming a potential bias in bare ice albedo, on the one hand modelled by MAR and on the other hand
observed with MODIS, I will determine the effect of this albedo bias on estimates of runoff by MAR. I will
use an energy balance model as described by Pellicciotti et al., 2005 in which runoff is defined as a function
of temperature, albedo and incoming shortwave radiation, according to:
R = a · T + b · (1 − α) · SWin .

(2.2)

Here, R [mmWEday−1 ] represents runoff, T [◦ C] is temperature, α is albedo [−], SWin [Wm−2 ] is incoming
shortwave radiation, and a [mm◦ C−1 day−1 ] and b [m2 mmW−1 day−1 ] are empirical coefficients representing,
respectively, the temperature factor and the shortwave radiation factor. To determine the difference in
runoff, ∆R, only due to a bias in albedo, I use the same temperature and incoming shortwave radiation
(taken from MAR) for both MAR and MODIS, resulting in:
∆R = RM AR − RM ODIS

(2.3)

∆R = a · (TM AR − TM ODIS ) + b · (((1 − αM AR · SWin,M AR ) − ((1 − αM ODIS ) · SWin,M ODIS )).

(2.4)

Then, using the simplification:
TM AR = TM ODIS ,

SWin,M AR = SWin,M ODIS ,
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(2.5)

Equation 2.4 can be rewritten as:
∆R = b · SWin · (αM ODIS − αM AR ).

(2.6)

The values for αM ODIS and αM AR are known and the values for SWin are taken directly from MAR output,
which includes effects of solar zenith angle and surface slope. Then, b is determined from a linear regression
analysis, shown by Figure 2.3, of absorbed shortwave radiation and runoff, as modelled by MAR. In this
linear regression I omit non-melting days, i.e. days with no runoff, as the shortwave radiation factor should
represent the effect on production of melt of additional absorbed shortwave radiation on melting days. A
value of 0.2335 m2 mm W−1 day−1 is found for the slope, which is forced to go through the origin (0,0). The
value for the slope represents the shortwave radiation factor b. Although the R2 -value is merely -0.1468, the
value for b found here is similar to the value found by Pellicciotti et al., 2005 of 0.2256 m2 mm W−1 day−1
for the shortwave radiation factor. The value for b found from this linear regression is thus assumed to be
significant.

Figure 2.3: Linear regression of absorbed shortwave radiation versus runoff, as modelled by MAR.
A value of 0.2335 m2 mmW−1 day−1 (R2 =-0.1468) is found for the slope, representing the shortwave
radiation factor b.

2.4
2.4.1

Results and discussion
Inter-annual bare ice extent

As a first step in assessing MAR’s performance in modelling runoff from the bare ice zone, I determined how
well it captures the bare ice extent and its variability as compared to MODIS. The inter-annual maximum
bare ice extent in square kilometers for 2000-2018 for MAR and MODIS is shown in Figure 2.4. The orange,
green, red and blue solid lines and the dashed blue line represent the results from MAR, forced with ERA5,
on horizontal model resolutions of 7.5, 10, 15 and 20 km, and forced with NCEP1 on a horizontal model
resolution of 20 km, respectively. The black and grey lines represent the lower and upper boundaries for
MODIS, with the grey shaded area representing the uncertainty due to cloud-obstruction.
The patterns of inter-annual maximum bare ice extent from both MAR and MODIS correspond well, with
high R2 -values over 0.89 for each combination of MAR and MODIS. Table 2.1 shows the correlation values of
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each MAR resolution and forcing with the mean of the lower and upper boundaries of the MODIS maximum
bare ice extent. All P-values are below 10−9 , confirming significance of the correlation values.
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Figure 2.4: Time series of the inter-annual maximum bare ice extent for 2000-2018 for MAR and
MODIS. The shaded grey area represents the cloud uncertainty of the MODIS estimate.

Correlation with MODIS

R2

MAR 7.5km (ERA5)
MAR 10km (ERA5)
MAR 15km (ERA5)
MAR 20km (ERA5)
MAR 20km (NCEP1)

0.905
0.900
0.895
0.912
0.909

Table 2.1: R2 -values of the correlation of the inter-annual maximum bare ice extent for 2000-2018 for
MODIS and MAR on each resolution and climate forcing.

The extreme melt years 2012 and 2016, as well as the extreme low melt year 2013 (Noël et al., 2019 and Ryan
et al., 2019), are captured well by both MAR and MODIS. The results from MAR on model resolutions of
10 and 15 km correspond best with the results from MODIS in terms of the mean maximum bare ice extent
over 2000-2018 (Table 2.2). Except for the extreme melt years 2012 and 2016, where MAR overestimates
the maximum bare ice extent with respect to MODIS. The maximum bare ice extent for these extreme melt
years are captured best by MAR on 7.5 km, while this MAR result underestimates the maximum bare ice
extent with respect to MODIS during the rest of the study period. A higher model resolution would be
expected to resolve more small-scale processes on the ice sheet and thus provide a more realistic estimate
of the maximum bare ice extent. However, the result for MAR on the highest resolution (7.5 km) seems
to have a larger bias with the MODIS result than the results for MAR on 10 and 15 km. This might be
an indication that the bare ice detection algorithm for MODIS erroneously detects some pixels containing
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firn as bare ice and thus overestimates the actual bare ice extent. It might also be an indication that the
bare ice detection algorithm for MAR mistakenly excludes some bare ice and thus underestimates the actual
modelled bare ice extent. The MAR results on 20 km, forced with both ERA5 and NCEP1, overestimate
the bare ice extent with respect to MODIS during the entire study period. Here, the results for NCEP1 are
significantly higher than for ERA5. This might be an artefact of the lower horizontal spatial and temporal
resolution of NCEP1 (2.5x2.5◦ , 6-hourly) compared to ERA5 (0.28x0.28◦ , hourly).

MODIS 0.5km (lower)
MODIS 0.5km (upper)
MAR 7.5km (ERA5)
MAR 10km (ERA5)
MAR 15km (ERA5)
MAR 20km (ERA5)
MAR 20km (NCEP1)

Mean [105 km2 ]

Trend [103 km2 yr−1 ]

±
±
±
±
±
±
±

1.960
1.841
2.224
2.071
2.232
2.053
1.496

2.399
2.604
2.198
2.421
2.565
2.987
3.243

0.320
0.329
0.452
0.471
0.512
0.513
0.531

Table 2.2: Mean and trend of the inter-annual maximum bare ice extent over 2000-2018 for MAR and MODIS.

The values for the mean and trend over 2000-2018 for MAR and MODIS are shown in Table 2.2. Among
the MAR and MODIS results, trends of 1.496 − 2.232 · 103 km2 yr−1 are found, amounting to an increase of
0.46 − 1.01% of the respective mean maximum bare ice extent per year.
2.4.2

Intra-annual bare ice extent

To evaluate how well MAR models the evolution of the bare ice extent with respect to observations from
MODIS, I determined the intra-annual bare ice extent during JJA, averaged over 2000-2018. Figure 2.5
shows the results for each MAR resolution and forcing and the result for MODIS, using the same color
coding as the inter-annual results. In this case, the shaded grey band represents the full area that is covered
by clouds per day. The MODIS cloud-uncertainty band is larger in this intra-annual result as for the interannual result only pixels flagged as clouds for at least 90% of the days in JJA are included in the uncertainty.
This increased cloud-uncertainty makes intra-annual comparison of MAR with MODIS less robust than the
inter-annual comparison.
All MAR and MODIS results show a similar pattern of increasing bare ice extent starting in early June and
peak in late July to early August. The correlation between MAR and MODIS is complicated to evaluate
due to the high cloud-uncertainty for MODIS. However, the MAR results on 7.5, 10 and 15 km lie almost
completely within the lower and upper MODIS bounds and show very high correlation with each other. In
general, a higher model resolution for MAR results in a lower bare ice extent, similar to the inter-annual
results. The MAR results on 20 km show an overestimation of the bare ice extent with respect to MODIS
during the peak in late July and early August. Again, using NCEP1 as climate forcing, as opposed to ERA5,
results in a higher bare ice extent over the entire period.
Average summer surface temperatures over the GrIS are highest in early July, as shown in Figure 2.6 in
orange, indicating that exposure of bare ice due to increased surface temperatures over the GrIS experiences
a delay of several weeks. The bare ice extent from MAR shows a clear dip in late July. The lower bound
for the MODIS-derived bare ice extent exhibits a similar, though slightly smaller dip. In reality, the dip for
MODIS may be as apparent as for MAR. However, this pattern is not discernible due to the cloud-uncertainty
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Figure 2.5: Time series of the average intra-annual maximum bare ice extent for 2000-2018 for MAR
and MODIS. The shaded grey area represents the cloud uncertainty of the MODIS estimate.
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Figure 2.6: Time series of the average snowfall and surface temperature over the GrIS in JJA for
2000-2018, as modelled by MAR.

in MODIS. Figure 2.6 shows the average summer snowfall over the GrIS in blue, with a multi-day peak in
late July indicating that the the dip in bare ice extent is possibly due to increased snowfall events during
this period, covering bare ice and reducing bare ice extent.
2.4.3

Bare ice albedo

The average albedo on the overlapping bare ice extent as modelled by MAR and observed with MODIS is
shown in Figure 2.7, for MAR (dashed) and MODIS (solid), averaged over 2000-2018. The results indicate
that MAR overestimates bare ice albedo by 0.044-0.054 during JJA with respect to MODIS, depending on
resolution and climate forcing. The results for MAR exhibit low variability during the study period, shown
by the means and standard deviations in Table 2.3, as was expected from MAR’s bare ice albedo scheme.
Moreover, differences in the results between each MAR resolution and climate forcing are small. The results
for MODIS exhibit a variability twice as high as the variability for MAR during the study period, though
variability in the mean bare ice albedo for each resolution and climate forcing is small.
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Figure 2.7: Time series of the average bare ice albedo in JJA over 2000-2018 for MAR and MODIS.

MAR
7.5km (ERA5)
10km (ERA5)
15km (ERA5)
20km (ERA5)
20km (NCEP1)

0.529
0.528
0.532
0.527
0.526

±
±
±
±
±

0.008
0.008
0.009
0.010
0.010

MODIS
0.477
0.473
0.482
0.476
0.481

±
±
±
±
±

0.019
0.017
0.018
0.022
0.021

Table 2.3: Mean bare ice albedo during JJA in 2000-2018 for MAR and MODIS.

The MODIS results in June show an extremely high variability. This is due to the minimal bare ice extent on
the GrIS in early summer and the even smaller overlapping bare ice extent in both MAR and MODIS. Hence,
for some days in June only a small number of pixels are available from which to determine the average bare
ice albedo. This variability is clearly seen in the average bare ice albedo maps over 2000-2018 for MODIS in
Figure 2.8a as opposed to MAR in Figure 2.8b. These maps depict the full bare ice extent that is at one time
simultaneously modelled by MAR and observed with MODIS during JJA in 2000-2018. Where MAR exhibits
low variability over the entire GrIS, MODIS shows significant variability. This is in part due to some snowfall
events over the bare ice zone which can alter the surface albedo slightly. These events are not fully captured
by MAR however. MODIS shows bare ice albedo values higher than expected in the northern section of
the ice sheet. This may be an artefact of the positively biased MOD10A1 product above latitudes of 70 ◦ .
These anomalously high bare ice albedo values may also indicate that the bare ice detection algorithm for
MODIS should be improved as it may erroneously detect firn, with a higher albedo, as bare ice in some cases.
Large sections of low albedo values (< 0.4) are featured in the Southwestern region of the GrIS, which is
termed the dark ice zone. These low albedo values in the dark ice zone possibly indicate the presence of
abundant light-absorbing impurities, such as ice algal blooms as previously discussed by Wang et al., 2018,
Cook et al., 2020 and Williamson et al., 2020. These impurities are not represented in the bare ice albedo
scheme used in MAR (Tedesco et al., 2016a). The large negative albedo bias in the dark ice zone Figure
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(a)

(b)

(c)

Figure 2.8: Maps of average bare ice albedo in JJA over 2000-2018 on 7.5 km resolution, for: a)
MODIS, b) MAR, and c) their difference (MAR-MODIS).

(2.8c), thus indicates a significant overestimation of bare ice albedo by MAR. Conversely, a positive bias
in bare ice albedo is observed along the margins of the Southeastern and Northern GrIS, with the latter
possibly due to the positively biased MOD10A1 product.

Figure 2.9: Map of the bias in total runoff over the bare ice zone on the GrIS in JJA over 2000-2018
for 7.5 km resolution when using the difference between bare ice albedo as modelled by MAR and as
observed with MODIS.
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2.4.4

Runoff

Using the energy balance model by Pellicciotti et al., 2005, an estimate is determined for the bias in runoff as
described in Equation 2.4. The empirical coefficient b from Section 2.3.4 is used and the incoming shortwave
radiation is taken from MAR output. Then, using the difference in bare ice albedo, as modelled by MAR
and as observed with MODIS, an underestimation in runoff of ∼ 7 Gtonyr−1 on average from the bare ice
zone is calculated during JJA in 2000-2018. The total bias in runoff from the bare ice zone by MAR over
2000-2018 amounts to an underestimation of ∼ 128 Gton. The calculated bias in runoff is not significant
when compared to the annual mass loss from the GrIS of 254 ± 18 Gtonyr−1 over 2005-2015 (Shepherd et al.,
2020). However, Figure 2.9 illustrates that the majority of the underestimation in runoff emanates from the
dark ice zone. Contrarily, an overestimation in runoff is observed along the margins of the Southeastern
region of the GrIS. The unrealistically high bare ice albedo values in the Northern section of the GrIS as
observed with MODIS reduce the overall albedo bias, possibly reducing the runoff bias. It is thus possible
that the underestimation of runoff from MAR should be larger and more significant. As the relation between
absorbed shortwave radiation and runoff (i.e. the empirical coefficient b) changes over the summer months,
a more realistic bias in runoff may be determined when using a coefficient b determined for each week, as
opposed to only one coefficient for the entire summer.

2.5

Conclusion

In this thesis I evaluated the performance of a regional climate model (MAR) with respect to satellite imagery (MODIS) during the summer months June, July and August during 2000-2018. I focused on assessing
the performance of MAR in modelling bare ice extent and bare ice albedo on the GrIS. MAR is evaluated
on horizontal model resolutions of 7.5, 10, 15 and 20 km, using ERA5 and NCEP1 as climate forcings. As a
last step, I used the bias in bare ice albedo, as modelled by MAR and as observed with MODIS, to infer the
accessory bias in runoff from the bare ice zone. The results presented in this thesis reveal areas of agreement
as well as discrepancies between modelled and remotely sensed bare ice characteristics.
The results indicate that the inter-annual maximum bare ice extent as modelled by MAR exhibits high
correlation with the results from MODIS, with R2 -values over 0.89 and P -values below 10−9 . However,
variations exist between the mean annual maximum bare ice extent over 2000-2018 as modelled by MAR
and observed with MODIS, ranging from 2.2 to 3.2 · 105 km2 , where a higher model resolution results in a
lower maximum bare ice extent. The differences in the mean values for the maximum bare ice extent seem
likely to be a result of inaccuracies in the bare ice detection algorithm for either or both MAR and MODIS,
particularly as a high correlation is observed between model and observations. Furthermore, trends for the
inter-annual maximum bare ice extent from 2000 to 2018 are found of 1.50 − 2.23 · 103 km2 yr−1 , amounting
to 0.46 − 1.01% of the respective mean maximum bare ice extent.
Comparison of the intra-annual bare ice extent is less straightforward as daily bare ice detections from
MODIS are largely obstructed by clouds, creating a significant uncertainty in the actual remotely sensed
bare ice extent. Nonetheless, high correlation is observed between each MAR model resolution and climate
forcing, where again a higher model resolution results in a lower bare ice extent. The bare ice extents from
both MAR and MODIS show an increasing trend starting in early June an a peak in early August. Comparison with average surface temperatures on the GrIS, peaking in early July, suggests that a delay may exist
between increasing surface temperatures and exposure of bare ice. A dip in bare ice extent in late July is
observed in results from both MAR and MODIS. Average snowfall over the GrIS shows a peak in the same
period, indicating that the dip in bare ice extent may be a result of some snowfall events.
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The results presented here show that MAR overestimates bare ice albedo by 0.044 − 0.054 on average during
JJA in 2000-2018, depending on the model resolution and climate forcing. Low variability is observed in the
bare ice albedo values as modelled by MAR, as expected from MAR’s bare ice albedo scheme. However, mean
bare ice albedo values during JJA in 2000-2018 are rather similar for each resolution and climate forcing, for
both MAR and MODIS. Bare ice albedo values as observed with MODIS show high variability. Extremely
high albedo values are found in the Northern section of the GrIS, though this might be an artefact of the
positively biased MOD10A1 product. Extremely low average albedo values (< 0.4) are found in the dark ice
zone, induced by high amounts of light-absorbing impurities such as dust, cryoconite and ice algal blooms.
These impurities are not modelled or parameterized by MAR, bringing forth a significant overestimation of
albedo in the dark ice zone.
Lastly, an energy balance model is used to infer a bias in runoff as induced by the bare ice albedo bias. An
underestimation by MAR of runoff from the bare ice zone is determined of ∼ 7 Gtonyr−1 on average during
JJA in 2000-2018. This amounts to a total of ∼ 128 Gton over the entire period 2000-2018. This bias is
not significant on the annual GrIS mass loss. However, the majority of negative runoff bias originates from
the dark ice zone, while a positive runoff bias is observed along the margins of the Southeastern section of
the GrIS. The unrealistically high albedo values in the Northern section of the GrIS may have resulted in a
more moderate underestimation of total runoff from the GrIS. Furthermore, using a coefficient value for the
relation between absorbed shortwave radiation and runoff derived weekly as opposed to one coefficient for
the entire summer may result in a more realistic estimate of the runoff bias.
Future research should be directed towards understanding which sources contribute to the discrepancies
between modelled and remotely sensed bare ice albedo. This includes processes of exposure, accumulation
and production of light-absorbing impurities on ice, especially in the dark ice zone, as well as processes
governing clouds and solar radiation. A proper bare ice albedo scheme, including these processes governing
impurities, may result in a more realistic representation of bare ice albedo in climate models. Subsequently,
this may result in more accurate projections of runoff from the GrIS.
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Appendices
A

Sea level equation

The processes governing RSL and GIA are for the first time collectively described by Farrell and Clark, 1976
as the sea level equation (SLE). The authors present an exact method for determining sea level changes as
a result of changes in ice and ocean mass on the surface of an elastic and Maxwell viscoelastic non-rotating
Earth model. A generalized SLE is described by Mitrovica and Milne, 2003, including a time-varying shoreline geometry and a rotating Earth. Later, Kendall et al., 2005 introduced Love number theory for the
viscoelasticity to derive an extended pseudo-spectral numerical algorithm to effectively and iteratively solve
the SLE. Dalca et al., 2013 extended on this theory by incorporating sediment redistribution into the gravitationally self-consistent SLE and Austermann and Mitrovica, 2015 further explored the extension of including
solid Earth and gravity perturbations associated with mantle convection. The GIA model used in this thesis
is mostly based on the theory described in Kendall et al., 2005 including a slight reformulation discussed in
Dalca et al., 2013.
Sea level (SL) is defined as the difference between the surface of the solid Earth (R) including land-based
and grounded marine-based ice thickness (I), and the sea surface equipotential (G), as given by:
SL = G − (R + I).

(A.1)

The quantities in Equation A.1 are dependent on time t and position in terms of colatitude θ and east longitude φ, such that SL = SL(tj , θ, φ), for each time step j. For brevity, all quantities are expressed without
these dependencies, only denoting the time step j as a subscript when needed.
The ocean height (S) is defined as the sea level in those locations on Earth defined as ocean:
S = SL · C,

(A.2)

with C defining those locations by C = 1 if SL > 0 and C = 0 if SL ≤ 0. Topography (T ) is defined as the
opposite of sea level:
T = −SL = −G + (R + I)

(A.3)

and the total mass load (L) on the surface, constituted of ocean water with density ρw and ice with density
ρI is defined as:
L = S · ρw + I · ρI .

(A.4)

The purpose of the sea level equation is to determine the elevation perturbation from some initial state of
the bedrock and sea surface through changes in water and ice. All of the above mentioned quantities can be
expressed in terms of their initial value at time t0 plus a perturbation at some time tj , such as:
SLj = SL0 + ∆SLj .

(A.5)

Using this notation, sea level change can be written as:
∆SLj = SLj − SL0 = ∆Gj − (∆Rj + ∆Ij ).

(A.6)

As the function C is time-dependent, translation of Equation A.6 into ocean height change requires an
adapted relationship that takes into account shoreline migration and initial topography T0 as follows:
∆Sj = ∆SLj · Cj − T0 · ∆Cj .
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(A.7)

Since the ocean height ∆Sj is dependent on perturbations in R and G due to changes in surface mass loading
and both ∆Rj and ∆Gj are in turn dependent on ocean height. This highlights the integral structure of the
SLE.
The decomposition of the sea surface equipotential perturbation into globally uniform and location-dependent
terms is common practice in sea level theory (Farrell and Clark, 1976). Equation ?? can in this sense be
rewritten as:
∆Gj =

∆Φj
+ ∆Gload
loc,j ,
g

(A.8)

with Gloc representing the location-dependent component of G. Dividing the variable ∆Φj by the gravitational acceleration on the surface (g) denotes the globally uniform perturbation in the height of the sea
surface equipotential. This variable takes into account changes in the ocean basin shape through deformation
due to mass loading, as well as changes in ocean mass due to global ice mass variations.
Then, Equation A.6 can be rewritten as:
∆SLj =

∆Φj
load
+ ∆Gload
+ ∆Ij ).
loc,j − (∆Rj
g

(A.9)

Or, in terms of globally uniform and location-dependent terms:
∆SLj =

∆Φj
+ ∆SLloc,j ,
g

(A.10)

with
load
∆SLloc,j = ∆Gload
+ ∆Ij ).
loc,j − (∆Rj

(A.11)

The SLE can then be written as:
∆Sj =

∆Φj
g

!
Cj + ∆SLloc,j · Cj − T0 · ∆Cj .

(A.12)

The globally uniform term for sea surface equipotential perturbations ∆Φj /g can be solved by integrating
Equation A.12:
"
#
ZZ
ZZ
ZZ
1 ρI
∆Φj
=−
∆Ij dA +
∆SLloc,j · Cj dA −
T0 · ∆Cj dA .
(A.13)
g
Mj ρw
A
A
A
And requiring conservation of mass of the combined ocean and ice volumes over Earth’s surface A:
ZZ
ZZ
0 = ρI
∆Ij dA + ρw
∆Sj dA,
(A.14)
A

A

with
Mj =

ZZ
A

Cj dA.

(A.15)

Solving the SLE (Equation A.12) requires integration, as there exists a co-dependency of terms on either side
of the equation. In computational terms, this calls for iteratively solving the SLE. Here, at each time step
j a first guess for ∆Sj is used for computing the right-hand-side of the equation. ∆SLloc,j is solved using
Love numbers which are calculated using the mass load as in Equation A.4. The solution of the right side
of the equation equals a revised estimate of ∆Sj , which is then again used as input for the right-hand-side
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of the equation. This process is repeated until convergence is reached after which the next time step is solved.
A first guess of ∆Sj is commonly a uniform distribution of the added (or removed) water without deformation of the bedrock. A check is included when solving the SLE ensuring sufficient ice thickness (Ij and ∆Ij )
in marine sectors for the ice to be grounded. If this check is not met, i.e. if the ice is floating, this ice is
removed. A requirement for solving the SLE is that the initial topography T0 is known. A first guess for T0
is used to start the initial iteration with which sea level changes are computed over the entire time range of
the model. Then, T0 is updated from the difference between the observed and computed present-day topography and the entire iteration is repeated until the difference between observed and computed present-day
topography is below a specified value.
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