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Abstract Freshwater fluxes from the Greenland and

Antarctic ice sheet might impact ocean circulation and

thereby the distribution of heat in a warming climate.

Despite their potential relevance, they are often not well

represented in state-of-the-art climate models. Here, we

incorporate a best estimate of freshwater runoff from

both ice sheets into long-term (1850-2200) climate sim-

ulations by the Community Earth System Model (CESM),

for both a strong (RCP8.5) and mild (RCP2.6) warming

scenario. We analyze the differences with control sim-

ulations, focusing on the Atlantic meridional overturn-

ing circulation (AMOC), ocean heat uptake and global

mean surface air temperature (GMST). Although the

direct effects of the CO2 forcing in the climate scenar-

ios are dominant, the incorporation of realistic ice sheet

freshwater fluxes has a significant impact on the heat

uptake and distribution in the ocean. Antarctic Bot-

tom Water formation is significantly affected, causing

a vertical redistribution of heat during the historical

period that leads to warmer deep waters and negative

GMST anomalies that are on the order of 0.2 K. In the

21st century, the initially colder surface waters enhance

high latitude surface heat fluxes from the atmosphere

into the ocean, resulting in a global ocean heat uptake

anomaly of 60 ZJ by 2100. The AMOC shows an addi-

tional reduction of 1 Sv during the 21st century, mainly

effecting the heat content of the Arctic basin.
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1 Introduction

When the energy balance of Earth’s climate system

is perturbed by increased atmospheric greenhouse gas

(GHG) concentrations, the system will distribute the

excess heat over its various components and will ad-

just towards a new equilibrium. Currently, over 90% of

Earth’s energy surplus enters the surface ocean, part of

which is transported away from the surface to the ocean

interior. As the energy in the deep ocean is stored there

on timescales ranging from centuries to millennia, the

effectiveness of the vertical ocean heat transport deter-

mines the amount of heat that resides in the mixed layer

and thereby sets the pace of transient global warming

in the coming century.

Previous studies have found that on a global scale

the ocean heat budget is dominated by downward ad-

vection of heat (i.e. downwelling waters are warmer

than upwelling waters, on average) that is compensated

by upward transport of heat by diffusion along slop-

ing isopycnals and deep convection, both in the South-

ern Ocean and the North Atlantic (e.g. Gregory [2000],

Gnanadesikan and Slater [2005], Hieronymus and Ny-

cander [2013]). Ocean heat uptake (OHU) under in-

creasing CO2 scenarios is found to be dominated by re-

duced convection and isopycnal diffusion [Huang et al,

2003], both in response to an increase in stratification

due to reduced surface heat loss and increased precip-

itation at high latitudes [Banks and Gregory, 2006]. It

thus seems that high-latitude buoyancy fluxes play an

important role in OHU and the rate of climate warm-

ing.

The Greenland and Antarctic ice sheets (hereafter

GrIS and AIS, respectively) could therefore play a cru-

cial role in transient climate simulations. They discharge

freshwater along their margins in the form of icebergs,
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surface runoff and basal meltwater coming of ice shelves,

at locations close to regions of deep convection and for-

mation sites of deep ocean water masses.

To directly assess the impact of ice sheet freshwater

fluxes on OHU, a coupling of the surface mass balance

and calving processes to a general circulation model is

needed. However, none of the climate models that par-

ticipated in the Coupled Model Intercomparison Project

Phase 5 (CMIP5) has an interactive ice sheet or snow

component. The potential consequences of increased ice

sheet melt have therefore been assessed in model stud-

ies using prescribed freshwater fluxes, but these were

highly idealized in terms of either spatial distribution,

magnitude and temporal variability of the freshwater

forcing. To isolate the impact of the additional fresh-

water, most of these studies were performed under fixed

CO2 forcing.

In this study, we incorporate a best estimate of ice

sheet freshwater forcing into a state-of-the-art Earth

System Model, for the past as well as two different cli-

mate scenarios of the future (in total, the period 1850-

2200 is simulated). This freshwater forcing is based on

the most recent observational reconstructions and re-

gional climate modeling efforts, employs a detailed GrIS

runoff parametrization [Lenaerts et al, 2015] for the fu-

ture and has a realistic seasonal cycle. Details of the

experimental design are explained in section 2.

In section 3.1 we analyze some features of control

experiments that use the model’s original freshwater

representation, before comparing them in section 3.2

with the simulations with the improved freshwater forc-

ing. We go into more detail on the connections between

anomalies in AMOC, ocean heat distribution and global

temperatures in section 3.3. In section 4 we look at the

correlation between AMOC and meridional density dif-

ference. In section 5 an attempt is made to quantify the

effect of the anomalous heat uptake on climate sensitiv-

ity. A summary and discussion is presented in section 6.

2 Experimental design and model description

2.1 Model description

The climate model used in this study is the Commu-

nity Earth System Model (CESM, version 1.1.2.) with

a nominal horizontal resolution of approximately 1 de-

gree. The set up is similar to the CESM simulations

used for CMIP5 [Meehl et al, 2013], but is updated to

a more recent model version and uses the ozone forc-

ing of Marsh et al [2013]. Its atmospheric component is

the Community Atmosphere Model version 5 (CAM5)

and has 30 vertical levels. The ocean component is the

Parallel Ocean Program version 2 (POP2) and has 60

levels. The land module (Community Land Model ver-

sion 4, CLM4) includes coupling of carbon and nitrogen

processes between climate and terrestrial ecosystems.

To improve energy conservation, CESM splits ice sheet

and glacier mass loss into separate liquid water and

solid ice fluxes that are passed to the ocean component.

The sea ice component is the Los Alamos Sea Ice Model

version 4 (CICE). Many aspects of fully coupled simu-

lations performed with similar configurations of CESM

are documented in a special collection of the Journal of

Climate (see http://journals.ametsoc.org/page/CCSM4

/CESM1).

2.2 Climate scenarios

In this study we analyze simulations by CESM of the

period 1850-2200, driven by historical emissions (1850-

2005) and two future (2006-2200) climate scenarios, the

Representative Concentration Pathways 2.6 (RCP26)

and 8.5 (RCP85) and their extensions after 2100 [Mein-

shausen et al, 2011]. These simulations are initialized af-

ter running a 1500 year control simulation under prein-

dustrial forcing. Timeseries of atmospheric CO2 con-

centrations in our simulations are shown in Figure 1a.

RCP26 is characterized as a “peak-and-decline” sce-

nario with a maximum CO2 concentration of approx-

imately 450ppmv by mid-21st century followed by a

sustained decrease in the 22nd century. The RCP85

scenario is characterized by a strong and sustained in-

crease in CO2 over time, reaching 950 ppmv by 2100.

After 2120, the original extension of the scenario is

modified by fixing atmospheric CO2 concentrations at

∼1100ppmv, about 4 times the preindustrial value. Note
that all other greenhouse gases represented in the model’s

radiative transfer (CH4, N2O, CFC-11 and CFC-12) fol-

low the original pathways of Meinshausen et al [2011].

2.3 Freshwater forcing

2.3.1 CTRL simulations

The original representation of ice sheet freshwater fluxes

in CESM, as used in our CTRL simulations, is based on

a mass conservation principle. In the absence of ice dy-

namics, the precipitation that falls on the ice sheet and

that is not stored in the snow model, is instantaneously

discharged as solid ice into the nearest ocean grid point,

representing calving processes. Meltwater that is gen-

erated when surface temperatures are above zero, will

also run off into the ocean if it does not refreeze in

the snow layer. As the snow model has a maximum ca-

pacity of 1000 kg m−2, i.e. a thickness of roughly 3 m
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Fig. 1 Time series of annual average (a) CO2 concentrations, ∆FWF, the difference in ice sheet freshwater flux between FWF
and CTRL runs (FWF − CTRL) from (b) the Greenland Ice Sheet and (c) the Antarctic Ice Sheet, for the climate scenarios
as labeled by color.

of snow, the ice sheets cannot grow over time and any

enhancement of precipitation or melt over these areas

will result in increased freshwater fluxes to the ocean.

This is very relevant for the AIS, as CESM, like other

general circulation models (GCMs), simulates an en-

hanced hydrological cycle at high latitudes. In CTRL,

this leads to increased AIS freshwater fluxes, which ig-

nores the large refreezing capacity of the AIS that lets

most of the extra precipitation just accumulate on the

continent [Ligtenberg et al, 2013].

2.3.2 FWF simulations

In our FWF simulations, we replace both the solid and

liquid freshwater fluxes from the ice sheets to the ocean

with best estimates based on observations, regional cli-

mate modeling and a GrIS runoff parametrization.

Our GrIS solid ice discharge distribution is con-

structed following Enderlin et al [2014], who used re-

mote sensed observations to estimate discharge from

178 individual GrIS glaciers over the period 2000-2012.

Each glacier discharge flux is assigned to the nearest

ocean grid point. The short time period of observations

and the strong stochastic variability in ice sheet dynam-

ics prevent a clear assessment of long-term trends of ice

discharge [Wouters et al, 2013], and therefore we keep

the GrIS ice discharge constant in time.

The construction of GrIS surface runoff is based

on output of the regional atmospheric climate model

RACMO, version 2.1 (RACMO2). For the period 1960-

2012, the model was forced at its lateral boundaries by

atmospheric fields of the ERA-Interim reanalysis and a

CMIP5 general circulation climate model (HadGEM2-

ES), and we use its surface mass balance (SMB) cal-

culations to construct annual average surface runoff.

As data prior to 1960 is sparse, we assume that GrIS

runoff in the period 1960-1989 was representative for

the years 1850-1959, and that this time series obeys a

normal distribution so as to impose realistic interannual

variability.

Future GrIS surface runoff in the two climate sce-

narios is constructed from the parametrization described

in Lenaerts et al [2015]. There, second order correlation

coefficients were determined for the runoff in 8 differ-

ent basins of the GrIS as a function of mid-tropospheric

(500hPa) summer temperature anomalies (T500), mak-

ing use of a simulation of RACMO2 under the mid-way

RCP4.5 climate scenario. The significant correlations

seem robust over a wide range of scenarios [Fettweis

et al, 2013] and we use them here to calculate annual

average surface runoff from the T500 time series of the

CTRL runs.

On the annual average GrIS surface runoff time se-

ries of the whole 1850-2200 period, we impose a seasonal

cycle at monthly resolution, with a runoff peak in sum-

mer and little to no runoff in winter. The imposed cy-

cle is the average seasonal cycle of the 1960-2012 runoff

from the RACMO2 simulation described above, that is

scaled to annual averages of each year.

For the AIS, freshwater fluxes in our FWF simu-

lations are based on Depoorter et al [2013], who es-

timated the mass balance components of all the ice

shelves of Antarctica exceeding 100 km2, using satellite

measurements of calving and grounding line fluxes and

RACMO2 model results for snow accumulation [Lenaerts

et al, 2012]. They concluded that iceberg calving and

subsurface melting by the ocean are both responsible for

roughly 50% of the gross mass loss of the AIS, but with

large regional differences. In this study, these compo-

nents are added as a single solid ice flux into the ocean.

There is evidence that enhanced outflow currently out-

weighs any increase in snow accumulation, but no re-

liable projections can be made for this 21st century

due to uncertainty in ice dynamics [Church et al, 2013].

Therefore, we only incorporate the recently observed in-

crease in outflow in the Amundsen basin and let it stabi-
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Fig. 2 CTRL runs. Time series of annual mean (a) globally averaged surface air temperature, (b) AMOC index (maximum
Atlantic meridional overturning streamfunction at 26.5N and below 500m depth), (c) heat uptake for the global ocean and (d)
the ocean below 2000m, both referenced to 1850. Climate scenarios labeled by colors in (a).

lize after 2020 at a higher calving rate, equivalent with a

0.005 Sv increase in freshwater flux (1Sv =106 m3 s−1).

The rest of the calving rates is kept constant. Liquid wa-

ter runoff is set equal to zero, as regional climate model

studies show that almost all surface-generated meltwa-

ter refreezes in the snowpack before reaching the ocean

[Ligtenberg et al, 2013].

2.3.3 Net difference

Figure 1b shows the net difference in freshwater forcing

(FWF − CTRL) coming from the GrIS. The differ-

ences during the historical period are very small, show-

ing that CESM provides realistic GrIS freshwater fluxes

in present day conditions. In the warming scenarios

∆FWF is generally positive. For RCP26, calving rates

are slightly higher in CTRL than in FWF, offsetting

most of the increased surface runoff (separate contri-

butions not shown). In RCP85, the increase in surface

runoff is much stronger, resulting in a total freshwater

forcing of almost 0.04 Sv around 2100. As the RCP85

GHG forcing levels off at 2120, so does the freshwater

forcing.

The difference in freshwater forcing for the AIS dur-

ing the historical period (Figure 1c) is about 0.015 Sv,

mainly as a result of a higher calving flux in FWF (the

surface runoff starts at almost zero in CTRL). As apart

from the increased outflow in the Amundsen basin, the

FWF freshwater forcing stays constant, the growing

deficit in freshwater as shown for RCP85 is attributed

to an increase in precipitation over the AIS that the

model can not store on the continent.

Thus in the strong warming scenario, our best es-

timate freshwater fluxes from the GrIS are larger than

CTRL, while the fluxes from the AIS are smaller. In ab-

solute terms the contribution from the AIS dominates,

resulting in a freshening of the World Ocean in RCP85.

3 Results

3.1 CTRL run

We begin with an analysis of the CTRL runs, to show

the overall response of the model to the greenhouse gas

forcing in the different climate scenarios. Figure 2 shows

the global mean surface air temperature (GMST), At-

lantic meridional overturning circulation index (AMOC)

and the global and deep ocean heat uptake (OHU) for

the CTRL runs.

GMST (Figure 2a) rises in response to GHG forc-

ing during the 20th century, with an increasing rate

until the scenarios start to diverge around 2030. Under
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Fig. 3 Atlantic meridional overturning streamfunction averaged over 20 years (a) at the end of the 20th century, at the end of
the 22nd century (b) under RCP26 and (c) under RCP85, with red (blue) colors indicating clockwise (anticlockwise) transport.
Panel (d) shows the 20 year averaged difference in this streamfunction at the end of the 22nd century between FWF-RCP85
and CTRL-RCP85.

RCP26, the GMST levels off during the 21st century to

just above 15 ◦C, a 2 ◦C increase with respect to 19th

century values. Under RCP85, temperature keeps rising

at a rate of about 0.5 ◦C/decade until we fix the CO2

concentration in 2120, after which the rate of warming

decreases to approximately 0.1 ◦C/decade.

The AMOC index, defined here as the maximum

of the Atlantic meridional overturning streamfunction

at 26.5N and below 500 meters depth, is displayed in

Figure 2b. In the historical period, the AMOC strength

of ∼20 Sv is somewhat higher than observed along the

RAPID monitoring array (17.5 Sv for the period 2004-

2012 [Smeed et al, 2014]). Both future scenarios show a

significant decrease in overturning strength in the 21st

century. In RCP26, AMOC reaches a minimum of 15 Sv

around 2100, after which it partially recovers during

the 22nd century. The overturning in RCP85 shows a

strong linear decrease until 2130, after which it keeps

weakening at a slower rate, reaching a minimum of 6 Sv

at the end of the simulation.

Figures 2a and 2b show that there is a strong neg-

ative correlation between AMOC and global warming.

This is in line with Jahn and Holland [2013], who showed

that the AMOC strength in CCSM4, the predecessor

of CESM, is inversely proportional to the applied CO2

forcing. They showed that the weakening of the AMOC

is caused by a reduction of North Atlantic deep con-
vection due to a surface freshening. The freshening of

the Labrador Sea in their study comes from influx of

melted Arctic sea ice due to the warming. Note that in

this view, global warming is the cause of freshening of

the North Atlantic that in turn weakens the AMOC.

This is different from the analysis in section 3.2, where

we investigate the impact of additional freshwater com-

ing off the GrIS that is added artificially.

Figure 2c shows the ocean heat uptake since 1850

for the global ocean. This OHU signal is similar to the

surface air temperature, albeit it is a lot smoother, re-

flecting the long adjustment timescale of the ocean com-

pared to the atmosphere. The amount of heat stored in

the ocean reaches about 2500 ZJ in RCP26 and 7000 ZJ

in RCP85 at the end of the simulations.

Remarkably, the warming of the deep ocean below

2000m (Figure 2d) is independent of climate scenario

until 2070, and afterwards becomes substantially larger

in RCP26 than in RCP85, contrary to the overall warm-
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Fig. 4 FWF-CTRL. Panels show differences between FWF and CTRL simulations, for the same variables as in Figure 2:
∆GMST (a), ∆AMOC (b), ∆OHU full depth (c) and ∆OHU below 2000 meters (d). A 20 year running average is applied to
∆GMST and ∆AMOC, while annual averages are shown for ∆OHU (global and deep). The colors are labeled in panel (a).

ing trend for the full ocean. Despite the enormous heat

entering the ocean in RCP85, the deep ocean slightly

cools after 2130. The source of these differences lies in

the Atlantic basin, and seems to be related to differ-

ent weakening and shallowing of the AMOC, shown in

Figure 3. In RCP26 (3b) the upper cell of the AMOC

shallows only a few hundred meters compared to the

end of the 20th century (3a), while in RCP85 (3c) it

contracts completely to above 2000 m depth. Propaga-

tion of the global warming signal to the deep ocean

by advection is therefore strongly inhibited in RCP85.

Expansion and strengthening of the lower AMOC cell

cools the tropical deep Atlantic basin by intrusion of

relatively cold Antarctic Bottom Water (AABW).

3.2 FWF minus CTRL

We continue our analysis by looking at the differences

between the FWF and CTRL runs, in order to investi-

gate the impact of the freshwater scenario on transient

climate change. All anomalous timeseries in this section

are labeled with a ∆-symbol and indicate FWF mi-

nus CTRL. Figure 4 shows the differences in GMST,

AMOC and global and deep OHU caused by differences

in freshwater forcing.

Starting from zero, ∆GMST (Figure 4a) becomes

slightly negative during the historical period and fluc-

tuates around an anomaly of −0.15 ◦C between 1930

and 2100 for both RCP26 and RCP85, after which the

anomaly goes back to zero at the end of the 22nd cen-

tury. It is interesting to note that ∆GMST evolves in

a similar fashion in both climate scenarios, although

∆FWF (Figure 1) differs substantially.

Timeseries of ∆AMOC are given in Figure 4b and

show a generally weaker AMOC in the FWF runs, the

difference in the overturning strength being on the or-

der of 1 Sv. The pattern of AMOC weakening is sim-

ilar to that of the AMOC itself (Figures 3c and 3d),

indicating an overall reduction in strength and not a

spatial shift. These relatively small effects indicate that

AMOC weakening in the next century is dominated by

direct effects of global warming on deep water forma-

tion, and that realistic amounts of GrIS melting would

only slightly enhance this.

We first investigate if ∆AMOC and ∆GMST are

correlated in a similar fashion as their absolute coun-

terparts discussed earlier. On the annual average time-

series of both quantities, we first apply linear detrend-

ing (separate for the 3 simulations HIST, RCP26, RCP85),

in order to reduce the nonstationary effects of the back-

ground AMOC. We then divide the timeseries into 11-
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Fig. 5 Standardized anomalies of ∆GMST versus standard-
ized anomalies of ∆AMOC, after linear detrending and aver-
aging over fixed windows of 11 years. Historical data in green,
RCP26 in blue and RCP85 in red. Significant (p<.05) sam-
ple correlation coefficients of 0.68 and 0.52 for RCP26 and
RCP85, respectively.

year windows and average over each window. Finally,

we calculate standardized anomalies for each quantity.

The result of this is shown in Figure 5. We find signif-

cant (p < 0.05) correlations in RCP26 and RCP85 of

0.68 and 0.52, respectively, while no significant result is

found in HIST. The correlations between ∆AMOC and

∆GMST are positive, meaning that a negative over-

turning anomaly is associated with a negative temper-

ature anomaly, opposite to the negative correlations

found in section 3.1.

Figure 4c and 4d show the difference in ocean heat

uptake between our FWF and CTRL simulations for

the global and the deep (2000m+) ocean, respectively.

Over the whole historical period, there is little differ-

ence in net heat uptake, while the deep ocean becomes

considerably warmer in FWF compared to CTRL. This

indicates a vertical redistribution of heat. Note that

both simulations are branched off from the same spin-

up, so the deep ocean trend cannot be explained by a

too short spin-up time.

After year 2000, ∆OHU is positive and increases

with the same rate in both climate scenarios reaching

60 ZJ in 2100, after which the two signals diverge. This

indicates that the best estimate freshwater scenario en-

hances the future uptake of heat by the ocean, com-

pared to the CTRL simulations. In the deep ocean the

difference in stored heat does not change much dur-

ing the 21st century but increases by ∼20 ZJ in RCP26

after 2100. Note that at the end of the simulations, be-

tween 55% (RCP85) and 94% (RCP26) of the anoma-

lous global heat uptake is stored below 2000m.

3.3 Connecting circulation, heat storage and

temperature

In the previous section we reported 2 important find-

ings while comparing the FWF and CTRL simulations,

namely (1) that there is a vertical redistribution of

ocean heat during the historical period, storing more

heat at depth in FWF and (2) that in the future, more

heat is taken up by the global ocean in FWF. In this

section we further analyze these results and explain pos-

sible mechanisms.

To clarify the internal, vertical redistribution of heat

during the historical period, we calculate differences in

surface, deep and total heat uptake for different basins

(Figure 6) of the World Ocean. Marginal seas are ex-

cluded from our analysis. Results are shown in Figure 7.

We see that immediately from the start of the sim-

ulations, the deep Southern Ocean develops a positive

heat anomaly that grows to a maximum of 20 ZJ in

2000. A similar positive heat anomaly develops at depth

in the other basins, but at a delay of a few decades.

We argue that the deep ocean heat anomaly is due

to a decrease in AABW formation as a result of the

positive AIS freshwater anomalies during the historical

period (Figure 1c). This reduces the cooling effect of

Southern Ocean deep convection, effectively warming

the bottom waters. This anomaly is then transported

to the other basins by the bottom overturning cell.

An indication for reduced AABW formation during

the historical period is the negative anomaly in mixed

layer depth around the Antarctic continent, shown as

the 1850-1900 average in Figure 8. This pattern in mixed

layer depth is persistent during the historical period.

Note that these are annual averages, with wintertime

mixed layer depth anomalies likely being stronger but

not calculated here.

The relative warming of the deep ocean is accompa-

nied by a cooling of the overlying waters in all basins

(Figure 7, left column), with the largest heat losses com-

ing from the Pacific basin and a substantial contribu-

tion by the Indian Ocean. Globally, the surface waters

reach a minimum around 2000 but stay anomalously

cold during the whole 21st century (Figure 7, topleft).

This cold surface water anomaly is tightly coupled to

the surface air temperature anomaly (Figure 4a), which

suggests that the decrease of∆GMST during the histor-

ical period is a consequence of AIS freshwater anomalies

and not related to AMOC to first order, in agreement

with Figure 5.
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Fig. 6 Overview of the different ocean basins used for Figure 7: Atlantic (cyan), Pacific (blue), Indian (green), Arctic (red)
and Southern Ocean (orange). Marginal seas (not included in heat content analysis) in magenta.

Fig. 7 ∆OHC, the difference in ocean heat content (FWF-CTRL) referenced to 1850, in units of 1022 J, for 3 different layers
(from left to right: 0-300m, deeper than 2000m, full depth) and 6 different basins (from top to bottom: Global, Atlantic, Pacific,
Indian, Arctic and Southern Ocean). Historical period in green, RCP26 in blue and RCP85 in red.
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Fig. 9 Top row: ∆SHF, the difference in surface heat flux between FWF and CTRL, with positive values indicating heat
entering the ocean. Bottom row: ∆SST, the difference in sea surface temperature between FWF and CTRL. Results for RCP26
on the left and RCP85 on the right. All variables averaged over years 2006-2099.

Fig. 8 Difference in the annual average mixed layer depth
in the Southern Ocean between FWF and CTRL, averaged
over 1850-1899.

The colder surface waters are likely to affect Earth’s

radiation balance by reduced outgoing longwave radia-

tion (OLR) and possibly an increase of albedo due to a

larger sea ice extent. These effects should be analyzed

further before a complete picture of the energy fluxes

can be given.

To see where the future difference in heat content

between the FWF and CTRL simulations (Figure 4c)

comes from geographically, we map the 21st century

average of the total surface heat flux anomaly (∆SHF)

under both climate scenarios in Figure 9 (top row). Pos-

itive values (red) indicate heat going into the ocean. We

see that the two main locations where anomalous heat

enters the ocean are the Atlantic north of 40°N and

the Southern Ocean between 130°W and 180°W. As ex-

pected from the net increase in global ∆OHU during

this period, the heat fluxes in these areas are not fully

compensated elsewhere.

The regions of positive ∆SHF coincide with regions

with a negative sea surface temperature anomaly (∆SST),

as shown in Figure 9 (bottom row). This is to be ex-

pected, as cooler SSTs result in reduced OLR, a larger

sensible heat flux from the atmosphere into the ocean

and a reduced outgoing latent heat flux as there is

less evaporation. Although in agreement with the cold

GMST anomaly of Figure 4a and the upper ocean heat

anomalies of Figure 7, it is remarkable that ∆SST is

nowhere strongly positive.

To summarize some of the previous results, we pro-

pose the following storyline explaining the relation be-

tween ∆GMST and ∆OHC between 1850 and 2100.

During the historical period, deep sinking around Antarc-

tica is reduced due to the extra freshwater coming off

the AIS, effectively warming the deep Southern Ocean

from the start of the simulations and the other basins

on an advective timescale. The surface waters as well as

the GMST become anomalously cold, showing a nega-

tive trend over the whole historical period. If this is only

an internal redistribution of heat remains an open ques-

tion, as the effects on e.g. sea ice extent are not studied
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here. When the climate starts to warm at the end of the

20th century, the colder upper ocean can take up heat

more efficiently in FWF, as shown by the increased sur-

face heat fluxes over regions with colder SSTs. This is

accompanied by a recovery to zero of both upper ocean

temperature anomalies as well as ∆GMST. The anoma-

lous global ocean heat uptake of 60 ZJ by 2100 resides

for the most part in the deep ocean.

4 AMOC - meridional density gradient

Many modeling and theoretical scaling studies suggest

that changes in the AMOC can be understood in terms

of a simple causative relation between AMOC and the

meridional density gradient [Rahmstorf [1996], Thorpe

et al [2001]]. The rational behind this comes from scal-

ing of the thermal wind relation which leads, under

some assumptions carefully reviewed by Boer et al [2010],

to

AMOC =
gH2

ρ0f0
∆ρ, (1)

where ∆ρ is the meridional density difference across the

basin, H is the scale depth, ρ0 is a reference density and

f0 is a typical value for the Coriolis parameter.

Different closure schemes for the scale depth, often

assumed to be equal to the thermocline depth, have

been suggested. The simplest approach, assuming H to

be constant, leads to a linear relation between AMOC

and ∆ρ. The thermocline depth does not have to be

constant however, and if it is dependent on ∆ρ as a

result of the flow, a nonlinear relation between over-

turning and meridional density difference emerges. It is

not within the scope of this work to give a thorough

exposition of all the different scaling relations existing

in the literature, instead the reader is referred to Boer

et al [2010] and Butler et al [2015] for recent overviews.

Figure 10 shows the correlation between our AMOC

index and ∆ρ, here defined as the potential density dif-

ference at 1000 meters depth between a Northern (50-

55N) and Southern (35-40S) Atlantic box. It shows a

quasi-linear relationship over the full range of density

change, but with significant departures, especially for

RCP26 and for AMOC strengths between 9 and 14 Sv

in RCP85, corresponding to the 2nd half of the 21st

century (Fig. 2).

At this stage we are unable to attribute the depar-

tures from linearity to any specific process. Boer et al

[2010] argues that the positive correlation might break

down when a remote influence effects the depth of the

overturning but not the meridional density gradient,

and mentions changes in Southern Ocean wind stress or

AABW formation rate as examples. Butler et al [2015]

Fig. 10 Scatterplot of annual average AMOC index versus
∆ρ, the annual average potential density difference at 1000
meters depth between a Northern Atlantic box (50-55N) and
a Southern Atlantic box (35-40S). CTRL data only.

show that strong correlations between AMOC and ∆ρ

are robust in steady state or under low frequency varia-

tions, but don’t hold for high frequency, high amplitude

transitions. The fast and strong decrease of AMOC as

here in RCP85 might be such a transition that intro-

duces a time lag between the two quantities.

5 Climate Sensitivity

Equilibrium climate sensitivity (∆T2x) is defined as the

equilibrium global mean surface air temperature change

in response to the radiative forcing caused by a dou-

bling of the CO2 concentration (F2x). ∆T2x can be esti-

mated directly from a climate model experiment where

an inital steady state is perturbed by doubling the CO2

concentration and the model is run until a new steady

state is reached. This is not practical in state-of-the-art

coupled models, as it takes thousands of years for the

oceans to adjust.

Instead, we try to estimate climate sensitivity by the

method proposed in Gregory et al [2004]. In general, the

response of the climate system to a radiative forcing F

can be assessed with a heat balance

N = F − α∆T (2)

where N is the net heat flux at the top of the atmo-

sphere (Wm−2, positive downward), ∆T is the global

mean surface air temperature change (K) and α is the

climate feedback parameter (Wm−2K−1), assumed to

be constant over a large range of climate states and
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Fig. 11 Annual average top-of-atmosphere radiative imbalance N versus GMST change since 1850 in the RCP85 experiments
for both FWF (left) and CTRL (right), for the years 2120-2199 for which CO2 was held constant. The red line is a least square
linear regression to this data.

forcings. From the models’ output, N and ∆T can be

directly calculated, but it is not straightforward to ob-

tain F . If the forcing agent is constant in time (say, a

fixed CO2 concentration), the radiative forcing F can

be assumed to be constant and a plot of N versus ∆T

should result in a straight line, with a N -intercept of F

and a slope equal to −α.

In RCP26 the radiative forcing F is continuously

varying and this method is not applicable. However, in

the RCP85 experiment, the CO2 concentration is held

constant after 2120, and therefore provides a case to

estimate climate sensitivity.

Figure 11 shows a scatterplot of the top-of-atmosphere

radiative imbalance versus the global mean tempera-

ture change for the years where CO2 is held constant.

Linear regressions give the climate feedback parame-

ters and combined with a standard “doubling” radiative

forcing F2x of (3.74± 0.04) W m−2, we estimate equilib-

rium climate sensitivities of ∆T2x,FWF = (4.5± 0.5) K

and ∆T2x,CTRL = (4.2± 0.5) K.

These values are consistent with the equilibrium

climate sensitivity of 4.10 ◦C reported by Meehl et al

[2013] for the CESM configuration used for CMIP5. Be-

cause of the large uncertainty in the slope of the regres-

sion, we cannot detect a significant difference between

the sensitivities found for FWF and CTRL.

6 Summary and Discussion

Using past and future simulations of the state-of-the-art

Community Earth System Model, we studied the effects

of a best estimate of ice sheet freshwater forcing, that

was based on the most recent observational reconstruc-

tions and modeling efforts. Apart from the recently ob-

served increased outflow of the Amundsen basin, we did

not include future changes in iceberg calving for either

ice sheet.

We showed that compared to control experiments,

the positive AIS freshwater anomaly during the histor-

ical period reduces deep convection in the Southern

Ocean, effectively warming the deep ocean, while the

surface waters become anomalously cold. The question

if this is just an internal redistribution, or that also the

radiative balance is affected (e.g. by changes in the out-

going longwave radiation or sea ice extent) could not be

answered and needs additional study.

Our results suggest that the perturbation around

Antarctica influences the deep ocean on a global scale,

although with a delay of a few decades. This lag is about

as large as the total length of the experiments in Stam-

mer [2008], who concluded from an ocean-only freshwa-

ter experiment that the global ocean is less sensitive to

perturbations in surface buoyancy fluxes imposed to the

Southern Ocean compared to the North Atlantic. Here

the AIS freshwater anomaly of ∼0.01 Sv is present for

150 years in the absence of other large perturbations,

which makes its effects visible in the heat content of all

basins.

Due to the buildup of anomalously cool surface wa-

ters around year 2000, the anomalous surface heat flux

into the ocean is positive during the 21st century. Be-

cause the heat content of the deeper ocean does not

change a lot, there is a net heat uptake of the global

ocean of ∼60 ZJ. While not the subject of this study,

this uptake of heat would also be very relevant for global

sea level rise.
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The AMOC showed a slight additional reduction

during the FWF experiments, but the overall impact

of the freshwater anomaly on AMOC stability is small.

The anomalous freshwater forcing from the GrIS had a

maximum of 0.035 Sv under RCP85, comparable with

the weakest freshwater perturbations in the hosing ex-

periments of Hu et al [2009] using CCSM3 and the

SRES A1B climate scenario. We can confirm their con-

clusion that under such small freshwater perturbations,

the ocean surface warming caused by the increase in

greenhouse gas concentrations is dominant for the evo-

lution of the AMOC.
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