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  MEDITERRANEAN 
OUTFLOW: ACROSS 

THE GLACIAL 
TERMINATION 

 

      The meltdown of the Greenland ice cap could reduce the formation of 

deep water in the North Atlantic thereby slowing down the Atlantic 

Meridional Overturning Circulation (AMOC). A reduced overturning might 

sub sequentially affect the climate of Western Europe. On glacial to 

interglacial timescales strengthened MOW provided a negative feedback 

to North Atlantic freshening boosts quickly rebooting a reduced or inactive 

AMOC. The last glacial to interglacial transition has witnessed several rapid 

transitions in overturning induced by these changes in the northern 

salinity budget. This study therefore aimed to reconstruct the density (and 

strength) of the MOW across the last termination. Trace elemental and 

clumped isotope temperatures extracted from benthic foraminifera 

preserved in deep sea sediments in the Gulf of Cadiz provided a high 

resolution salinity record of the lower core of MOW over the last 21,000 

years. Although bottom water salinity was higher in the LGM the lower 

core reduced in density across the cold H1 and YD stadials. Furthermore 

stagnation of the water column during the deposition of S1 resulted in a 

complete shutdown of the lower core of MOW. The deeper branch of 

Mediterranean Outflow is thus concluded to be incapable of sustaining 

overturning across the last termination. Additional research should 

nevertheless aim on reconstructing both the lower and the upper core of 

outflow. The upper core might turn out to be more influential. An accurate 

reconstruction of the MOW its flow path and insights into the influence of 

the Iberian delta on the regional hydrography can resolve several 

uncertainties. Improvements of the Mg/Ca and clumped isotope 

thermometry are required in order to further increase the accuracy of the 

bottom water temperature reconstructions. Moreover, epifaunal benthics 

supplied the most accurate temperature reconstructions. 
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1. Climate change and the AMOC 
 
In May this year atmospheric CO2 reached concentrations of over 400 ppm [NASA]. Although this is 
just a meaningless number to many, to some it proves the extent to which mankind can force 
atmospheric and consequential climatic change. Earth’s climate is warming and the most recent IPCC 
report states that the cause of this warming is extremely unlikely to be the result of natural 
processes alone. One of the main impacts of this warming is the rapid meltdown of ice stored on and 
around Greenland. The subsequent sea level rise is already known to affect the coastal habitability in 
Europe. It is predicted that by the year 2300 the sea level in the North Sea will have risen by 50-200 
cm [Slangen et al., 2012]. Furthermore, state-of-the-art climate models project a gradual decline of 
the strength of the Atlantic Meridional Overturning Circulation (AMOC) [IPCC AR5, 2013]. The AMOC 
is a key component of Earth’s climate [see section 1.1]. 

The aim of this study is to infer to what extent the Mediterranean Outflow sustained or even 
promoted the strength of the AMOC across the last glacial to interglacial transition. The 
Mediterranean Outflow is a relatively dense water mass that enters the North Atlantic Ocean 
through the strait of Gibraltar (Fig. 1). In order emphasize the importance of this water mass in 
relation to the AMOC, some background information is required. In the next section of this chapter, 
the dynamics of Atlantic overturning are briefly introduced. Furthermore, both the cause for and the 
consequences of a reduced AMOC are clarified. In section 1.2 AMOC dynamics in relation to past 
climate transitions are introduced. The aims of this study are introduced in chapter 2. 
 

 
 

Figure 1: Simplified sketch of global ocean circulation (zone of AMOC highlighted in yellow). Near-surface waters (red) 
flow towards four main deep-water formation regions (yellow ovals; the Labrador and Greenland-Iceland-Norwegian 
(GIN) Seas in the North Atlantic and the Weddell and Ross Seas in the Southern Ocean) and recirculate at depth (deep 
currents shown in blue, bottom currents in purple). Especially in the Southern Ocean deep water is returned to the 
surface. Green shading indicates salinity above 36‰, blue shading indicates salinity below 34‰. The location at which 
the Mediterranean Outflow enters the Atlantic Ocean is highlighted in red [adapted from Rahmstorf, 2002].  

 

1.1. Dynamics and consequences of changing AMOC 
 
The AMOC can be subdivided in five oceanographic subdivisions which act within the oceanic part of 
the yellow grid box in Figure 1. First, trade winds drive a regular current system in the upper layers of 
the ocean, forced by the sun and spinning of the Earth, which sustains a net transport of warm (red) 
waters to the north along with the Gulf Stream and the North Atlantic Current (NAC).  

Second, warm water releases its accumulated heat in the North Atlantic and consequentially 
increases in density after which it sinks down. Descending water (blue) accumulates as North Atlantic 
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Deep Water (NADW) along the continental margins of the Labrador and GIN Seas in relation to deep 
convection [Marshall and Scott, 1999; Spall and Pickart, 2001]. 

Third, in the Southern Ocean, deep water is brought to the surface due to vigorous Ekman 
pumping induced by westerly winds [Döös and Coward, 1997; Rintoul et al., 2001; Gnanadesikan and 
Hallberg, 2002] and the Drake Passage Effect [Toggweiler and Samuels, 1995; Kuhlbrodt et al., 2007]. 

Fourth, in the Weddell and Ross Seas, the density of Antarctic Circumpolar Current (ACC) 
water becomes even higher than in the north when confronted with brine formation induced by 
Antarctic katabatic winds [Aagard, 1981]. This Antarctic Bottom Water (AABW) thus descends to 
larger depths than the NADW. Nevertheless, AABW (purple in Fig. 1) returns to the surface south of 
the equator as a result of diapycnal mixing [see 
Garrett and St. Laurent, 2002; Wunsch and 
Ferrari, 2004; Kuhlbrodt et al., 2007]. 

Fifth, the deep NADW current flows 
from the North Atlantic to the Southern Ocean 
forced by a horizontal pressure gradient. This 
gradient is driven by net upwelling in the 
Southern Ocean [Toggweiler and Samuels, 
1993, 1995, 1998; Samelson, 2004]. A depth 

cross section of AMOC further emphasizes 
these five subdivisions (Figure 2). 

The AMOC thus exerts a strong control 
on the stratification and distribution of water 
masses, the amount of heat that is transported, 
and sub sequentially the cycling and storage of 
chemical species such as carbon dioxide in the 
deep sea. Clearly, the AMOC is a key component of Earth’s climate system.  

Near-surface water freshening due to ice melt, to precipitation and mid-latitudinal warming 
is projected to reduce the strength of AMOC especially in relation to a decrease in the formation of 
NADW [IPCC AR5, 2013]. Ice melt, for example, can potentially increase the stratification in the North 
Atlantic Seas preventing deep convection [Kuhlbrodt et al., 2007]. A reduction in the strength of 
AMOC has several consequences which underline the importance of studying AMOC dynamics.  

At present, the Gulf Stream and the NAC are responsible for about 1 PW of yearly heat 
transport to the North Atlantic [Hall and Bryden, 1982; Ganachaud and Wunsch, 2000; Trenberth and 
Caron, 2001]. This heat transport drives a predominant mild climate in northwestern Europe. A 
reduction in the strength of AMOC could reduce this comfort as shown in Figure 3 [Maslin et al., 
2001; Winton, 2003]. Furthermore it could have strong implications for the El Nino-Southern 
Oscillation phenomenon [Timmermann et al., 2005] and the position of the Intertropical 
Convergence Zone [Vellinga and Wood, 2002]. Moreover it could lower the uptake of CO2 by the 
deeper ocean due to an increased stratification in the North Atlantic [Maier-Reimer et al., 1996; 
Sarmiento and Le Quéré,1996; Marchal et al., 1998; Matear and Hirst, 1999; Joos et al., 1999; 
Plattner et al., 2001; Ewen et al., 2004; Obata, 2007; Zickfeld et al., 2008] and a decrease in the 
biological pump [Maier-Reimer et al., 1996; Sarmiento and Le Quéré, 1996; Marchal et al., 1998; Joos 
et al., 1999; Plattner et al., 2001; Schmittner, 2005; Schmittner et al., 2007]. A reduced AMOC could 
in the end even have implications for the marine ecosystem in the North Atlantic [Schmittner, 2005].  

Nevertheless, the trustworthy of the modelled projections is in dispute due to the profound 
error margins. There are several reasons for these uncertainties. 

First, the fundamental process behind deep water formation in the North Atlantic is not yet 
perfectly understood. This is partly due to the fact that oceanographic research in the North Atlantic 
is mostly limited to the summer season. Models a priori lack a perfect parameterization of the sinking 
branch of AMOC, although progress is being made [Straneo, 2008; Spall, 2010; Gelderloos et al., 
2011, Våge et al., 2013]. Moreover, modelling studies in general suffer from errors induced by the 
coarse resolutions which hamper the accuracy of the physical simulations.  

Figure 2: Meridional box model of the two cells of 
overturning (AABW and NADW) with light Intermediate 
Waters (IW) on top. Lines indicate isopycnal surfaces with 
respective densities. Dense-to-light conversion induced by 
diapycnal mixing occurs at the open circles. Wind-driven 
upwelling is indicated by dotted circles. NADW formation is 
mainly driven by buoyancy fluxes [Kuhlbrodt et al., 2007].  
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Another problem is the lack of an understanding of the sensitivity of AMOC under different 
boundary conditions. The dynamics of AMOC as summarized in section 1.1 are very simplified. 
Especially the relationship between the AMOC and the Northern ice sheet dynamics is determined by 
more than just the melting of ice. In fact together with the climate in the North Atlantic the three 
systems closely interact and intertwine, making it a complex system quite hard to comprehend when 
only deducing present observations. 
 

 
Figure 3: Changes in surface air temperature caused by a shutdown of NADW formation in a current ocean-atmosphere 
circulation model. Note the hemispheric see-saw (Northern Hemisphere cools while the Southern Hemisphere warms) 
and the maximum cooling over the northern Atlantic. Deep water formation sites are not realistically simulated due to 
the coarse resolution.  

 
Another approach to gain a better understanding of the sensitivity of AMOC is by looking into the 
past; the geological archives. Through stratigraphic conversion of depth to age, these archives 
provide insights into past AMOC dynamics. Two fundamental geological archives are the deep marine 
sediment and the ice core record. 

Deep marine sediments have accumulated over a range of millions of years and even older 
marine sediments have returned to the land induced by plate tectonics. Sediments contain endless 
fossils, organic substances and trace elements. These contents reflect specific quantities of the paleo-
environment (e.g. temperature, salinity and oxygenation). Evidently, in order to reconstruct the 
paleo-environment one has to relate content to a specific quantity. By doing so, environmental 
proxies are established. 

Apart from water vapour, the precipitation of ice on both the Northern and the Southern 
Hemisphere also takes up other gases (e.g. CH4 and CO2) from the atmosphere. Similar to the deep 
marine proxies, these gases can be used to reconstruct the atmosphere of the past. 

Studies of both archives [Bond et al., 1992; Maslin et al., 2001; Clark et al., 2002; Rahmstorf, 
2002; McManus et al., 2004] suggest that there have been completely different Atlantic circulation 
dynamics in the past. Furthermore, transitions between two relatively stable states of climate 
occurred within relatively short periods of time. The next section provides a detailed description of 
the past AMOC states in relation to these climate transitions. 
 

1.2. Climate transitions in the past: different states of AMOC 
 
In Figure 4 the most important climate transitions of the Quaternary Period have been summarized. 
The events highlighted in yellow have been fundamental for the climate as it is today. The transitions 
highlighted in red are most relevant for this study since global warming might result in similar 
transitions in the future (see section 1.2.2). In the next section events in climate from 10 Ma up to 
100 ka, are briefly described. 
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1.2.1. The Late Quaternary climate: glacials and interglacials 

 
Figure 4: Climate events in the Quaternary Period. Will global warming induce rapid climate transitions as has happened 
in the past? 

 
The AMOC as it is known today developed around 10 Myr ago with the initiation of NADW formation 
in response to the closure of the Panama gateway [Nisancioglu et al., 2003]. In relation to this 
closure, but especially due to a global cooling trend which started around 50 Ma, ice accumulation 
initiated on Greenland between 10 and 6 Ma [Jansen et al, 1990; Wolf and Thiede; 1991; Jansen and 
Sjoholm, 1991; Wolf-Welling et al, 1995]. A review by Maslin et al. in 2001 provides a summary of the 
processes that led to this global cooling trend.  
 Around 2.75 Ma northern ice sheets reached a substantial size [Raymo, 1994; Maslin, 1998] 
and started to interfere with the climate system. Changes in incoming solar radiation initiated phases 
of net ice growth and melt; glacials and interglacials or deglaciations. It is widely accepted that 
natural variability in the orbital parameters forced these changes in insolation [Milankovitch, 1949; 
Hays et al., 1976; 1984; Ruddiman and Mclntyre, 1981; Imbrie et al, 1992; 1993; Berger and Loutre, 
1991; Laskar, 1990]. Up around 1 Ma, a glacial to interglacial transition took place every 41 kyr, after 
which the transitions took place roughly every 100 kyr. This change in periodicity has been related to 
an increase in the stability of the northern ice sheets and is defined as the Mid-Pleistocene 
Revolution [see further Maslin et al., 2001]. 

It should be noted that although the Northern Hemispheric ice sheets have witnessed 
periods of both waxing and waning, the Antarctic ice sheet has remained relatively stable over the 
last 2.5 Myrs [Maslin et al., 2001, Ruddiman, 2008]. 

Thus, orbital forcing triggered the start of both a glacial and interglacial climate state. A 
sequence of internal feedback mechanisms is suggested to translate this external force into a global 
change in climate. The conventional view is that ice initially starts to build-up on the northern 
continents at times of cool northern summers [Milankovitch, 1949]. Next, the northern ice sheet 
produces its own sustainable environment primarily by increasing the albedo [e.g., Hewitt and 
Mitchell, 1997]. The third stage is when the ice sheets become big enough to deflect the atmospheric 
planetary waves [COHMAP, 1988]. This changes the storm path across the North Atlantic Ocean and 
prevents the warm and saline Gulf Stream to penetrate as far north as today. The sub sequential 
decrease in northward surface currents prevents warm and saline water from entering the Nordic 
Seas which ultimately reduces the production of deep water [Broecker, 1991]. This in turn reduces 
the amount of water pulled northwards. All of which leads to an increased cooling of the Northern 
Hemisphere and further expansion of the ice sheets. The gradual build-up of ice is accurately 
recorded by proxy records within the Greenland ice sheet (see Fig. 5 in section 1.2.2). 

Secondary feedback mechanisms induced by the carbon, methane [Sigman and Boyle, 2000] 
and water vapour [Lea et al., 2000] cycles, help drive the system towards the maximum possible 
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glacial conditions. Naturally as warm surface water is forced further and further south, supply of 
moisture that is required to build ice sheets decreases which prevents the feedback systems from 
becoming a ‘run-away’ effect [Maslin et al., 2001]. 

Due to the fact that ice sheets are naturally unstable [Dowdeswell et al., 1999] feedback 
mechanisms are constantly altering direction during the whole glacial period. This instability is likely 
responsible to the relatively rapid secondary oscillations within the glaciations [Maslin et al., 2001]; 
the Dansgaard Oeschger cycles and Heinrich events. The next section is addressed to these 
secondary climate oscillations. 
 
1.2.2. Secondary climate oscillations: Heinrich and Dansgaard-Oeschger events 

Two figures help to explain the Late Quaternary rapid climate transitions. Figure 5 shows the glacial 
to interglacial transitions over the last 1 Myrs. Note that δ18O is a proxy for ice volume with low 
values corresponding to relatively low ice volume on the poles [see section 3.2]. The dashed line is 
defined as the maximum stable ice volume on the Northern Hemisphere [see Denton et al., 2010]. 
Most terminations (T) take place after the build-up has reached this ‘stability threshold’. 
Furthermore, most terminations occur in response to maxima in summer insolation on the Northern 
Hemisphere. 
 

 
 

Figure 5: Glacial to interglacial transitions over the last 1 Ma constructed with the LR04 stack [Lisiecki and Raymo, 2004]. 
Δ18O is negatively related to ice volume on the poles. The dashed-line represents the maximum stable volume of ice on 
the Northern Hemisphere. T1 to T4 stand for the last four glacial terminations [Adapted from Denton et al., 2010]. July 
insolation 65°N matches the general transitions [Laskar, 1990]. 

 
Figure 6 zooms in on the last glacial to interglacial transition. At first, it is observed that although the 
glaciation phase is relatively long, deglaciation occurs within roughly 4 kyrs. Second, a series of 
Dansgaard-Oeschger (D-O) and Heinrich (H) events precede the transition towards the present 
interglacial climatic state. Third, H1 and the Younger Dryas (YD or H0) occur within a period of 4 kyrs 
alternated with the warm Allerød/Bølling event (D-O 1). Last, the D-O cycles have the tendency to 
occur at intervals of 1,470 years or multiples thereof [Rahmstorf, 2002] 
 

 
Figure 6: Temperature reconstructions from ocean sediments and Greenland ice. Proxy data from the subtropical Atlantic 
(green) [Sachs and Lehman, 1999] and from the Greenland ice core GISP2 (blue) [Grootes et al., 1993] show several 
Dansgaard–Oeschger (D/O) warm events (numbered). The timing of Heinrich events is marked in red. Grey lines at 
intervals of 1,470 years illustrate the tendency of D/O events to occur with this spacing, or multiples thereof [Adapted 
from Rahmstorf, 2002]. 
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Long glaciations, short deglaciations and secondary rapid transitions are characteristic for every Late 
Quaternary glacial to interglacial transition [Denton et al., 2010]. Several hypotheses have been 
brought forth to explain the Late Quaternary glacial to interglacial transition. In the next paragraphs 
the most accepted and evidenced ones are described starting with the D-O cycles. From this point 
onwards it continues with the Heinrich events and ends with the glacial to interglacial transition. 
Note that the AMOC is closely related to these secondary climate transitions. 

D-O cycles, first discovered by Dansgaard et al. in 1993, are the most pronounced climate 
changes that have occurred during the past 120 kyr. They are not only large in amplitude, but also 
occur quite abrupt. In the Greenland ice cores, D-O events start with an interstadial (a warm period 
within a glacial); a rapid warming by 5-10°C within at most a few decades, often followed by a 
plateau phase with slow cooling, lasting several centuries, and ending with a more rapid drop back to 
cold or stadial (a cold period within a glacial) conditions (Fig. 6) [Rahmstorf, 2002]. 
 The trigger for a D-O event is likely an astronomical forced change in insolation on a sub-
milankovitch scale [Broecker, 1994]. In this case, rapid warming in the North Atlantic results from a 
northward intrusion of warmer subtropical Atlantic waters into the Nordic Seas. These waters induce 
an increased melting of the Greenland ice sheet, after which the AMOC slows down [Stommel, 1961; 
Broecker, 1990]. Next, because a reduced AMOC draws less heat from the Southern Hemisphere 
[Maslin, 2001] the North Atlantic climate cools down causing the plateau cooling in Fig. 6. Reduced 
deep water formation at the same time forces a salinity build up in the Nordic Seas which potentially 
restores deep water formation and thus the AMOC after a D-O event [Broecker, 1990]. This process 
resets the climate to its previous glacial state of ice-buildup. 

The fact that the North Atlantic draws heat from the south has already been emphasized in 
section 1.1. Once the AMOC shuts down, the North Atlantic cools while the South Atlantic warms 
(Fig. 3). Records from both hemispheres show that this heat piracy [Maslin, 2001; Rahmstorf, 2002] 
has also taken place during the glacial climate [Stocker, 1998; Denton et al., 2010]. Phase relations 
show that a change in the North Atlantic always precedes a change in the South with a delay in the 
order of hundreds to thousands of years. Furthermore this response is reversed with respect to the 
North Atlantic climate change. The timing of this delay emphasizes the control of the deep AMOC 
since it is comparable to the residence time of deeper water [Maslin, 2001; Bigg and Martin, 2000; 
Manabe and Stouffer, 1995]. Evidently, the AMOC transfers a change in insolation into a change in 
global climate. 
 D-O events show similar behavior in both glacial and interglacial periods [Maslin et al., 2001; 
Rahmstorf, 2002]. Nevertheless, the striking difference between both climatic states is the 
occurrence of Heinrich events within the glacial periods. Heinrich events have been first encountered 
as distinctive peaks in ice-rafted debris (IRD) within sediment cores of the North Atlantic [Heinrich et 
al., 1988]. In the North Atlantic they occurred simultaneously with peaks in specific cold polar marine 
micro-organisms (N. pachyderma, sinistral) down to latitudes that experience subpolar to tropical 
climates at present. Proxy records in the Greenland ice cores suggest a further 3-6°C drop in 
temperature from the already cold glacial climate during these events [Bond et al, 1993; Dansgaard 
et al, 1993]. Heinrich events are best explained as intense ice rafting pulses primarily related to a 
collapse of the Laurentide ice sheet [Bond et al., 1999]. Simultaneous cooling in the South Atlantic 
during the first years of a Heinrich event is presumably related to these pulses.  

Heinrich events have been suggested to be caused by a combination of an internal and 
external forcing mechanism. An internal forcing mechanism could have been triggered at times when 
northern ice sheets reached a maximum stable volume. At maximum volume, geothermal energy 
could no longer escape the base of the ice sheet. The only possibility to escape was then by heating 
the base of the ice sheet resulting in a massive collapse of ice bergs, as explained by the binge-purge 
model [MacAyeal, 1993]. 

Another internal forcing mechanism is related to the D-O events. The additional melting in 
the Nordic Seas during a warm D-O excursion would have increased the regional sea level. An 
increased regional sea level supposedly calved and thus melted the Laurentide ice sheet from 
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underneath [Maslin et al., 2001]. This sea level feedback is extremely rapid [Fairbanks, 1989] and 
sequential D-O surging events might have eventually triggered the threshold for ice collapse.  

In relation to the massive discharge of ice bergs, a Heinrich event forced cooling in the South 
Atlantic and a shutdown of the AMOC. During glacial times with ice coverage extending further 
south, deep convection sites likely shifted towards the mid-latitude in response to such an event 
[Rahmstorf, 1994; Toggweiler and Samuels, 1998]. The relocation of deep water formation regions 
might have initiated a restart of southern heat piracy after an event of total ice collapse [Ganopolski 
2001]. This would have restored the AMOC to a pre-Heinrich state. 

Another hypothesis which explains the recovery of AMOC after a Heinrich event is related to 
deep water formation on the Southern Hemisphere. After the initial Heinrich cooling, the South 
Atlantic warms up due to a shutdown of AMOC, which results in a decrease of AABW formation. This 
feedback supposedly helped restoring northern deep water formation by forcing an increased 
pressure gradient towards the North Atlantic [Maslin, 2001]. This hypothesis does, however, imply 
that is less stable than assumed. Recent evidence suggests that Antarctica might indeed be more 
subjective to millennial climate change [Cook et al. in 2013]. 

So far we have seen that D-O events initiated periods of reduced AMOC which had a global 
climatic impact [Clarke et al., 1999]. Furthermore the D-O events have a pronounced periodicity 
presumably induced by insolation forcing on sub-milankovitch scale. Also, in glacial times a 
combination of both several D-O surging events and the binge-purge model, likely preconditioned 
the northern ice sheets towards a Heinrich event. It, nevertheless, remains remarkable what 
ultimately drives deglaciation. Furthermore, it is not yet well constrained what mechanism is 
responsible for a restart of the AMOC after a Heinrich event and/or termination. In the next section 
these features are further envisaged. 
 
1.2.3. The last glacial to interglacial transition: the role of the carbon cycle 

As previously mentioned, a termination event is related to both maximum external forcing and a 
maximum volume of the northern ice sheets. When ice sheets have reached a volume close to their 
maximum and a threshold initiates melting, all feedback systems are thrown in reverse [Maslin et al. 
2001]. Furthermore, the natural instability of ice sheets implies that ice melt is more rapid than ice 
growth [Maslin et al., 2001; Ruddiman, 2008]. Still, this does not explain why not every D-O warming 
triggered deglaciation. 

The last warm excursion preceding the deglaciation is the highest recorded over the last 
glacial period. Moreover, this Allerød/Bølling event occurred immediately after H1. It is thus 
hypothesized that by the time the YD set in, in response to a shutdown of the AMOC, too much ice 
had already melted down for ice build-up to resume. Furthermore, a maximum increase in insolation 
allowed atmospheric CO2 to rise towards a concentration high enough to provide a strong global 
warming feedback [Anderson et al., 2009]. The greenhouse level in our present climate stabilizes the 
northern ice sheet in such a way that Heinrich-like events are prevented from taking place [Maslin et 
al., 2001]. 

Summing up, ever since the development of NADW, the AMOC is a major component of the 
climate system. Whenever insolation changed, the interaction between the northern ice sheets and 
the AMOC translated this forcing towards a global change in climate. Depending on the magnitude of 
the trigger the climate system quickly moved from one setting to the other as visualized by figure 4. 
Every state of climate corresponded to a specific state of AMOC. Although the AMOC is relatively 
stable at present, it has known different states in the past [Sarnthein et al., 1994; Alley and Clark, 
1999].  
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Simplified, these can be defined as stadial, interstadial and Heinrich mode. In the interstadial or 
warm mode, NADW formed in the Nordic Seas. Second, in the stadial or cold mode NADW formation 
reduced or shifted towards the subpolar open North Atlantic or south of Iceland. Last, in the Heinrich 
or off mode NADW formation all but ceased and AABW filled the deep Atlantic basin. Still, this 
theorization is very simplified. Furthermore, evidence that these states in AMOC have indeed 
occurred is predominantly theoretical. Several phenomena are still very poorly constrained. For 
example, it is not yet perfectly constrained what drove a change from Heinrich mode back towards a 
stadial mode or even interstadial mode over a termination event [Voelker et al., 2006]. 

Several mechanisms have been suggested to be controlling this phenomenon. These ideas, 
when proven, can fill in the gaps of our understanding of the AMOC and therefore the climate 
system. In the next chapter one of these ideas, involving the Mediterranean Outflow, is introduced. 
 

2. Filling in the gaps: The Mediterranean Outflow 
 

In the previous chapter the control of the AMOC on climate has been emphasized. Studying this 
control is fundamental in order to develop future climate scenarios. In this view, especially the rapid 
transitions across the last termination (20-10 ka) are important to investigate.  

North Atlantic circulation has played a key role in these rapid climate oscillations [Boyle, 
2000] (see section 1.2.2). The strength of overturning reduced by 30-40% in the Last Glacial 
Maximum (LGM) (20 ka) and completely shut down during H1 (18-15.5 ka) [McManus et al., 2004; 
Hemming, 2004]. Furthermore, in 1,400 years overturning almost restored to its full capacity, 
synchronous with the Bølling warming event (14.7-12.7 ka) [Cronin, 1999]. A similar rapid transition 
from reduced overturning towards interstadial (or warm) overturning took place subsequent to the 
Younger-Dryas [McManus et al., 2004]. 

Up to now it remains puzzling how overturning could resume within 1,400 years of a 
complete shutdown. Furthermore, it is striking that synchronous with this restart, North Atlantic 
temperatures returned to LGM values. From a physical point of view, the North Atlantic climate can 
warm only after overturning and thus southern heat piracy has regained its previous strength. 
Several oceanographic mechanisms have been proposed to explain this remarkable phenomenon. 

Figure 7 (left) four states of Late Quaternary climate ranging from a severe Glacial to a warm Interglacial. The forcing 
mechanism (insolation) initiates the climate state through a series of rapid climate transitions. For example, an increased 
forcing in a severe glacial can move the climate into a mild glacial. Whether or not this happens depends on the occurrence 
of D-O cycles and a Heinrich event [Maslin et al., 2001]. Right: these transitions closely interact with the AMOC. The ridge 
in the north represents the sill between the Norwegian Sea and Denmark. A warm overturning corresponds to the present 
interglacial climate. A cold overturning corresponds to the glacial overturning with NADW further south. An off mode 
corresponds to a Heinrich event [Rahmstorf, 2002]. 
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Unfortunately, a relocation of NADW (section 1.2.2) has up to now not been proven. The same 
applies for the theory regarding an increase in AABW in response to a Heinrich event (section 1.2.2). 

Another mechanism capable of quickly restoring the strength of overturning is one that 
amplifies the density in the North Atlantic. Especially a re-supply of salinity is crucial in order to 
remove the freshwater caps after H1 and the YD, since temperatures were already very low due to 
the melting of icebergs [Stommel, 1961; Broecker, 1990; McManus et al., 2004; Munk & Wunsch, 
1998]. It might be that the freshwater cap gradually attracted this warm saline water from the South 
[van Kreveld et al., 2000]. The accompanied heat would then have additionally warmed the North 
Atlantic climate. This mechanism would switch the AMOC from an off into a warm mode (Fig. 4). 

Salt advection from the Caribbean [Schmidt et al., 2004] and Indian Ocean [Knorr and 
Lohmann, 2003] has also been proposed to sustain the deep water formation in the North Atlantic 
during glacial retreat. Yet another density amplification mechanism is proposed to be related to the 
Mediterranean Outflow (MOW) [e.g. Rahmstorf, 1998; Bigg 
et al., 2003; Rogerson et al., 2006; Ivanovic et al., 2013].  

The earliest hypothesis involving the MOW 
suggested that upon leaving the Gibraltar Straits, a core of 
MOW takes a direct northward flow path to the 
northernmost North Atlantic and GIN Seas, where it 
provides relatively saline water to convective regions 
[Reid, 1978, 1979]. Upon cooling, the relatively high-saline 
waters would contribute towards destabilization of the 
water column and thus drive local overturning. However, 
this deep source hypothesis has been disproved by model 
investigations [e.g. Stanev, 1992; Mauritzen et al., 2001; 
New et al., 2001] and observational data [e.g. Hill and 
Mitchelson-Jacbo, 1993; McCartney and Mauritzen, 2001; 
Bower et al., 2002] indicating that a deeper branch of 
MOW does not reach the Nordic Seas. On top of that, deep 
convection in the North Atlantic is preliminary controlled 
by interaction at the air-sea interface [Marshall and Scott; 
1999] making the effects of a deep saline influx likely 
irrelevant.  
 In response to this evidence, the shallow source hypothesis originated. According to this 
idea, MOW spreads predominantly westwards along the Iberian Margin and increases the salinity of 
the north-eastward flowing NAC through mixing at the interface of both the subpolar and subtropical 
gyre (see Fig. 8) [Hátún et al., 2005]. By increasing the salinity of the NAC, deep water formation 
intensifies [Kuhlbrodt et al., 2007].  

General circulation models (GCMs) generally agree on this mainly westward flow path along 
the Iberian Margin into the North Atlantic at depth [Rahmstorf, 1998; Bigg and Wadley, 2001; Chan 
and Motoi, 2003; Rogerson et al., 2010]. They estimated the contribution of MOW to NADW 
formation at roughly 10% [Rahmstorf, 1998]. However, uncertainty does remain regarding the extent 
to which MOW is capable of influencing the North Atlantic Current and global climate [Ivanovic et al., 
2013]. 

Nevertheless, there is strong model based [Bigg and Wadley, 2001; Rogerson et al., 2010] 
and proxy-based [e.g. Rogerson et al., 2006, 2010; Voelker et al., 2006; Penaud et al., 2011] evidence 
which suggests that across the last glacial to interglacial transition, strengthened MOW provided a 
negative feedback to North Atlantic freshening boosts quickly rebooting a reduced or inactive AMOC. 
Penaud et al., 2011 even proposes that MOW could be the trigger for switching between stadial and 
interstadial AMOC modes. An improved understanding of MOW in relation to overturning across the 
past millennial climate transitions could thus fill in the gaps in our understanding of the climate 
system. 

Figure 8: Surface transport across the North 
Atlantic and the Arctic Mediterranean: the 
green circle highlights mixing of the subtropical 
and subpolar gyres after which waters either 
flow towards the 1) Labrador Sea or 2) the GIN 
Seas [adapted Hátún et al., 2005]. 
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This study aims to validate to what extent MOW sustained overturning across the millennial 
transitions within the last glacial termination. Furthermore it aims to qualify the origin of the 
presumable changes in MOW strength within this interval. The next chapter contains a full 
description of the steps undertaken to fulfill these aims. 
 

3. Methodology 
 

The approach used to validate the control of MOW on overturning across millennial climate 
transitions is described in five sections. In section 3.1 both the strategies and studied site are 
introduced. Next, section 3.2 contains a full description of the applied proxies. In section 3.3 the 
sampling and proxy recovery is described. Section 3.4 continues with the methodology used to 
reconstruct bottom water salinity. Last, in section 3.5 the applied age model is explained. 
 

3.1. Strategies and studied site 
 
As mentioned in section 1.1, deep sea sediment cores have been fundamental for paleoclimatologic 
and oceanographic research. This study thus chose a similar approach. The properties of the MOW 
have been reconstructed across last glacial termination (0-21 ka) using three deep sea sediment 
cores. 

The cores have been obtained by IODP expedition 339 located off the coast of Portugal close 
to the strait of Gibraltar. At site U1390 (36°19.110’N, 7°43.078’W) (Fig. 9) three holes, U1390A, B and 
C, have been drilled at 993,4 mbsl (meters below seafloor) using an advanced piston corer and 
extended core barrel in order to correct for potential recovery losses. The depositional system at site 
U1390 has been subjected to very high rates of sedimentation over the past 5 Myrs directly forced by 
MOW [see chapter 4]. This resulted in a continuous high resolution record of Pliocene to Holocene 
times. The meters composite depth (mcd) scale for site U1390, which allows correlation of the three 
holes, has been based on correlation of magnetic susceptibility and natural gamma radiation. The 
correlation is stated to be relatively straightforward down hole for the studied interval [IODP 
Proceedings, 2013].  

Due to a scarce abundance of benthic foraminifera [see section 3.2; 3.3] the study primary 
focused on four key intervals: the LGM, H1, S1 and the Late Holocene. A high-resolution 
reconstruction of the MOW across these intervals both times and verifies the possible control of 
MOW on the restart of overturning after H1. Furthermore, a reconstruction of MOW across the 
deposition of S1 (10.8-6.1 ka) [De Lange et al., 2008] provides insight into the relation between deep 
water formation in the (Eastern) Mediterranean and the strength of (Western) MOW. Moreover, this 
comparison supplies information regarding the origin of the (proposed) changes in MOW strength 
across the termination. 

For every interval the salinity, temperature and flow strength are reconstructed using several 
proxies [see section 3.2]. The outcome of these reconstructions is related to the present hydrography 
of the MOW [see chapter 4]. 

The next section contains a description of the applied proxies. Note that this study for the 
first time applied both the Mg/Ca and clumped isotope temperature proxy. At the moment, both 
proxies still contain significant error margins [see section 3.2]. A combination of both proxies not only 
provides an accurate reconstruction of temperature but also additional insights into the origin of 
these error margins. 
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Figure 9: IODP Expedition 399 sites. Site U1390 is located in the Gulf of Cadiz close the Guadalquivir and Guadiana deltas 

[see chapter 4] [IODP Proceedings, 2013]. 

 

3.2. Applied proxies 
 

Several proxies are used in order to reconstruct the hydrographic characteristics of the MOW across 
the termination. In this study especially the remains of marine foraminifera have been analysed. 
Furthermore, grain size and magnetic susceptibility are analysed to indicate the strength of the 
MOW. In the next three sub-sections, both proxies involving the shells of marine foraminifera and 
proxies used to indicate flow strength are introduced. 
 
3.2.1. Stable isotopes 

The stable isotopic composition of both carbon and oxygen within well-preserved carbonate shells of 
foraminifera, unicellular marine organisms, has proven to be a decent proxy for environmental 
change. First, the stable oxygen isotope ratio δ18O is determined by changes in ice volume, local 
temperature and salinity as first emphasized by Epstein et al., in 1953.  

Ice formed on the poles mainly consists of the lighter water molecule, H2
16O, due to physical 

fractionation of water vapour during transport to the Polar Regions. Therefore, during periods of 
intense glaciation, the remaining composition of seawater is relatively enriched in H2

18O while the 
composition of ice on the poles is relatively enriched in H2

16O. The bulk ocean ratio of heavy to light 
oxygen isotopes, δ18Oseawater, is recorded by marine organisms that produce a test which consists of 
oxygen like carbonate. This way, records of past precipitated ice and carbonate fossils can be used to 
reconstruct changes in this ratio and therefore changes in ice volume.  
 Apart from bulk δ18Osw as controlled by ice volume, several local environmental parameters 
also influence the final incorporated ratio; the δ18Ocarbonate. Temperature significantly influences the 
kinetic and physical fractionation which favours incorporation of light oxygen isotopes. Moreover the 
local evaporation/precipitation balance together with the input of river systems puts another 
constraint on the amount of heavy to light isotopes available for nutrition. Since the same balance 
controls the local salinity of the water, the stable isotopic ratio has also been applied as salinity proxy 
[e.g. Pierre et al., 1999].  
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Especially in surface waters, the oxygen isotopic composition of calcifying organisms like 
planktic foraminifera can be locally different. Local river discharge supplies a flux of lighter oxygen 
and changes the salinity of the water. Moreover, temperature, evaporation and precipitation can 
vary extremely due to seasonality. This produces ‘noise’ or high variability in the recorded planktic 
δ18Oc. 

Therefore, when aiming to investigate long-term environmental and climate change, benthic, 
deep dwelling, and foraminifera have proven to be better candidates. The environments in which 
these calcifying organisms live are much less influenced by this noise. Environmental parameters are 
more stable due to the relatively slow buffering flow rate of deep water masses which is the only 
medium to transfer heat and nutrients. Sudden external fluxes of water do not influence the bulk 
δ18Ow composition and/ or change the deep water environment.  
 
Second, carbon isotopes have also proven to be decent proxies of several environmental parameters. 
Δ13Cc is primarily a function of the dissolved inorganic carbon (DIC)-δ13C in seawater [Epstein et al., 
1953]. On geological time-scales δ13Cc signatures are controlled by changes in carbon sources and 
sinks (e.g. volcanic outgassing, chemical weathering of continental rocks). On short time-scales δ13C 
are more regionally controlled by productivity and the mixing of water masses.  

Physical fractionation during photosynthesis favours the incorporation of lighter 12C into the 
carbonate structure. Therefore, in surface waters with high primary and export production, 
phytoplankton can deplete the shallowest surface waters of 12C, resulting in a relatively high 
incorporation of 13C in planktic foraminifera. This effect is relatively less pronounced for oxygen 
isotopes, although corrections have to be applied on several species which are more susceptible to 
these and other vital effects like pH and light intensity [Shackleton, 1974].  

Furthermore, mixing of surface and deep water masses controls the exchange of elements in 
the water column. It is evident that when the level of mixing increases, ventilation of new oxygen to 
deeper water increases. The availability of oxygen controls degradation of organic matter. At times of 
higher ventilation, the δ13C ratio will decrease due to extensive release of 12C. Therefore the isotopic 
carbon composition of deep dwelling foraminifera will lighten at times of extensive organic matter 
degradation. This effect is then further enhanced at times of high surface water primary and export 
production, resulting in a greater contrast between planktic and benthic δ13C. Apart from that, when 
the level of mixing is higher, the downward flux of heavy 13C is higher.  

As a result from the above mentioned processes, considerable differences in δ13CDIC persist 
throughout the ocean its water masses. For example, modern deep ocean values vary from ~1,0‰ in 
the North Atlantic to -0.5‰ in the North Pacific. These differences result from basin-to-basin 
fractionation caused by a difference in source regions and deep water circulation patterns. 
Interbasinal δ13C fractionation occurs primarily because of differences in initial nutrient content due 
to the surface productivity and export. Furthermore deep water δ13CDIC evolves as a function of the 
amount of time the water has been isolated from the surface; a longer isolation allows more 
degradation of organic matter to occur without a resupply of carbon. The distinct δ13C characteristics 
of different deepwater masses can therefore also be used to reconstruct changes in deep water 
circulation patterns [Katz et al., 2010].  

Note that locally atmospheric CO2 concentrations also to some extend control the DIC 
composition of surface waters. 
 The extracted δ18O and δ13C ratios give a qualitative view of the mentioned environmental 
parameters. In order to provide quantitative estimates, empirical relationships have been established 
[Epstein, 1953] (see section 3.4). 
 
3.2.2. Mg/Ca paleothermometry 
It is clear that oxygen and carbon isotopes are no proxies for single environmental parameters. This 
introduces significant problems when applying proxies. For example, only if the ice volume and 
temperature at a certain time interval are known, the salinity component contained within the δ18Oc 
ratio can be reconstructed. Ice volume can be reconstructed by estimating the sea level at a certain 
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time relative to present and establishing a mass water balance equation. It is, unfortunately, 
impossible to reconstruct past sea level on high resolution, since subtle changes in sea level are not 
likely to be recorded. Therefore assumptions have to be made which introduce significant errors in 
the reconstruction of the other components. Moreover, undefined vital effects further increase the 
error margin. Proxies that record one specific parameter could help lowering this error margin. 

A temperature proxy that has been often used in the last decades is the trace elemental 
composition of the carbonate shell. Especially the incorporation of Magnesium (Mg2+) instead of 
Calcium (Ca2+) is presumably controlled by kinetic fractionation [Nurnberg, 1996]. Equation (2) 
explains the general relationship between temperature and Mg/Ca incorporation.  
 
Mg/Ca (mmol/mol) = a*e (b*T (°C))              (2) 
 
Several factors have to be taken into account when using Mg/Ca ratios to reconstruct temperature. 
Most of these factors also apply to other proxies regarding the tests of marine calcifying organisms 
like the stable isotopes. 

The first process that affects proxy applicability, are inter and intra specific differences in the 
formation of the carbonate shell [Lear et al., 2000]. Vital processes that control the formation of the 
carbonate shell can be very different for different species. Moreover, variability in Mg/Ca within 
different chambers from genetically identical specimens is also substantial [de Nooijer, comment]. 
The reason for this offset is not yet perfectly constrained. 

An often used method to deal with inter- and intra-specific differences is by measuring proxy 
variability in cultures of living foraminifera or sediment core-tops. These cultures consist of living, or 
recently died, specimens of existing species or species genetically similar to extinct species. Analysis 
of cultures and specimens in core-tops provides insights into these specific differences and allows the 
setup of temperature calibrations. Factors ‘a’ and ‘b’ in Eq. 2, for example, have different values for 
different species. The Mg/Ca calibrations used in this study are attached in section 3.4. Also, in order 
to correct for intraspecific differences several duplicates of one species are analyzed. 

A second process affecting magnesium incorporation, similar to oxygen isotopes, depends on 
the initial bulk Mg composition of the water. The oceanic residence time of minor elements is, 
however, relatively long (10 Myr for Mg and 1 Myr for Ca), resulting in constant Mg/Ca on timescales 
of less than 106 years [Broecker and Peng, 1982]. However, locally, Mg concentrations can be higher 
depending to the local salinity [Ferguson et al., 2008]. 

A third problem is preservation and contamination. Diagenetic processes, like 
recrystallization or regrowth, affect the carbonate structure after deposition and burial. Using tests 
affected by diagenesis can result in significant errors. Diagenetic affected specimens can be 
extensively pyritized and/ or yellow-tanned. A common way to prevent these errors is by a careful 
selection of specimens. Another way is to measure the variability of different chambers, since 
diagenesis tends to homogenize the carbonate shell [Lear et al., 2000]. The extend of diagenesis, 
nevertheless, highly depends on the depository system; sites with high clay-rich sedimentation 
appear to retain their original structures and geochemical signatures, presumably due to quick burial 
and low porosity [Pearson et al., 2001; Sexton et al., 2006]. Contamination errors can be prevented 
by careful selection and specific cleaning procedures.  

The last process that potentially hampers the applicability of Mg as a temperature proxy is 
the carbonate ion effect. Studies of trace element/Ca ratios in benthic foraminifera suggest that 
element partition coefficients (DM) decrease with decreasing calcite saturation state [McCorckle et 
al., 1995]. When the carbonate saturation state of the water lowers, trace elements are the first ones 
to dissolve from the carbonate shell. 
 
3.2.3. Clumped paleothermometry 
Another proxy that potentially serves as a paleothermometer is the ‘clumped’ isotope proxy. A 
review by Eiler in 2007 proposes the use of this new temperature proxy based on the state of 
ordering of rare isotopes in natural materials like carbonate. Clumped isotope paleothermometry is 
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based on the ratio Δ47. This ratio is a measure of the deviation in mass 47CO2, which predominantly 
consists of the rare ‘clumping’ of  13C18O16O, from the ratio expected if isotopes were randomly 
distributed (Eq. 1). Similar to the stable isotope proxy, a delta notation is used since the 
concentrations are too low to be measured as a percentage.  
 
Δ47 = (R47/R*47 – 1) * 1000 (‰)               (1) 
 
R47 is the ratio of mass 47 to mass 44 CO2 measured in the sample and R*47 is the ratio of mass 47 to 
mass 44 CO2 expected in the sample if all isotopes of O and C were randomly distributed among the 
different isotopologues, different isotopes of CO2, defined as the ‘stochastic’ distribution. The CO2 
used to measure Δ47 is produced by acid digestion of a carbonate mineral, which is similar to 
extraction of the stable isotopic signal.  

Eiler, 2007, states that as temperature of carbonate formation decreases the Δ47 increases. 
This is because the zero-point energy differences between isotopologues of the carbonate ion result 
in multiply-substituted isotopologues being more stable (lower zero-point energy) than 
isotopologues with zero or one heavy isotope (higher zero-point energy). At high temperatures, the 
competing effect of entropy promotes disorder in the system and a random distribution of 
isotopologues. Therefore at low temperature, carbonate mineral have more doubly-substituted 
isotopologues than would be expected if all isotopes were randomly distributed among the 
isotopologues (Eq. 2). 
 

    
           

  
        (With T in °K)                                   (2) 

 
Note that the clumping of heavy isotopes occurs within the carbonate crystal. In contrast to stable 
isotopes, clumped isotopes are thus not influenced by global (and local) isotopic differences in the 
water surrounding the calcifying organism. Temperature reconstructions are thus also less likely to 
be affected by intra and interspecific differences. 

Still, processes like diagenesis could again significantly affect the temperature reconstruction. 
If the carbonate test recrystallizes after burial, the newly formed carbonate no longer contains the 
initial temperature signal. Thus similar to Mg/Ca, the carbonate ion saturation at the site potentially 
affects the value of the proxy. The extent to which the described processes affect the applicability of 
both the Mg/Ca and the clumped temperature proxy is discussed in section 6.2. 
 
3.2.4. Grain size and magnetic susceptibility 
Two additional proxies used in this study are magnetic susceptibility and grain size. Magnetic 
susceptibility is a measure of the amount of ferromagnetic grains present in the sediment. This 
amount depends on the continental character of the grains.  
 Grain size provides an additional indication for the dominant sedimentation process. 
Although, pelagic ‘background’ sedimentation is dominated by small grains (~38µm), vigorous 
sedimentation is likely dominated by coarser grains (~150µm). The next section continues with a 
description of the sampling and proxy recovery.  
 

3.3. Sampling and proxy recovery 
 
Cores have been sampled every 2 cm. Samples have been weighed and freeze-dried prior to 
measurement of magnetic susceptibility. Magnetic susceptibility has been measured with the 
Kappabridge KLY-3 at Fort Hoofddijk at Utrecht University.  

Samples have been washed, sieved and weighed for the >150, >63 and >38 µm fractions. 
Samples have been dry-sieved for the >212 µm fraction in order to obtain the specific foraminifera 
specimens (and sizes) suitable for further analysis. Since not one single species is present in great 
abundance throughout the whole record four species, which show significant abundance throughout 
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the record (Appendix I), have been selected for this purpose; Uvigerina mediterranea, Hoeglundina 
elegans, Cibicides pachyderma and Pyrgo spp (Fig. 10).  

Stable isotopes have been measured on 30 specimens of the planktic G. bulloides and 5 
specimens of the benthic U. mediterranea. At least, respectively, 15 and 1 specimens have been 
selected in samples that did not reach this abundance. Duplicates of U. mediterranea have been 
measured in order to estimate intraspecific variability. Specimens have been washed with an ethanol 
solution in an ultrasonic bath in order to remove impurities. Samples have then been crushed and 
dried at 40°C overnight. Dried samples have been weighed prior to mass spectrometry. Stable 
isotopic values have been extracted with an automated carbonate reaction device Kiel III coupled to 
a Thermo-Finnigan MAT253 at Utrecht University. Each sample reacted with 103% phosphoric acid 
(H3PO4) for 7 min at 70°C. Calibration to the international carbonate standard NBS-19 and in-house 
standard NAXOS revealed an analytical precision better than 0.05‰ and 0.08‰ for δ13C and δ18O, 
respectively.  
 Mg/Ca ratios have been measured in U. 
mediterranea, C. pachyderma, Pyrgo spp. and 
Hoeglundina elegans. For Mg/Ca recovery 300µg 
has been collected per sample from the dry-
sieved >212 µm fraction. Mg/Ca samples have 
been crushed and transferred to a 500 µl 
Eppendorf. Samples have been cleaned 
according to Cambridge protocol [Barker et al., 
2003] with a few adjustments.  

First, a single specimen from every 
species has been laser ablated with and without 
adaptation of the cleaning procedure to evaluate 
to what extend Mn-coatings could be removed; 
foraminiferal shells from sediments often contain 
a Mn/Mg oxide-rich coating formed if Mn2+ has 
been mobilized during anoxic breakdown of 
organic matter deeper in the sediment column. 
The contribution of Mg from coatings to the corresponding Mg/Ca ratio is about 1% [Barker, 2003]. 

Next, clay and organic removal steps have been performed in a non-acid leached Eppendorf. 
Furthermore the organic removal step has been performed using H2O2 instead of NaOH in order to 
possibly recover Na/Ca ratios. Samples have been transferred to an acid cleaned Eppendorf prior to 
the dilute acid leach step. Samples have been cleaned of clay particles with UHQ with three instead 
of four repetitions. Samples have been rinsed with methanol once instead of twice. Samples have 
been ultrasonicated once more after removing the overlying methanol. The quality of the remaining 
material has been evaluated with a microscope. If coarse silicate grains were observed, the 
remaining material was transferred to a glass plate in order to remove the grains. Mg, Mn, Al, Fe, Na 
and Ca concentrations have been measured in the dissolved samples with the Thermo Scientific 
Element-2 at the NIOZ on Texel. Analytical precision for the Mg/Ca measurements is 0.9%. Fe/Mg 
and Al/Ca ratios have been measured in order to indicate silicate contamination. Fe/Mg and Al/Ca 
values above respectively 0,1 mmol/mol and 40µmol/mol have been removed [Barker et al., 2003]. 
 In order to apply clumped paleothermometry, 2mg of carbonate is required per sample. 
Clumped temperature has thus been inferred using stacks of samples. Specimens have been 
specifically collected within the four intervals of interest and measured in 200μg aliquots [after 
Schmid and Bernasconi, 2010]. 
 

3.4. Bottom water salinity estimation 
 
In order to estimate bottom water salinity, empirical relationships have been used which are based 
on core-top and culture calibrations. The measured Mg/Ca ratios have been used to derive bottom 

Figure 10: Benthic species used in this study from top left to 
bottom right: C. pachydera, H. elegans, U. mediterranea, 
Pyrgo spp. Laser ablation holes are visible in the last two, 
scale 1cm = 300 µm 
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water temperatures using Eq. 2 (section 3.2.2). Note that the ‘a’ and ‘b’ factors vary for different 
species (Table 1). 

Next, δ18Osw (sea water) is derived by correcting for temperature (Eq. 3) [Shackleton, 1974]. 
This equation is capable of reconstructing temperatures lower than 16.9 °C. The 0.27 factor is 
required to transfer δ18Oc from the PDB (PeeDeeBelemnite) scale to the SMOW (Standard Mean 
Ocean Water) scale.  
 
T (°C) = 16.9 – 4.0 (δ18Oc – (δ18Osw – 0.27))             (3) 
 
Table 1: Mg/Ca calibrations used in this study 

Species a b Source 

Cibicides spp. 0,90 ± 0,037 0,11 ± 0,003 Elderfield et al., 2006 

Uvigerina spp. 0,94 ± 0,044 0,053 ± 0,004 Elderfield et al., 2006 

H. elegans 0,21 0,23 Cappelli et al., unpublished 

Pyrgo spp.  5,5 0,16 De Wit et al., 2012 

 
Third, δ18Osw values have been corrected for ice volume [Waelbroeck et al., 2002]. The resulting ice 
volume free δ18Oivf-sw value reflects changes in salinity. Using a salinity relationship established for the 
Mediterranean Sea (Eq. 4) δ18Oivf-sw is translated into paleo-salinity [Pierre, 1999]. 
 
δ18Oivf-sw = 0.27*S – 8.9                (4) 
 
Equations 3 and 4 have been evaluated using the recent salinity at site U1390 which is roughly ~36 
‰ [IODP Proceedings, 2013]. Using core-top δ18Oc data, a temperature of 11.5 °C has been derived 
which is quite similar to the site temperature of ~12.5 °C [IODP Proceedings, 2013]. 
 

3.5. Age model 
 
Fifteen 14C dates extracted from planktonic 
foraminifera [Ducassou et al., unpublished] have 
been used to establish an age model (Fig. 11) 
using Calib 6.0.1 [Stuiver et al., 2010]. The 14C 
dates have been corrected for a reservoir age of 
400 yrs. No specimens of Neogloboquadrina  
pachyderma (sinistral) have been encountered, 
although this species has been repeatedly used 
to indicate cold climate transitions (e.g. H1, YD) 
in the Gulf of Cadiz [e.g. Voelker et al., 2006; 
Toucanne et al., 2006]. Tuning of both the 
δ18Oplankton (G. bulloides) to the GISP2 record 
[Grootes et al., 1999] and the δ18Obenthos (U. 
mediterranea) to the LR04 stack [Lysiecki and 
Raymo, 2004] indicated that no further 
adjustments of the age model were required (Fig. 
12). 
  

Figure 11: Age model constructed using fifteen 
14

C dates 
extracted from planktonic foraminifera [Ducassou et al., 
unpublished]. Depths are in meters composite depth 
scale.  
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4. Modern hydrography 
 

At present MOW is a warm (13°C) and saline (38‰) [Bryden and Stommel, 1982] fed by two varying 
deep water masses; the Levantine Intermediate Water (LIW) and Western Mediterranean Deep 
Water (WMDW) (Fig. 12). LIW is formed in the eastern Mediterranean basin, and flows across the 
Strait of Sicily into the western basin [LaFuente et al., 2007]. WMDW is formed in the Gulf of Lions in 
the western Mediterranean and occupies the bottom layer of the MOW contributing to an estimated 
10% [Kinder and Parilla, 1987; Tomczak and Godfrey, 1994] of the total 1 Sv outflow volume [Bryden 
and Stommel, 1984]. Both water masses are formed in winter when cold dry air from the European 
continent induce surface water cooling and deep convection in the Gulf of Lions (for WMDW), in the 
southern Adriatic Sea, in the Southern Aegean Sea, and in the Levantine Basin between Rhodos and 
Cyprus (for LIW) [Candela, 2001]. Fluctuations in the physical characteristics and volume of the MOW 
result from the interannual to decadal variability in both water masses [Candela, 2001; Astraldi et al., 
2002].  
 As the MOW enters the Atlantic Ocean through the Strait of Gibraltar it sinks down due to its 
high density and entrains the North Atlantic Central Water (NACW). This results in an increase in 
transport volume up to 2.00 ms-1 [Kinder and Bryden, 1987] and decrease in density; forming a new 
watermass; the Mediterranean undercurrent [Ambar and Howe, 1979; Baringer and Price, 1997]. 
Due to its modification after entering the Atlantic Ocean, the MOW’s hydrodynamic and energetic 
behavior is affected which results in lateral spreading [Baringer and Price, 1997]. Possibly along with 
the variable bathymetry, the MOW splits into two stability levels: an upper core with an initial flow 
speed of 1.00 ms-1, roughly centered between 500 and 800 meter, Mediterranean Upper water (MU), 
and a more saline and denser lower core between 1000 and 1400 meter with a flow speed of 0.05-
0.01 ms-1, called the Mediterranean Lower water (ML) (Fig. 12) [Ambar et al., 2002]. The lower core is 
mainly fed by WMDW, and the upper core by LIW. Since the studied site is situated at a depth of 
993.4 meters below sea level, the study is likely to reflect only changes in the composition of the ML.  

At large depth, the MOW locally loses contact with the seafloor in places and spreads over 
the NADW, before continuing westward and northward into the North Atlantic [Iorga and Lozier, 
1999]. The high density and speed of both core currents results in erosion of the seafloor sediments 
lateral to the strike of the continental slope. This erosion shapes the seafloor in the Gulf of Cadiz and 
induces the formation of contourites and sheeted sediment drift bodies, like the Faro Drift south of 
Faro [Faugèers et al., 1984; Habgood et al., 2003].  

The drift sediment bodies and the average grain-size of sea floor sediments mirror the 
variability of MOW hydraulic energy [Mulder et al., 2003]. Previous studies suggest that vertical 
variations of average grain-size in individual contourite beds are records of bottom-current variations 
[Voelker et al., 2006]. Consequently coarse-grained contourites are interpreted as deposits of 
increased MOW velocity [Voelker et al., 2006]. Note that the variability in the flow path of the MOW 
will result in periods of high and low sedimentation. Moreover, discharge from the Guadalquivir and 
Guadiana deltas could significantly influence the sedimentation at the site [Kaboth, comment]. An 
increase in continental discharge is likely recorded in a similar way as an increase in MOW intensity 
by both flow strength proxies. 

Although the MOW experiences entrainment of NACW, it maintains a relatively high salinity 
and temperature, traceable into the open Atlantic and northward along the European continental 
margin where it, as already mentioned, mixes with both North Atlantic gyres (Fig. 8). 
 The NACW at a water depth between 100 and 500 meter has two source regions: a warmer 
and more saline subtropical (st) NACW is formed in winter along the Azores front at 35-36°N and a 
subpolar (sp) NACW by winter cooling in the eastern North Atlantic north of 46°N [McCartney and 
Talley, 1982]. NACWst flows eastwards towards the Iberian margin and forms a poleward subsurface 
current along the Portugues margin [Haynes and Barton, 1990]. Underneath the NACWst the 
NACWsp can move as far south as 30-35°N [McCartney and Talley, 1982]. As both subsurface 
currents are formed close-by, oxygen draw down related to water mass aging or high organic matter 
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fluxes in the upwelling zones off western Iberia and Morocco is relatively small and no oxygen 
minimum zone persists in the Gulf of Cadiz [Locarnini et al., 2002]. In winter, the surface water in the 
Gulf of Cadiz consists of subtropical water derived from the Azores Current [Peliz et al., 2005]. The 
main surface water current, however, follows the northern coastline and transports water from the 
Portugal Current into the Mediterranean where it balances the volume lost by the outflow. Volumes 
of inflow are higher than outflow due to a lower salinity of the Portugal Current (~36‰). 

  

 

  

Figure 12: left: modern hydrography of the Gulf of Cadiz with incoming surface waters from the South (Azores Current) 
and the North (NACWst and NACWsp) [adapted from Hernández-Molina et al., 2006]. Right: origin of the MU and ML,  
respectively LIW and WMDW [Cacho et al. 2005] 
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5. Results 

5.1. Stable isotopes 
 

 
Figure 13: Paleoclimate records of core ODP1390 from the Gulf of Cadiz in comparison with the LR04-stack (purple) and 
the GISP2 record (black). The benthic δ

18
O record is based on U. mediterranea (red). The planktic δ

18
O record is based on 

G. bulloides (light blue). H1, YD and S1 are indicated in light grey.  

Figure 13 shows both the benthic and planktic oxygen records plotted with the GISP2 record and 
LR04 stack. Note that duplicates of U. mediterranea indicated no significant intraspecific variability. 
Both planktic G. bulloides and benthic U. mediterranea records show a clear transition to significant 
lighter δ18O values, of respectively 3‰ and 2.5‰ across the last termination. The planktic δ18O 
records show a millennial scale variability of 1‰ in the Glacial compared to a variability of 0.5‰ in 
the Holocene. The termination initiates with a minimum in δ18O which is closely tied to the 
occurrence of H1. The associated drop in benthic δ18O is roughly halved with respect to the planktic 
signal. Moreover, the benthic community shows a shift from abundance in U. mediterranea in the 
Holocene towards Pyrgo spp. in the glacial [Appendix I]. Benthic δ18O decreases simultaneous with 
the deposition of S1 in the Eastern Mediterranean. Also a rapid excursion of planktic δ18O is observed 
at the start of S1. Furthermore a slight increase in planktic δ18O occurs closely tied to the northern 
Bølling warming. 
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Figure 14 shows the benthic and planktic δ13C records together with magnetic susceptibility 
and the silt/clay ratio. Note that both δ13C records show large scatter. Nevertheless, across H1 a peak 
in δ13C of G. bulloides is observed. A minimal increase in silt sedimentation is observed in the same 
interval. Furthermore, a gradual rise in planktic δ13C is observed within the Holocene.  

The benthic δ13C moving average (5 steps) shows great scatter in the Glacial although a 
significant drop of 0.5‰ is observed at the start of S1 deposition; a moving average of 5-years is 
therefore added. The minimum in δ13C of U. mediterranea correlates well with the peak in the silt 
sedimentation. Moreover, the gradual drop and rise in both proxies is also simultaneous. Both 
records, however, also show intervals of less pronounced and not matching variability. Possibly, a 
less pronounced peak in silt sedimentation corresponds to the A/B warming event.  

Magnetic susceptibility values show an overall increasing trend over the last 20 kyrs. One 
significant peak appears to match the decrease in the δ18O of U. mediterranea across H1. 
 

 
Figure 14: Continued paleoclimate records of core ODP1390 from the Gulf of Cadiz.  The δ

13
C from G. bulloides is shown 

in green. δ
13

C from U. mediterranea (black) is plotted with a 5-sample-moving average (blue). Changes in grain size and 

sedimentation are revealed by the silt/clay ratio (orange) and magnetic susceptibility (brown). 
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5.2. Bottom water temperature and salinity 
 

Measured Mg/Ca ratios of U. mediterranea and C. pachyderma are strikingly similar, ranging from, 
respectively, 0.8-2.5 and 1.0-2.5mmol/mol. H. elegans covers a similar range from 0.6-1.2mmol/mol 
(not shown). Unfortunately, due to equipment failure, only 75% of the Mg/Ca ratios of Pyrgo spp. has 
been recovered. Mg/Ca estimated in this species covers a much broader range from 70-95mmol/mol. 

The derived bottom water temperatures (Fig. 15) show a quite consistent pattern. Although 
there is no deep water temperature trend over the glacial to interglacial transition, there are two 
pronounced drops in temperature across H1 and S1. Averaged temperatures indicate another drop in 
temperature synchronous with the cold YD in the Greenland ice record. 

U. mediterranea temperatures are more scattered than H. elegans and C. pachyderma. 
Temperatures extracted from Pyrgo spp. are almost doubled with respect to the other species [Fig. 
19]. The applicability of Pyrgo spp. (and the other benthics) is discussed in section 6.1.  

Temperatures extracted using clumped isotopes show a doubled standard deviation with 
respect to the Mg/Ca temperature estimates. Furthermore, Holocene samples reveal substantially 
different temperatures using both paleothermometers. 

In order to measure the δ18Osw a composite deep water temperature moving average (Fig. 
15) has been used including all species but Pyrgo spp. The standard deviation for the composite is 
roughly 0.5°C based on the standard deviations in the measured duplicates. δ18Oivf-sw values increase 
towards the glacial (Fig. 16) implying a higher salinity in the glacial (Fig. 17). In the next chapter the 
presented results are further evaluated and discussed.  

 

 
 

Figure 15: Bottom water temperatures at ODP1390. Top: averages for 6 time slices; Glacial, H1, A/B, YD, S1 and Holocene 

(see also Appendix 2). Note: Mg/Ca temperatures are presented in pink, clumped temperatures are presented in purple.  

Bottom: Mg/Ca derived temperatures of U. mediterranea (yellow), C. pachyderma (light blue), H. elegans (red) plotted 

with a 5-point moving average. 

i 
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Figure 16: Bottom water salinity determination. Δ
18

Oc from U. mediterranea (dark blue) is used to derive δ
18

Osw (green) 
with the averaged bottom water temperatures based on Mg/Ca ratios.  Subtracting the ice volume component (light 
blue) revealed the ice volume free component (red). High δ

18
Oivf-sw corresponds to increased salinities.  

6. Discussion 
 
The reconstructed bottom water temperature shows two pronounced drops across H1 and S1. The 
Holocene temperature average is, however, centred at 8°C. This is in dispute with the present 
bottom water temperature at the studied site (~13°C). An offset of 5°C appears consistent with 
reconstructions based on C. pachyderma in the Western Mediterranean [Cacho et al., 2006]. Inspired 
by Cacho et al. in 2006, reconstructed bottom water salinity with and without an addition of five 
degrees to the 5-point average temperatures (Fig. 15) is revealed in figure 17. Strikingly, the 
corrected salinity reconstruction indicates a Holocene salinity which is similar to the present salinity 
at the site (36‰). In the next section, the offset in the temperature record is investigated in order to 
assess the accuracy of the reconstruction. Only then, analysis and interpretation of events across the 
termination is possible [section 6.2]. 
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6.1. Problems involving the temperature reconstructions 
 

As emphasized in section 3.2, the trustworthy of temperature reconstructions is potentially 
hampered in several ways. In this section several of these processes [see section 3.2.2] are evaluated 
in order to assess the quality of the presented temperatures starting with the Mg/Ca estimates. 

6.1.1. Cleaning protocol 
The first problem that affects the Mg/Ca 
temperatures is inherent to the cleaning 
protocol itself. Reviews of benthic Mg/Ca 
calibrations [Martin et al., 2002; Elderfield et al., 
2006; Bryan and Marchitto, 2008] suggest that 
significant errors are incorporated into the 
measured ratios when slightly different cleaning 
protocols are applied. Although the cleaning 
protocol used in this study is most commonly 
used, some problems are still partly unresolved.  

According to Barker et al., 2003, both 
silicate minerals and Mn/Mg coatings could 
significantly affect the extracted Mg/Ca ratios. 

First, clay minerals which intrude the 
carbonate shell contain between 1 to 10% Mg 
by weight. In order to estimate the level of 
silicate contamination, as mentioned in the 
methodology section, one could analyse the 
covariance between Mg/Ca, Fe/Ca or Al/Ca 
down-core. According to Barker et al. in 2003 
Fe/Mg concentrations exceeding 0.1mmol/mol should always be removed. Al/Ca concentrations 
above 40µmol/mol also indicate significant amounts of silicate contamination. These ratios have 
been established based on G. bulloides [Barker et al., 2003] but seem to work well for U. 
mediterranea, H. elegans and Pyrgo spp; samples with Fe/Mg ratios larger than 0.1mmol/mol have 
been disregarded. Only for C. pachyderma, although all Al/Ca measurements are lower than 
40µmol/mol, Fe/Mg values are predominantly centred between a ratio of 0.1 and 0.2 mmol/mol 
[Appendix 2]. Nevertheless, laser ablation trails indicate that the cleaning protocol is capable of 
removing the silicate Mn coating. Since the temperature trend revealed by C. pachyderma is 
consistent to both U. mediterranea and H. elegans no samples have been disregarded for the 5-point 
moving average. 

Second, Mn and Mg-oxide coatings, which are formed when Mn or Mg is mobilized during 
anoxic breakdown of organic matter deeper in the sediment column, can contribute about 1% to the 
extracted Mg/Ca ratio. Only a reducing agent is capable of removing this coating. This reducing agent 
is, however, also corrosive to carbonate and causes partial dissolution. This reduction step in the 
protocol is therefore not applied. One percent contribution is however not enough for 5 degrees 
offset [Barker et al., 2003]. Recorded Mn/Ca concentrations in C. pachyderma and U. mediterranea 
are 100 times higher than in tests from the Alboran Sea bottom waters, although Fe/Ca ratios are of 
a similar magnitude [Cacho et al., 2006]. Nevertheless, no linear relationship between Mn/Ca and 
Mg/Ca has been revealed, suggesting no substantial Mg contamination.  

It is thus concluded that although the cleaning protocol might affect the reconstructed 
bottom water temperatures, it is not likely solely responsible for a 5 degrees offset. Since Sr/Ca ratios 
are less affected by contamination they have been suggested as a proxy for contamination 
[Rosenthal, 1997]. Unfortunately, Sr/Ca ratios have not been measured in this study. 

Figure 17: Bottom water salnities at site ODP1390. The 
corrected salinities (red, right) provide a better match to 
recent salinities.  
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Still, not all contamination can be removed with the cleaning protocol. According to 
Marchitto et al., 2007, the exponential relationships used for U. mediterranea and C. pachyderma are 
based on core-top specimens affected by diagenetic overgrowth. These core-tops were located on 
shallow marine carbonate platforms. At these sites, dissolution and recrystallization of metastable 
aragonite and high-Mg biogenic calcites occurs during the earliest stages of sedimentation [Hover et 
al., 2001]. In the oversaturated pore waters of the carbonate platforms, these processes can result in 
secondary precipitation of high-Mg and high-Sr coatings on foraminiferal tests, thereby changing the 
primary Mg and Sr composition toward higher values [Rosenthal, 1997]. Although diagenetic 
overgrowth has likely affected the applied calibrations (read: U. mediterranea and C. pachyderma), 
there is no indication of the magnitude. Note that additional diagenesis at the site is minimal 
considering the high preservation of carbonate under rapid clay sedimentation [Katz et al., 2010]. 

6.1.2. Calibrations 
The applicability of the Mg/Ca paleothermometer is also affected by the choice of a calibration. Core-
top and culture experiments fundamental in order to derive empirical relationships are all performed 
under a different set of environmental parameters. It is thus a priori questionable to what extent the 
applied calibrations match the environmental conditions at the studied site.  

Furthermore there are very few calibrations for individual genera. Several different 
calibrations for Cibicides spp. and Uvigerina spp exist based on specimens from the Little Bahama 
Banks (LBB) [e.g. Rosenthal et al., 1997; Martin et al., 2002; Lear et al., 2002; Marchitto et al., 2003]. 
It is questionable to what extent these calibrations are applicable on C. pachyderma and U. 
mediterranea. According to Elderfield et al. in 2006, calibrations using mixed species of a genus 
introduce significant errors when applied on individual genera. 

In the next paragraphs the four applied calibrations are further evaluated. Note that 
incorporation of Mg/Ca in benthic species is related to habitat. This section is therefore split up in an 
in and epifaunal subsection. 

Epifaunal species 
Although the temperature calibration applied on the epifaunal species C. pachyderma is possibly 
affected by diagenetic overgrowth, the estimates are very consistent with H. elegans. Furthermore, 
other calibrations for Cibicides spp. do not significantly alter this reconstruction [Martin et al., 2002; 
Lear et al., 2002; Elderfield et al., 2006; Cacho et al., 2006].  

Marchitto et al., 2007 provided a relationship for a temperature range of 5.8-18.6 °C based 
on overgrowth-free specimens applying the same cleaning protocol. Temperatures reconstructed 
with this calibration are shown in Fig. 18. 
 

 
Figure 18: Bottom water temperatures extracted from C. pachyderma. Unlike the Elderfield et al., 2006 calibration (blue), 
the Marchitto et al., 2007 calibration (red) provides negative temperature estimates. 

At present NADW in the Gulf of Cadiz has a salinity of 35.5‰ and temperature of approximately 
5.5°C [Criado-Aldeanueva et al., 2006]. If indeed MOW intensity drops across H1 and S1 
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temperatures are not likely reach values near freezing point. The Elderfield et al., calibration thus 
provides a better match to the NADW temperature range. If the calibration is, however, off by 5 
degrees, and NADW intruded the site during H1 and S1 with a similar temperature and salinity, the 
Marchitto et al., 2007 calibration might provide a better candidate. Nevertheless, on the whole, the 
offset between both records remains relatively minimal, so the Marchitto calibration is disregarded. 

Studies have also aimed on to evaluate the applicability of Mg/Ca thermometry in H. elegans. 
Rosenthal et al., 1997, finds that Mg content of H. elegans is about half of that found in calcitic 
species, which is similar to the findings in this study. This is caused by the aragonitic mineralogy 
which likely incorporates less Mg. A calibration set up by Reichart et al., 2010 provides a similar range 
of temperatures. The Rosenthal et al., 2006, calibration, however, indicates unrealistic temperatures 
of around -27°C, which has also been acknowledged by Fhlaithearta et al., 2010. It could be that the 
use of a reductive step in this study during the leaching phase preferentially removed high Mg phase 
from the more soluble aragonitic shells [Fhlaithearta et al., 2010]. 

Furthermore diagenetic contamination is minimal in H.elegans relative to calcitic species 
because of the test’s smooth and glassy surface [Boyle et al., 1995; Marchitto et al., 1998]. This is 
also concluded from the low Fe/Mg and Al/Ca concentrations in H. elegans. A problem involving H. 
elegans, however, is its high susceptibility to dissolution due to the fact that the aragonite 
compensation depth is relatively shallow. Apart from the fact that this explains the low abundance 
throughout the record, partial dissolution of carbonate and aragonite tests results in a lowering of 
the Mg/Ca ratio since the Mg-enriched carbonate dissolves preferentially [Brown and Elderfield, 
1996]. The used specimens, however, did not provide any indication of dissolution. 

Nevertheless, it is remarkable that the correlation between both species is so high. Although 
the temperature documented for the C. pachyderma calibration is centred around 13 degrees, the 
temperature range for H. elegans is documented at 3-8°C. Additional measurements on smaller 
samples of H. elegans might provide more insights into this interesting feature. 

Infaunal species 

As mentioned in section 5.2, temperatures 
extracted from Pyrgo spp. (Fig. 19 blue) have 
not been included in the 5-point moving 
average. The revealed temperatures do not 
show any correspondence to the general 
trend. 

According to de Wit et al., 2012, the 
temperature calibration for Pyrgo spp. covers 
a temperature range from 2.4-10.8°C. 
Furthermore, the Mg/Ca concentrations in 
their samples ranged from 7-50mmol/mol. 
There is thus a significant offset with the 
specimens used in this study ranging 70-
90mmol/mol Mg/Ca. It is therefore very 
likely that the calibration by Wit et al., 2012 
is not applicable on the studied site.  

A similar study by Toyofuku et al., in 
2000 on the miliolid species Quinqueloculina 
yabei proposes a relationship between 10-
24°C, which is closer to the temperature at 
the studied site. Extracted Mg/Ca ratios from 
cultured and sampled specimens ranged from 90-140mmol/mol. Bottom water temperatures 
reconstructed using this calibration fit better to the range suggested by the other species (Fig. 19 
green). This again proves that when applying calibrations established elsewhere, environmental 

Figure 19: Bottom water temperatures extracted from Pyrgo 
spp. using the de Wit et al. 2012 calibration (blue) and the 
Toyofuku, 2000 calibration (green) compared with the 5-point 
moving average derived from the three other benthic species. 
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conditions have to be similar. Unfortunately, this study lacks the data-points required to evaluate the 
use of Pyrgo spp. Mg/Ca as a temperature proxy across the Holocene due to equipment failure. 

Another reason for the great differences in Mg incorporation could be inherent to 
differences in size [Dueñas-Bohórquez et al., 2011]. Pyrgo spp. duplicate measurements do not 
indicate that size differences introduce significant deviations in Mg/Ca incorporation. There does 
appear to be a positive correlation between test size and Mn incorporation as emphasized by de Wit 
et al., 2012. Larger Pyrgo spp. specimens live deeper infaunal, where they calcify under elevated pore 
water Mn concentrations. Pyrgo species have also been documented to migrate vertically, from living 
epifaunal on the sediment surface to infaunal to depths of 3 cm [Linke and Lutze, 1993]. Possibly, 
larger specimens spend more time deeper in the sediment or small individuals calcify faster than 
large individuals [Sperro and Lea, 1993].  

The high scatter in U. mediterranea could thus very well be inherent to similar differences in 
infaunal habitat. This scatter is, however, mainly present in the warmer intervals, although larger 
specimens exist in both warm and cold intervals. There should thus be another process responsible 
for the scatter in temperature. 

The answer is again likely related to the habitat of the infaunal species. Carbon isotopes 
extracted from infaunal species have already been found unreliable [Cacho et al., 2006]. This 
statement is funded on a difference in carbon composition between the pore and bottom water. 
Both U. mediterranea and Pyrgo spp could reflect the Mg/Ca of both pore and bottom water during 
the both in and epifaunal stages of their life.  

Another process which presumably introduces an additional error involving infaunal species 
is the carbonate ion effect [section 3.2.2]. Pore waters come to rapid equilibration with calcium 
carbonate in shallow, approximately centimetres, depths within the sediment [Martin et al., 1996; 
Martin et al., 2006]. However, infaunal benthic foraminifera that calcify only from pore waters below 
the shallow subsurface zone live at zero [CO3

2-] are not expected to exhibit carbonate-ion saturation 
effect [Elderfield et al., 2006]. Nevertheless, it could be that smaller infaunal specimens incorporate a 
decreased carbonate ion effect which lowers the incorporated Mg/Ca concentration and therefore 
results in lower temperature estimation. Future Mg/Ca temperature reconstructions should thus 
select specimens of equal size.  

Note that the carbonate ion effect on the epifaunal species is expected to be minimal at the 
studied site. First, the effect is minimal at temperatures higher than 3 degrees [Elderfield et al., 
2006]. Furthermore, under saturated waters mainly exist in the Pacific while Atlantic waters are 
relatively oversaturated [Rosenthal et al., 1997]. Moreover, relatively high temperature and 
carbonate ion saturation (149µmol/kg) are documented for the WMDW in the west Alboran Sea, 
introducing a minimum sensitivity of the analysed Mg/Ca ratios to carbonate saturation [Cacho et al., 
2006; Bryan and Marchitto, 2008]. Since the site likely reflects the lower core of MOW, this 
concentration is expected to be comparable to this site. It is however, not yet clear what effect over-
saturated carbonate conditions have on Mg/Ca concentrations [Elderfield et al., 2006] 
 Another process affecting the applicability of Mg/Ca as a temperature proxy on both species 
is related to the high salinities of MOW. Higher salinities, however, should theoretically overestimate 
the extracted Mg/Ca and thereby temperatures [Ferguson et al., 2008] and can thus not explain the 
positive offset of 5 degrees. The next section briefly evaluates the value of the few presented 
clumped temperatures. 
 
6.2.3 Applicability of the clumped paleothermometer 
Although the clumped thermometer should theoretically supply similar temperatures for different 
species [Eiler, 2007] there is a significant offset between Pyrgo spp. and C. pachyderma and U. 
mediterranea (H. elegans has not yet been measured). Possible sources of uncertainty involving the 
reconstructed clumped temperatures might be the estimated calcification temperatures, species-
specific vital effects, pH variations between the seawater and the vacuole water of the species and 
possible kinetic effects at temperatures lower than 10°C [Grauel et al., 2013]. Apparently Pyrgo spp. 
is less applicable as a clumped temperature proxy related to some of these factors. Exclusion of the 
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Pyrgo spp. temperature estimates increases both the Holocene and Glacial temperature estimations 
by 1 degree to respectively 12.4 and 10°C. The remaining offset between glacial Mg/Ca and clumped 
temperature estimates could still be explained by the doubled deviation in the clumped 
reconstruction. 

Apparently, the measured aliquots are still too little to provide an accurate reconstruction, 
although C. pachyderma and U. mediterranea suggest a similar range of temperatures (Appendix II). 
The state-of-the-art calibration used in this study supposedly works well for benthic species from the 
Mediterranean [Grauel et al., 2013]. However, at the current state of development it is still necessary 
to integrate a large number of analyses to detect small-scale temperature changes. The fact that 
Mg/Ca measurements neither indicate a big temperature gradient between Holocene and Glacial 
proves this statement.  
 
Summing up, the applied calibrations likely introduce an error within the temperature 
reconstruction. It is, however, at this point, not possible to quantify the introduced error. The 
accuracy of the reconstructions potentially increases with calibrations more suitable for the 
temperature range at the studied site. 
 Furthermore, epifaunal species provide a more accurate temperature reconstruction than 
infaunal species due to the carbonate ion effect and differences between pore and bottom water 
chemistry related to the size of the specimens.  

Still, the presented temperature reconstruction (Fig. 16) is the best possible match with the 
current available calibrations. Moreover, the trend in temperatures across the termination is likely 
unaffected by the introduced error. In the next section the combination of proxy records is further 
analysed and discussed.  
 

6.2. Evolution of Mediterranean Outflow  
 
In this section the proxy records across the termination are discussed with respect to the evolution of 
the MOW and circulation in the Gulf of Cadiz. Starting with the transition from the LGM to the 
Holocene, the section further zooms in on the events revealed across S1 and H1 in order to evaluate 
the shallow source hypothesis [see chapter 2]. 
 
6.2.1. Across the termination 
 
Gulf of Cadiz 
Although temperature data reveals no glacial to interglacial trend, stable oxygen isotopes of both 
planktic and benthic species clearly indicate the last glacial termination. Furthermore both records 
time well with the GISP2 ice record and LR04 stack. The pronounced drop within both records across 
the termination is very similar to other records in the Gulf of Cadiz [Voelker et al., 2006, Toucanne et 
al., 2007].  

Also the stable carbon isotopes do not show a great difference between the LGM and the 
Holocene. Planktic δ13C does seem to be delayed with respect to δ18O in the Holocene. This could 
imply that surface environments stabilized only ~3 kyr after Greenland ice sheets stabilized. The 
control of the Greenland ice sheets on the Gulf of Cadiz upper waters is also reflected by the doubled 
glacial variability in planktic oxygen isotopes as emphasized in other studies [e.g. Mulder et al., 2002; 
Toucanne et al., 2007 Sierro et al., 2005 Cacho et al., 2006]. The polar front presumably exceeded far 
further south during the LGM. Millennial DO-like variability could have quickly forced surface water 
salinity and temperature to drop during melting phases, resulting in a more pronounced variation. 
This DO-like control on mid latitude environments has also been acknowledged by Cacho et al., 2006. 
 
The Outflow 
Sedimentation has been relatively constant across the termination but was more than doubled 
across the LGM [section 3.5]. This could imply that the MOW has been stronger across the LGM. 
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However, magnetic susceptibility measurements indicate that sedimentation increased towards the 
Holocene.  

On the other hand, bottom water reconstructions show that although temperatures are 
similar, salinity was slightly larger across the LGM. Applying the relationship between δ18Oivf-sw and 
salinity established by Pierre, 1999, this slight increase represents an increase in salinity of about 2‰ 
(Fig. 17). This increase is in agreement with other studies. Even when Mediterranean excess 
evaporation remained constant at present values during the LGM, the MOW volume would have 
reduced substantially due to the low sea level consequently enhancing Mediterranean salinity and 
therefore salinities of the WMDW and LIW [e.g. Rohling and Bryden, 1994].  
 
6.2.2. H1, AB and the YD 
 
Gulf of Cadiz 
Almost all records reveal a significant change across H1. It is remarkable that no abundant peaks of 
cold sinistral N. pachyderma have been encountered across the termination. Its morphology in this 
region is, however, suggested to be much smaller and different than the polar form [Toucanne, 
comment], which presumably makes it difficult to detect. Toucanne et al., 2007 encountered these 
polar species in IRD enriched samples and this way pinpointed H1 and YD. This finding supports the 
hypothesis that icebergs reached middle latitudes across both stadials [Kudrass, 1973]. Clearly the 
surges have been sufficient to affect the Gibraltar Exchange [Rogerson et al., 2008]. 

Across H1, a peak in surface δ13C might suggest an increased primary productivity. This 
increase in productivity can be forced by an increase in upwelling and thus nutrient availability, or 
increasing nutrient supply from the continent. Seasonal upwelling at present is relatively weak and 
only occurs in the northernmost Gulf of Cadiz [Schönfeld et al., 2002]. Furthermore, an increase in 
nutrient input by land should be reflected by an increase in grain size and/or an increase in magnetic 
susceptibility. The slight increase in ferromagnetic grains at the start of H1 could prove this increase 
in continental discharge. However, an increase in discharge is likely to further decrease the δ13C of 
the surface waters due to a generally light terrigenous δ13CDIC. On the other hand, it could also be 
that nutrient availability has been higher in the Gulf of Cadiz due to a different circulation during the 
cold stadials. 

Another explanation for an increase in δ13C across H1 might be inherent to the ice surge 
itself. Freshwater has a far lighter δ13C value than salt water [Akse, comment]. An increase in δ13C 
with a similar magnitude across the YD evidences this hypothesis. The presented data, however, does 
not allow a reconstruction of surface water temperatures or an estimation of paleoproductivity. It is, 
nevertheless, clear that a drastic change in surface water fauna occurred across H1 and the YD. 
Additional surface productivity proxies could provide new insights into this event. 
 
The Outflow 
Simultaneous with the presumable ice surge in the surface ocean, the deep sea witnessed a drop in 
temperature simultaneous with a decrease in salinity at the start of H1. This drop in salinity is 
synchronous with the drop in overturning reconstructed by McManus et al. in 2004 (Fig. 20). There 
are two possible scenarios that explain the drop in both temperature and salinity. 

First, if the path of the lower core was oriented in a similar way as in present times, data 
indicated that the density and thus the strength of the lower core reduced. Low densities in WMDW 
dominated the last part of H1 presumably related to the deglacial sea level rise, which enhanced 
Atlantic inflow and freshened the Mediterranean waters. Sub sequentially freshening of surface 
waters in the Alboran Sea could have been of such a magnitude that enhanced buoyancy resulted in 
inhibited deep water overturning during the cold, stadial part of H1. Consequently, the lower/dense 
core of the MOW in the Gulf of Cadiz reduced during H1 [Cacho et al., 2005, Voelker et al., 2006; 
Toucanne et al., 2007].  
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However, if the lower core of the MOW 
indeed freshened across H1 as observed, it is 
questioned whether it would still be present at 
the same depth. It is more likely that WMDW 
would then overlay the denser NADW. In this 
scenario, the NADW would be oriented at a 
depth of 1000 meters. This is expected to be 
revealed by the benthic δ13C. Additional δ13C 
measurements on epifaunal benthics could 
provide insights into this hypothesis. If this 
hypothesis is true, then at least the lower core of 
the MOW did not increasingly promote 
overturning across H1.  

Another explanation could be related to 
a change in the path of the lower core across H1. 
This hypothesis is also likely since sedimentation 
rate was reduced at this time [Fig. 11]. However, 
magnetic susceptibility suggests a slight increase in coarse sedimentation. A reconstruction of the 
flow path of the MOW across the termination could potentially solve this apparent contradiction. 

Across the transition from H1 to A/B, both salinity and temperature increased. This indicates 
that the lower core again regained its previous LGM strength; WMDW deep water formation 
presumably restored at this time. An increase in silt sedimentation, however, contradicts this 
hypothesis. Nevertheless, the silt/clay proxy is very qualitative and small excursions like the one at 
A/B might also be related to experimental errors. Sophisticated grain size analysis as performed by 
Voelker et al. in 2006 could improve the qualification of flow strength. The increase in salinity 
simultaneous with the increased overturning within the AB (Fig. 20) is slightly lower than the salinity 
across the LGM. If indeed MOW promoted a restart of AMOC across the H1 to AB transition a much 
higher magnitude of change would have been expected. 

Similar to H1, the lower core again appears to reduce across the YD revealed by both a 
decrease in salinity and temperature. This trend seems to continue across the deposition of S1 in the 
Eastern Mediterranean. The lower core of the MOW appears to be unable to restore across the 
transition from YD to S1. Note that the timing of the salinity (and temperature) excursions are quite 
synchronous with the documented events of both the millennial climate events in the Greenland ice 
core and the deposition of S1 in the Eastern Mediterranean. Apparently, climate change affected the 
circulation in the Mediterranean within a period of 1,000 years. 
 
6.2.3. S1 
Sapropel formation is presumably related to a stagnation of the water column in response to an 
intensified monsoon [Rossignol-Strick et al., 1982]. At times of S1 deposition, the surface waters of 
the Gulf of Cadiz remain relatively stable, although the rapid excursion in planktic δ18O could indicate 
an increase in discharge due to the enhanced monsoon in relation to a precession minimum. If this is 
true, the effect would, however, be expected to last for a longer period of time. 

As expected, deep sea proxies do indicate quite drastic changes. Even the highly variable 
benthic δ13C shows a significant decrease which tunes perfectly to an extreme increase in silt 
sedimentation. Furthermore, the decrease in salinity (6‰) is thrice as much as witnessed across H1, 
associated with a temperature decrease of similar magnitude.  

According to de Lange et al., in 2008, the whole eastern Mediterranean basin was 
predominantly oxygen-free below ∼1.8 km during basin-wide synchronous S1 formation. It is 
suggested that LIW formation substantially reduced or stopped during S1 deposition causing a 
substantial decrease in MOW. In this case, the contribution of the upper core of the MOW at the site 
might be more important than previously thought. A reduction in LIW could nevertheless also have 
reduced the formation of WMDW due to lateral entrainment along the deep Mediterranean 

Figure 20: Pa/Th as a proxy for overturning strength. The 
reduction in overturning across H1 correlates with the 
reduction in salinity (this study). The increase in overturning 
after H1 matches the increase in salinity across BA [adapted 
from McManus et al., 2004] 
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bathymetry. Still, it is remarkable that the decrease in salinity and temperature starts prior to 
sapropel formation. This might be explained by the reduced WMDW formation across the YD.  

The data nevertheless clearly reveals that not only across H1 and the YD but also across S1 
the lower core of MOW either reduced or experienced a deviating flow path. During these times, 
NADW likely intruded the studied site which could be indicated by the significant shift in benthic 
δ13C. Now that all records have been interpreted, the shallow source hypothesis is evaluated. 
 

6.3. Evaluation of the shallow source hypothesis 
 

Penaud et al., 2011 states that the MOW 
could be the trigger switching between 
stadial and interstadial modes of AMOC. The 
data presented here does not validate this 
hypothesis.  

The presented data, however, 
primary reflects changes in the lower core. It 
might be that the upper core was more 
intense across the termination or that both 
cores changed their flow paths. The deep sea 
salinity record of the Alboran Sea indicates 
that WMDW reduced across H1 prolonging 
across the YD (Fig. 21). Moreover, according 
to Voelker et al., 2006, the WMDW was the 
major source of MOW during the last glacial. 
This does indicate that the lower core indeed decreased in strength across both cold stadials. 

Nevertheless, the increased salinity of the MOW during the LGM (+2‰) is expected and 
stated to have affected the outflow and thus the export of salt to the North Atlantic.  

As mentioned in chapter 2, across the cold LGM, the sea level was 120 meters lower than 
today [Fairbanks, 1989] lowering the exchange of water through the strait of Gibraltar. Combined 
with a high buoyancy loss in the northwest Mediterranean [Hayes et al., 2005; Kuhlemann et al., 
2008] deep water in the Mediterranean substantially increased in salinity [Rogerson et al., 2005]. At 
these times the MOW settled at a much greater depth than today [Rogerson et al., 2006; Voelker et 
al., 2006]. Proxy data implies that the plume even reached down to about 2,600m during H1 [Skinner 
and Elderfield, 2007]. The inferred salt discharge into the North Atlantic in response to the sea level 
increase from 17.5 to 14.5 ka B.P. would have provided an important preconditioning for abrupt 
resumption of intermediate and deep overturning around 14.6 ka [Gherardi et al., 2005]. Moreover, 
the abrupt shoaling of the MOW plume to its present depth range around 15.0-14.5 ka B.P. would 
likely have reversed the potential density relationship between Glacial North Atlantic and Antarctic 
Intermediate Waters, which is considered critical for a resumption of MOC [Rickaby and Elderfield, 
2005]. 
  The clear contradiction with the presented data might again be explained by the upper core 
of the MOW. It might be that the upper core of the MOW increased in strength after H1 [Voelker et 
al., 2006]. According to Voelker et al., 2006, a southward intrusion of subtropical gyre in response to 
southward movement of the polar front during H1 resulted in input of saline water into the 
Mediterranean, which removed the freshwater cap in response to H1. This resulted in a restart of 
WMDW formation. Sub sequentially a stronger MOW left the Mediterranean Sea and delivered its 
low buoyancy water to the north restoring the AMOC across the termination. Higher salinity 
measured at this time in the North Atlantic evidences this hypothesis [Rickaby and Elderfield, 2005]. 
 A similar approach as performed in this study but then involving the lower core of the MOW 
across the same interval might shed new light on these contradictions and thus on the control of 
MOW on overturning. It is nevertheless clear that the cause of MOW variability is inherent to both 

Figure 21: Deep water salinity and ventilation in the western 
Alboran Sea indicating a decrease in salinity induced by a 
decrease in deep water formation across H1 (grey interval) 
[adapted from Cacho et al., 2005] 
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the sea level of the Strait of Gibraltar and the extent of deep water formation in the Mediterranean 
Sea. 

The presented data does not indicate that MOW increased over the termination and acted as 
a salt source to reinitiate the AMOC. Whether or not the upper core acted as the responsible 
feedback mechanism remains unresolved. Other oceanic feedbacks could be more important. For 
instance it might be more likely that salty waters accumulated in the Caribbean during cold periods 
could reach the North Atlantic during the termination [see chapter 2]. 
 

6.4. Outlook 
 
The previous section emphasizes that further research should find a way to infer changes in both the 
upper and the lower core of outflow. It should also aim to reconstruct the flow path of the MOW 
across glacial to interglacial transitions. Furthermore independent surface proxies are needed to infer 
the influence of the Iberian deltas at the site. This way quantitative reconstructions of past flow 
dynamics in the Gulf of Cadiz become available. It might then even be possible to initiate a model 
study in the Gulf of Cadiz to see what happens to the bathymetry across glacial to interglacial 
transitions. Inspired by Schönfeld, 1997, one could even try to gain insights into the flow dynamics 
based on a reconstruction of the benthic community.  

Regarding the applicability of both the clumped and the Mg/Ca paloethermometer, 
additional clumped measurements across S1 and H1 are underway. These could provide additional 
proof for the negative excursions in temperature revealed by the Mg/Ca estimates and could provide 
insights into the applicability of the proxy as a temperature indicator.  

Unfortunately, Mg/Ca calibrations are still subject to much uncertainty. Improving the 
calibrations and identifying and solving the offset in temperatures should be a primary aim in further 
studies. These studies should mainly focus on epibenthic species of similar size. Moreover, Sr/Ca 
should be measured in order to gain a secondary estimation of contamination levels. Filling in the 
gaps in the temperature reconstructions with additional H. elegans specimens could provide insight 
into the best applicable benthic species.  

In relation to the outflow, insights into surface circulation in the Gulf of Cadiz are also helpful. 
Valuable additional analysis for this area could be surface temperature productivity and temperature 
reconstructions in order to validate freshwater input during stadials and in order to better reveal DO-
cyclicity. 
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7. Conclusion 
 
This study aimed to reconstruct the hydrographic properties of the Mediterranean Outflow across 
the last glacial termination in order to validate the proposed control of the MOW on restarting 
AMOC across stadial to interstadial transitions. 

Reconstructed bottom water temperature and salinity do not indicate that the lower core of 
the MOW has promoted overturning across the last termination. It is more likely that the lower core 
repeatedly reduced or even shut down. Furthermore, the lower core is concluded to be relatively 
stable during glacial and interglacial times. Data suggests a reduction of the lower core across H1 and 
YD due to intrusion of the freshwater surges into the Gulf of Cadiz and the Alboran Sea. The 
presumably shutdown of the lower core across S1 is likely induced by stagnation of the water column 
in the Eastern Mediterranean. 

Although salinities at the studied site are slightly higher across the LGM (+2‰) the increase 
in density of the lower MOW core after sea level rise across H1 was not substantial enough to 
promote overturning. Further studies can validate these conclusions through a reconstruction of 
both the upper and lower core across the termination. An increase in sea level in response to the 
glacial termination might have predominately increased the strength of the upper core. Further 
studies should also aim on reconstructing the flow path of the MOW across the transition. Moreover, 
the influence of the Iberian river systems on sedimentation in the Gulf of Cadiz has to be better 
constrained. 

Regarding the applicability of the temperature proxies it is first concluded that both the 
Mg/Ca and the clumped paleothermometer still incorporate significant error margins which hamper 
the bottom water salinity estimation. In view of the Mg/Ca applicability, the 5 degrees offset might 
be prevented by using only epifaunal benthics and specimens of similar size. Moreover core-top 
calibrations or culture calibrations with a similar set of environmental parameters should increase 
the accuracy of the measurements. 

In view of the clumped paleothermometry there appears to be an unexpected offset 
between different benthics. Culture calibrations could highlight the origin of this offset. At the 
moment, the standard deviation still prevents an accurate reconstruction. 
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Appendices 
 

 
Appendix I: Benthic abundances: yellow: U. mediterranea, red: C. pachyderma, green: H. elegans, purple: Pyrgo spp.  

 

Mg/Ca AVG STD Samples Clumped AVG STD Aliquots 

Holocene 8.3 2.6 32 Holocene 8.8 5.5 30 

S1 4.2 2.6 11 S1 6.7 4.5 11 

YD 4.3 0.9 3 YD x x x 

A/B 7.2 2.5 9 A/B x x x 

H1 3.2 1.0 8 H1 9.2 3.8 6 

Glacial 6.7 1.7 21 Glacial 11.4 5.6 19 
Appendix II: Paleo-temperatures (average and standard deviation) of six time slices across the last termination. Mg/Ca is 
measured on samples of 300μg and clumped isotopic composition on aliquots of 200 μg 
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Appendix III: Fe/Mg values from analysed species. These figures include values (red) that have been removed from BWT 
reconstructions. Negative values are caused by errors with blanks.  

 
Appendix IV: Al/Ca values from analysed species. Similar to Fe/Mg these plots contain values removed prior to BWT 
reconstruction. The negative values for Al/Ca in U. mediterranea are also caused by blanco induced errors. 
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